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Abstract
In this note, we present the first Sentinel-1 synthetic aperture radar (SAR) typhoon image acquired in the
northwest Pacific on October 4, 2014. The eye shape and sea surface wind patterns associated with Typhoon
Phanfone are clearly shown in the high-quality SAR image. SAR winds retrieval procedure was given but
the actual wind estimates will only be available after the European Space Agency (ESA) releases the official
calibration coefficients in order to accurately derive the SAR-measured normalized radar cross section. This
study demonstrates the advantage of Sentinel-1 SAR with regards to imaging fine scale typhoon patterns on
the sea surface beneath storm clouds. This paper also advocates the use of Sentinel-1 SAR data that is made
freely and openly available worldwide for the first time in civilian SAR history.
Key words: SAR, Sentinel-1, MODIS, typhoon, sea surface wind
Citation: Li Xiaofeng. 2015. The first Sentinel-1 SAR image of a typhoon. Acta Oceanologica Sinica, 34(1): 1–2, doi: 10.1007/s13131015-0589-8

On April 3, 2014, the European Space Agency (ESA) launched
Sentinel-1A synthetic aperture radar (SAR) satellite. Sentinel-1 is a constellation mission of two satellites with 1B to be
launched in 2018. Sentinel-1 carries a C-band SAR and provides
continuity of SAR data from earlier ESA's ERS-1/2 and Envisat
missions for oceans and ice, land changes and emergency responses applications. For the first time in civilian SAR history,
the Sentinel-1 SAR data are made freely and openly available
to users worldwide through ESA's Sentinel-1 internet data hub
(https://scihub.esa.int/).
Ever since the first generation of meteorological satellites in
the 1960's, Atlantic tropical hurricanes and their Pacific counterpart typhoons have been monitored from conventional
weather-satellite sensors with passive remote-sensing instruments. Many media sources have published striking pictures
of the cloud-top structures of tropical cyclones at kilometer
spatial resolution. Since the launch of the first spaceborne
SAR onboard SEASAT in 1978, tropical cyclones have also been
observed with SAR, which penetrates clouds with active microwave radar. SAR measures the variation in normalized radar cross section (NRCS) in dB from the wind-roughened sea
surface. As a result, a SAR image shows the imprint of various
types of phenomena in the marine atmospheric boundary layer
including atmospheric gravity waves (Zheng et al., 1998; Chunchuzov et al., 2000; Li et al., 2004, 2011), vortex streets (Li et al.,
2000, 2008), coastal katabatic winds (Alpers et al., 1998; Li et
al., 2007), boundary layer rolls (Alpers and Brummer, 1994; Li,
Zheng et al., 2013), hurricanes (Friedman and Li, 2000; Li et al.,
2002), among others. In addition, Li, Zhang et al. (2013) systematically studied sea surface imprints of 83 SAR tropical cyclone
images showing features such as eye structure, meso-vortices,
rain bands, arc clouds, as well as rarities such as high winds
within an eye.
On October 4, 2014, Sentinel-1A acquired the first SAR typhoon image over Typhoon Phanfone in the northwest Pacific.

In Fig. 1, the SAR image was overlaid on a MODIS (the Moderate
Resolution Imaging Spectroradiometer) aqua true color image,
acquired on the same day, which shows a synoptic view of the
spiral cloud system associated with Typhoon Phanfone. The
SAR coverage is bounded by the blue box in the center of the
figure. SAR measurements could be processed to ocean surface
wind field using the existing C-band geophysical model function for single-polarization (Hersbach et al., 2007; Yang et al.,
2011) and multiple-polarization SAR data (Zhang and Perrie,
2012; Zhang et al., 2014). Since SAR instruments have only one
view angle, the ocean surface wind retrieval from SAR requires
an independent wind direction input. Figure 2 (a zoomed image bounded by the blue box in Fig. 1) is the SAR-derived ocean
surface wind image. The color scale represents the derived wind
speed from Sentinel-1 SAR image with wind direction from National Oceanic and Atmospheric Administration (NOAA) Global
Forecast System (GFS) model matched closest in time with the
SAR image acquisition (21:17 UTC). The white arrows within the
color-coded SAR wind image represent the GFS model wind directions. At the time this SAR image was processed, ESA had not
released the official NRCS calibration coefficients. Therefore,
the SAR wind image actually shows the relative wind speed in
the area. Nevertheless, a circular low wind typhoon eye is seen
clearly. Wind shadows from the southwestern tip of Japan are
also shown as low-wind blue strips in the upper middle of the
SAR image. As the time of the SAR image was taken, the center
of Typhoon Phanfone located at about 28.30°N, 131.25°E and
about 950 km from Shanghai. Typhoon Phanfone's track, which
was represented by the small red stars with actual wind speeds
labeled next to them, is overlaid in Fig. 1. At the SAR imaging
time, Typhoon Phanfone was making a right turn and its wind
speed was 48 m/s. After that, the typhoon gradually became
weaker.
During the past two decades, typhoon and hurricane images have been acquired from the Canadian Space Agency's
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SAR. Sentinel-1 SAR satellites will provide more observations to
these powerful storms. In addition to the ESA's Sentinel-1 SAR
satellites, CSA will start launching the RADARSAT Constellation
Mission (RCM) in 2018. RCM, with three-satellite configuration,
will also be operational constellations and data will be free and
open. The freely available SAR data will significantly increase
the number of researchers and students who will devote their
career in the fields of SAR meteorology and oceanography in the
next decade.
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cross section measurements to a wind field. The white
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Abstract
Winter coastal upwelling off northwest Borneo in the South China Sea (SCS) is investigated by using satellite
data, climatological temperature and salinity fields and reanalysis data. The upwelling forms in December, matures in January, starts to decay in February and almost disappears in March. Both Ekman transport induced by the alongshore winter monsoon and Ekman pumping due to orographic wind stress curl
are favorable for the upwelling. Transport estimates demonstrate that the month-to-month variability of
Ekman transport and Ekman pumping are both consistent with that of winter coastal upwelling, but Ekman transport is two times larger than Ekman pumping in January and February. Under the influence of El
Niño-Southern Oscillation (ENSO), the upwelling shows remarkable interannual variability: during winter of
El Niño (La Niña) years, an anticyclonic (a cyclonic) wind anomaly is established in the SCS, which behaves
a northeasterly (southwesterly) anomaly and a positive (negative) wind stress curl anomaly off the northwest Borneo coast, enhancing (reducing) the upwelling and causing anomalous surface cooling (warming)
and higher (lower) chlorophyll concentration. The sea surface temperature anomaly (SSTA) associated with
ENSO off the northwest Borneo coast has an opposite phase to that off southeast Vietnam, resulting in a
SSTA seesaw pattern in the southern SCS in winter.
Key words: coastal upwelling, northwest Borneo, South China Sea, Ekman transport, Ekman pumping,
interannual variability
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1 Introduction
Coastal upwelling, as the best known type of upwelling,
occurs near the coast as a result of Ekman transport: uniform
alongshore winds push water offshore due to the Earth’s rotation. To compensate for the loss of mass near the coast, cooler
and nutrient-rich water is brought towards the sea surface. The
nutrient-rich upwelled water stimulates the growth of primacy producers such as phytoplankton, resulting in high levels of
primary productivity and fishery production. Thus coastal upwelling has significant impacts on ecosystem and fishery (Barth
et al., 2007).
Besides Ekman transport, Ekman pumping induced by
wind stress curl would significantly enhance local upwelling
(Enriquez and Friehe, 1995; Pickett and Paduan, 2003; Castelao and Barth, 2006). During the process of Ekman pumping,
wind stress curl generates divergence, forcing an upward water
movement. Compared with Ekman transport, Ekman pumping makes an equal or even greater contribution to upwelling
in some regions (Pickett and Paduan, 2003; Castelao and Barth,
2006; Croquette et al., 2007; Jing et al., 2009).
Borneo is the third largest island in the world, which is surrounded by the South China Sea (SCS) to the northwest, the

Balabac Strait to the north and the Sulu Sea to the northeast
(Fig. 1a). North-south oriented mountain ranges are located in
the center of Borneo and the highest point is Mount Kinabalu
with an elevation of 4 095 m. In winter (winter refers to January, February and March in this study), the northeasterly monsoon prevails off northwest Borneo and blows nearly along the
northwest coastline (Fig. 1a). Due to orographic blockage of the
mountains, a wind jet with positive wind stress curl forms off
the northwest Borneo coast (Figs 1a and b). Both Ekman transport induced by the alongshore winter monsoon and Ekman
pumping due to the positive wind stress curl are favorable for
winter coastal upwelling off northwest Borneo.
Studies on winter coastal upwelling off northwest Borneo
are few, and they focused on upwelling ecosystem: phytoplankton and algal blooms were found here as a result of coastal
upwelling associated with the northeasterly winter monsoon
(Isoguchi et al., 2005; Knee et al., 2006; Wang et al., 2008). So
far, spatial-temporal characteristics of the upwelling and the
roles of Ekman transport and Ekman pumping in the upwelling are still not clear. In this paper, winter coastal upwelling
off northwest Borneo is firstly examined using satellite data

Foundation item: The National Natural Science Foundation of China under contract No. 91128212; the National Basic Research Program of China
under contract No. 2013CB430301; the National Science Fund of China for Distinguished Young Scholars (NSFDYS) under contract No. 41125019;
the National Natural Science Foundation of China under contract No. 41306024; the Project of Global Change and Air-Sea Interaction under contract No. GASI-03-01-03-03; the Basic Research Program of Second Institute of Oceanography, State Oceanic Administration of China under contract
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Fig. 1. QuickScat winter mean (a) wind stress (color), wind stress vector (arrow) and (b) wind stress curl. Land topography with elevations greater than 300 m is shaded in Black and the red triangle is the highest point Mount Kinabalu with an elevation of 4 095 m.
and climatological temperature and salinity fields, and then its
month-to-month variation and the relative importance of Ekman transport and Ekman pumping are investigated. Lastly, the
interannual variability of the upwelling is presented.
2 Data and method
Optimum interpolation (OI) of sea surface temperature
(SST) analysis product (Reynolds et al., 2007), which combines
advanced very high resolution radiometer (AVHRR) infrared
satellite SST data with in situ data from ships and buoys, is
used to show spatial-temporal characteristics of winter coastal upwelling. The product has a spatial grid resolution of (1/4)°
and temporal resolution of 1 d. To examine the vertical structure of the upwelling, high resolution (1/4)° World Ocean Atlas
(WOA01) monthly temperature and salinity climatology (Boyer
et al., 2005) is also used here.
Chlorophyll-a concentration (Chl a) is obtained from the
Moderate Resolution Imaging Spectroradiometer (MODIS) instrument aboard the Terra satellite launched in December 18,
1999. Monthly average level-3 Chl a with 9-km resolution is
downloaded from the Ocean Color website (http://oceancolor.
gsfc.nasa.gov/).
QuickScat wind stress and wind stress curl with a (1/8)° resolution derived from NOAA CoastWatch (http://coastwatch.pfeg.
noaa.gov/erddap/griddap/erdQSstress1day.html) are used to
estimate Ekman transport and Ekman pumping following Pickett and Paduan (2003). The Ekman transport M and Ekman
pumping velocity Ȧ are calculated as (Smith, 1968)
M

Z

1 G ˆ
W ut,

Uf

1
G
 uW ,
Uf

(1)

(2)

G
where W is wind stress vector, tˆ is a unit vector tangent to the
local coastline, ȡ is the density of seawater and f is the Coriolis parameter. The Ekman pumping velocity is integrated out
to 125 km offshore (approximately to where the positive wind
stress curl extends) to obtain a vertical transport that could be
compared with the Ekman transport calculated by Eq. (1) (Castelao and Barth, 2006).

To investigate interannual variability of winter coastal upwelling, wind speed at 10 m from 1982 to 2012 with a resolution
of 0.75° derived from daily full resolution ERA-Interim, which is
produced by the European Centre for Medium-Range Weather
Forecasts (ECMWF) (Dee et al., 2011), is used to estimate wind
stress and wind stress curl.
3 Results
3.1 Evidences of winter coastal upwelling off northwest Borneo
Due to upwelled cooler water and increased phytoplankton
biomass, coastal upwelling can be identified by low SST and
high Chl a. Figure 2a shows winter mean SST off northwest Borneo. The most conspicuous feature is cold water off the northwest coast with the lowest temperature about 26.9°C located
nearby the coast. Meanwhile, high Chl a occurs in the area and
its center coincides with that of the cold water (Fig. 2b). These
satellite data suggest that coastal upwelling may occur off
northwest Borneo in winter.
SST in winter derived from (1/4)° WOA01 data bears much
resemblance with satellite data: low SST appears off the northwest Borneo coast and the minimum value is located nearby the
coast (Fig. 3a). High-salinity water is also found in this region
(Fig. 3b). Besides, the vertical distribution of temperature and
salinity shows that the isotherms and isohalines ascend toward
the northwest Borneo coast (Figs 3c and d). The climatological
temperature and salinity fields confirm the occurrence of winter coastal upwelling off northwest Borneo. Furthermore, field
observations capture the features of the upwelling as well (Figs
2a and d in the study of Yao et al., 2012).
3.2 Month-to-month variation of coastal upwelling and
the relative importance of Ekman transport and Ekman
pumping
Figure 4a shows month-to-month variation of SST off northwest Borneo from December to April. The cold water off the
northwest coast firstly appears in December and then continues cooling until SST attains minimum values in February. After
that, SST rises. Chl a shows similar month-to-month variability:
it increases significantly in January, reaches maximum values in
February and then decreases in March (Fig. 4b). The month-tomonth variability of SST and Chl a imply that coastal upwelling
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off northwest Borneo has obvious month-to-month variability
as well.
Since SST and Chl a are the results of the cumulative effects
of the upwelling, they could not be used to represent the upwelling intensity directly. To show the month-to-month variation of
coastal upwelling, upwelling-induced changes in SST are used
as an indicator of the upwelling intensity, which is estimated as
the difference of SST tendency and SST tendency at the northern tip (marked by red line in the upper left panel of Fig. 5). Generally, SST tendency in the ocean area at the same latitude is
subtracted to remove the effects of large-scale process on SST.
But SST tendency in the ocean area west of the upwelling region, dominated by the SCS western boundary advection (Liu
et al., 2004), is not a good proxy for large-scale process. Thus
the upstream of the upwelling where coastal upwelling does not
occur (the northern tip) is chosen. In this study, SST tendency
in a given month is calculated by the difference between SST in
the given month and that in the previous one. The results show
that SST cooling induced by coastal upwelling appears nearby
the northwest corner of Borneo in December, attains maximum
off the northwest coast in January with around 0.6°C cooling
nearby the northwest corner of Borneo, weakens in February
with 0.1–0.2°C cooling off the coast, and almost disappears near
the coast in March (Fig. 5), which means that coastal upwelling
forms in December, matures in January, decays in February and
almost disappears in March. The month-to-month variability
of the upwelling can also be observed from the WOA01 temperature tendency: coastal upwelling has a maximum depth of
112°

114°

116°

118° E

about 120 m and a maximum cooling of 2°C nearby Borneo in
January and then it becomes shallower and weaker in February
(Fig. 6).
As mentioned above, both Ekman transport induced by the
alongshore winter monsoon and Ekman pumping due to the
positive wind stress curl are favorable for coastal upwelling off
northwest Borneo. In order to quantify the relative importance
of the Ekman transport and Ekman pumping to the upwelling,
the average Ekman transport and Ekman pumping are calculated from the northern tip to Kuala Belait where wind stress curl
decreases sharply (Fig. 1b). Both transport estimates show similar month-to-month variability (Fig. 7): they attain maximums
in January and then weaken in February, which is consistent
with that of coastal upwelling. A comparison of them shows the
Ekman transport is two times larger than the Ekman pumping
and the Ekman transport tendency accounts for about 90% of
the total transport (the sum of Ekman transport and Ekman
pumping) tendency in January and February, demonstrating that the Ekman transport makes a greater contribution to
the upwelling than the Ekman pumping and dominates the
month-to-month variation of coastal upwelling. We also notice
that Ekman transport and Ekman pumping in December and
March are helpful for the upwelling, but upwelling-induced SST
changes show the upwelling almost does not occur, probably
because winds are weaker than the threshold value for the upwelling and cannot bring cold water from the pycnocline to the
surface (Roughan et al., 2006; Taylor et al., 2008).
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Fig. 5. Month-to-month variation of upwelling-induced changes in SST (°C). Upwelling-induced changes in SST are estimated as
the difference of SST tendency and SST tendency at the northern tip (marked by red line in the upper left panel).
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Fig. 7. Month-to-month variation of average Ekman transport (solid), Ekman pumping (dashed) and total transport (dash-dotted)
calculated from the northern tip to Kuala Belait. Total transport is the sum of Ekman transport and Ekman pumping.

3.3 Interannual variability of winter coastal upwelling
Figure 8a shows the correlation coefficients in the SCS between winter mean SST and January Niño3.4 SST. A positive
correlation occurs in most parts of the SCS, especially off southeast Vietnam. This is because cold advection by the SCS western
boundary current reduces, resulting in a warming cold tongue
off southeast Vietnam during winter of El Niño years (Liu et al.,
2004). In contrast, a significant negative correlation is found off
the northwest Borneo coast (in coastal upwelling area), indicating that winter coastal upwelling may has remarkable interannual variability associated with El Niño-Southern Oscillation
(ENSO).
To examine the interannual variability of the upwelling, an
upwelling index (UI) is introduced, which is estimated as winter
mean SST difference between ocean and coastal area (the black
line and box in Fig. 8a) at the same latitude (Nykjaer and Van
Camp, 1994; Santos et al., 2005; de Castro et al., 2008). Larger
UI represents stronger upwelling. The results show that UI has
strong positive correlation with January Niño3.4 SST (correla-

tion coefficient is 0.74) and winter mean Chl a (correlation coefficient is 0.71) (Fig. 9), which means winter coastal upwelling off
northwest Borneo intensifies (reduces) during El Niño (La Niña)
years, bringing more (less) nutrient-rich water and causing an
increase (decrease) of Chl a. Due to the enhancement (weakening) of the upwelling, anomalous surface cooling (warming) occurs off the northwest Borneo coast during winter of El Niño (La
Niña) years, thus a negative correlation occurs off the northwest
Borneo coast. The SST anomaly (SSTA) associated with ENSO
off the northwest Borneo coast has an opposite phase to that
off southeast Vietnam, resulting in a SSTA seesaw pattern in the
southern SCS in winter.
Previous studies have testified that the SCS monsoon has
remarkable interannual variability associated with ENSO (e.g.,
Fang et al., 2006; Chen and Wang, 2014). During winter of El
Niño years, an anticyclonic wind anomaly forms in the SCS (Fig.
8b), which is generated through atmosphere bridge (Klein et al.,
1999; Wang, 2002, 2005). The anticyclonic anomaly behaves a
northeasterly anomaly and a positive wind stress curl anomaly
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Fig. 9. Time series of upwelling index (blue), January Niño3.4 SST (red) and winter mean Chl a (green) normalized by their respective RMS variance (0.26°C, 1.29°C and 0.20 mg/m3). Chl a is calculated in the box in Fig. 8a.

off the northwest Borneo coast (Fig. 8b). Both of them can enhance the upwelling, resulting in anomalous cooling and higher
Chl a. The situation is reversed during winter of La Niña years.
4 Summary and discussion
Winter coastal upwelling off northwest Borneo in the SCS is
investigated using satellite data, the WOA01 temperature and
salinity fields and reanalysis data. Upwelling-induced changes
in SST suggest that the upwelling has obvious month-to-month
variation: it forms in December, matures in January, decays
in February and almost disappears in March. The month-tomonth variability can also be observed from the WOA01 data.
Both Ekman transport induced by the alongshore winter
monsoon and Ekman pumping due to orographic wind stress
curl are favorable for the upwelling. Transport estimates show
that the month-to-month variability of Ekman transport and
Ekman pumping are both consistent with that of winter coastal

upwelling, but Ekman transport makes a greater contribution to
the upwelling than Ekman pumping and determines its monthto-month variability.
Under the influence of ENSO, the upwelling shows remarkable interannual variability. During winter of El Niño (La Niña)
years, an anticyclonic (a cyclonic) wind anomaly, behaving a
northeasterly (southwesterly) anomaly and a positive (negative) wind stress curl anomaly off northwest Borneo, enhances (reduces) coastal upwelling, resulting in anomalous cooling
(warming) and higher (lower) Chl a. The SSTA associated with
ENSO off the northwest Borneo coast has an opposite phase to
that off southeast Vietnam, resulting in a SSTA seesaw pattern in
the southern SCS in winter.
The paper presents our most up-to-date information about
the physical environment of winter coastal upwelling off northwest Borneo, which is of great oceanographic significance in
the pursuit of understanding its effects on upwelling ecosystem
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and fishery. Besides, most of previous studies on upwelling in
the SCS focused on the western boundary and northern continental shelf in summer (e.g., Xie et al., 2003; Jing et al., 2011), the
work fills the gap in winter coastal upwelling along the eastern
boundary of the SCS to a certain extent.
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Abstract
Based on the theoretical spectral model of inertial internal wave breaking (fine structure) proposed previously, in which the effects of the horizontal Coriolis frequency component f-tilde on a potential isopycnal
are taken into account, a parameterization scheme of vertical mixing in the stably stratified interior below the surface mixed layer in the ocean general circulation model (OGCM) is put forward preliminarily in
this paper. Besides turbulence, the impact of sub-mesoscale oceanic processes (including inertial internal
wave breaking product) on oceanic interior mixing is emphasized. We suggest that adding the inertial internal wave breaking mixing scheme (F-scheme for short) put forward in this paper to the turbulence mixing
scheme of Canuto et al. (T-scheme for short) in the OGCM, except the region from 15°S to 15°N. The numerical results of F-scheme by using WOA09 data and an OGCM (LICOM, LASG/IAP climate system ocean model)
over the global ocean are given. A notable improvement in the simulation of salinity and temperature over
the global ocean is attained by using T-scheme adding F-scheme, especially in the mid- and high-latitude
regions in the simulation of the intermediate water and deep water. We conjecture that the inertial internal
wave breaking mixing and inertial forcing of wind might be one of important mechanisms maintaining the
ventilation process. The modeling strength of the Atlantic meridional overturning circulation (AMOC) by
using T-scheme adding F-scheme may be more reasonable than that by using T-scheme alone, though the
physical processes need to be further studied, and the overflow parameterization needs to be incorporated.
A shortcoming in F-scheme is that in this paper the error of simulated salinity and temperature by using
T-scheme adding F-scheme is larger than that by using T-scheme alone in the subsurface layer.
Key words: vertical mixing, inertial internal wave, fine structure, horizontal Coriolis frequency component,
ocean general circulation model
Citation: Fan Zhisong, Shang Zhenqi, Zhang Shanwu, Hu Ruijin, Liu Hailong. 2015. A parameterization scheme of vertical mixing
due to inertial internal wave breaking in the ocean general circulation model. Acta Oceanologica Sinica, 34(1): 11–22, doi: 10.1007/
s13131-015-0591-1

1 Introduction
In the ocean general circulation model (OGCM), the parameterization of vertical mixing (or diapycnal mixing) in the ocean
interior is a key issue, and it has evoked much controversy. As
pointed out by Large et al. (1994), “if model parameterizations
of unresolved physics, such as the variety of upper ocean mixing processes, are to hold over the large range of time and space
scales of importance to climate, they must be strongly physically based”. At present, we believe that there are some questions
to be clarified to consolidate the physical basis in studying parameterization of vertical mixing.
Here we only consider the small-scale turbulence, which
has the typical spectral structure, such as the Nasmyth universal velocity spectrum and the Batchelor temperature spectrum
(Nasmyth, 1970; Oakey, 1982). The stratified two-dimensional turbulence (vortical mode) (Holloway, 1983; Müller, 1984;
Müller et al., 1988) does not belong to this kind of turbulence.
Many results show that the average turbulent kinetic energy dissipation rate and the average diapycnal turbulent eddy

diffusivity in the ocean interior are too small to dominate the
meridional overturning circulation (MOC) (e.g., Kunze and
Sanford, 1996; Polzin et al., 1997; Ledwell et al., 2000; Lien and
Gregg, 2001). Recently, a few papers about the global mixing
in the ocean interior were published (Kunze et al., 2006; Wu et
al., 2011; Whalen et al., 2012). Even though some defects and
uncertainty exist in these works, as a rough estimate over the
global ocean, their results indicate clearly that turbulent vertical mixing in the interior ocean is weak and is likely too small
to maintain the MOC. Of course, the explorations of turbulence
properties and its distribution in the ocean interior are of importance to understand the interior dynamical process, as well
as to develop OGCM.
How can the conflict of turbulence mixing results with abyssal mixing theory be understood? Recently, besides turbulence,
the impact of sub-mesoscale oceanic processes on oceanic
interior mixing is emphasized (Ozgokmen et al., 2012). Several processes that have been recognized as potential contributors to sub-mesoscale variability are loss of balance through
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ageostrophic instabilities, mixed layer instabilities and vortical
modes created by breaking internal gravity waves. Recently
in terms of Fan et al. and the former published literature, Fan
(2011) pointed out that turbulence is not the exclusive breaking
product of oceanic internal waves, the fine-scale near-inertial
internal waves (NIIW for short, the oceanic reversible fine structure) and the internal solitary waves are the breaking products
in propagation and evolution of inertial internal waves and internal tides respectively. We deem that the two breaking products belong to sub-mesoscale oceanic processes.
As revealed by IWEX, DRIFTER, PATCHEX and other experiments, the properties of fine structure are obviously different
from those of internal waves represented by the Garrett-Munk
spectrum on energy level, space coherence structure, shear and
strain instability, and otherwise. To study the evolution and
breaking process of the usual inertial internal waves (UIIW for
short), we must distinguish the NIIW from the UIIW (Fan and
Fang, 1999; Fan, 2011). Many measurement results (Gregg et al.,
1986; Kunze, Briscoe et al., 1990; Kunze, Williams et al., 1990;
Sherman and Pinkel, 1991; Pinkel et al., 1991) revealed that in
the ocean interior within the 1–50 m vertical scale range, the
field of the velocity, the shear, the strain and the properties of
the mixing are all dominated by the NIIW, which are special
oceanic internal waves distinct from the UIIW (Müller et al.,
1978; Fu, 1981; D'Asaro and Perkins, 1984; Alford et al., 2012).
In four aspects the characteristics of the NIIW and UIIW are distinct (Fan and Fang, 1999; Fan, 2011).
To understand the compensating vertical transport of water from the depths to the surface in the MOC (Ledwell et al.,
2000), besides the turbulent mixing the vertical migration of the
patches created by the NIIW should be noticed. The observed
results by Gregg et al. (1986) provided the dramatic and intuitional picture of inertial internal wave breaking product (patch
or finestructure) and turbulence mixing. For example, as shown
in Fig. 9a of Gregg et al. (1986), below the surface mixed layer,
in both horizontal and vertical direction the distribution of turbulence and patch (turbulence is embedded in it) are not continuously. It is obvious that if patch does not move, turbulence
embedded cannot induce the compensating vertical transport
of water due to the discontinuous distribution of patch in vertical direction, i.e., turbulence alone created by internal waves
cannot maintain the ventilation process generally in the intermediate water and deep water in the open ocean. Besides the
correlation of turbulence mixing with the near-inertial features,
another important discovery in DRIFTER experiment is that
those patches can migrate vertically from the potential isopycnal where the breaking events take place. Below the near-surface zone, most of the turbulence mixing occurs in patches
10–30 m thick that persists for a few days. The deepest patch
migrates vertically, from 1.8 MPa on 9 October to 1.65 MPa on
the 12th. It is notable that this migration is a special motion different from both turbulence and internal waves. In the study of
the interior mixing, can we merely consider turbulence mixing,
and miss the migration of patch? In fact, patch or finestructure
is the breaking product of inertial internal wave in its propagation and evolution. The accurate measurement of finestructure
over the global ocean and the whole depth is impossible. Hence
the development of spectral model of finestructure is very important. In fact, the theoretical spectral model of finestructure
was proposed previously, in which the effects of the horizontal
Coriolis frequency component f ( f 2: cos M ) on a potential
isopycnal are taken into account (Fan and Fang, 1998a, b; Fan
and Fang, 1999; Fan et al., 1999; Fan and Fang, 2000; Fan, 2011).

The expression of the buoyancy frequency N(z) containing
the effect of compressibility of seawater is
1/2

N

§ g dU 0 g 2 ·
 2¸
¨
© U 0 dz C ¹

| N 0 e z /b ( h  z  0),

(1)

where ȡ0(z) is the mean density; C is the sound speed in the
ocean, and the variation of the sound speed is neglected, that
is C=constant; g is the gravitational acceleration; b is the scale
depth of N(z) and adopted as 1 300 m (Garrett and Munk, 1972).
We adopt the assumptions of a stratified ocean with the constant depth h and the rigid surface (without considering the
surface mixed layer), that is, the origin of coordinates (z=0) is
set at the base of the surface mixed layer. The study by Fang and
Wang (1984) indicated that in the deeper layer (with the layer
depth larger than 200 m) the term –g2/C2 is of the same order as
the term –(g/ȡ0)(dȡ0/dz) and cannot be neglected. Under considering the effects of the horizontal component f of the rotation vector, in terms of the equations for oceanic internal waves,
the equation for the wave function W(z) of the vertical component w of velocity is obtained as follows (Fan and Fang, 1998a),
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G
and ș is the azimuth of the horizontal wavenumber vector k ,

Ȧ is the frequency. In Eq. (2) the intertwinement of f and 1/
C2 implies that both the two elements are important for precise
determination of W(z). It should be pointed that in the establishment of the Garrett-Munk spectrum this impact was not
considered (Garrett and Munk, 1972).
Based on the asymptotic solution of Eq. (2) (Fan and Fang,
1998b),
W

W (0)  W (1) f ,

(4)

the energy spectra and coherence spectra for the S field (the total internal wave field with f ), SI field (the internal wave field
without f , corresponding to the UIIW at low-frequency band)
and SF field (the part of the S field associated with , corresponding to the NIIW at low-frequency band ) are derived (Fan
and Fang, 1999). Through the comparison between these theoretical spectra and the observed results of IWEX (Müller et al.,
1978), it is found that the horizontal kinetic energy spectrum
and the vertical displacement spectrum of the SF field are basically in agreement with the observed spectra of the finestructure. The shear spectra, strain spectra, strain/shear ratios and
the Richardson functions of the S, SI and SF fields are further
studied (Fan et al., 1999). The values of shear and strain of the
SF field rise sharply as ȕ (the vertical wavenumber) increases.
At ȕ|0.1 cpm, these values exceed those of the SI field, which
implies the instabilities of shear and strain fields owing to the
effect of f . These theoretical results show a good agreement
mainly with PATCHEX measurements (Fan et al., 1999; Fan and
Fang, 2000).

13

FAN Zhisong et al. Acta Oceanol. Sin., 2015, Vol. 34, No. 1, P. 11–22

The vital shortcomings of turbulent mixing exhibit not only
on the less average turbulent diffusivity, as mentioned above,
but also on the property of vertical mixing, particularly the relationship between vertical mixing and vertical stratification,
which is a fundamental dynamical element controlling the
MOC (Nilsson et al., 2003; Marchal et al., 2007), because in fact
vertical mixing is in evolution with the ocean circulation in a
changing climate. As mentioned previously, the spectral form
and level of finestructure are different from those of internal
waves represented by the Garrett-Munk spectrum, also different
from those of turbulence. Therefore, the relationship between
the vertical diffusivity of turbulence and vertical stratification
is not the real one between the true vertical diffusivity and vertical stratification. Use of vertical diffusivity of turbulence must
bring on false results in studying of freshwater forcing of MOC.
As shown in the following studies, the vertical eddy diffusivity
of temperature/salinity due to inertial internal wave breaking
mixing tends to decrease with decreasing density difference, in
contrast with the property of turbulence mixing (e. g., Nilsson et
al., 2003; Marchal et al., 2007).
The remaining of this paper is organized as follows. In Section 2, based on the spectral model of inertial internal wave
breaking (finestructure) proposed previously, in which the effects of the horizontal Coriolis frequency component f-tilde
on an potential isopycnal are taken into account, a parameterization scheme of vertical mixing due to inertial internal wave
breaking (F-scheme for short) in the stably stratified interior in
the OGCM is put forward. In Section 3 the local distribution of
vertical diffusivity of F-scheme by using WOA09 data is compared with the observation results of turbulence mixing. The
spatial patterns of vertical diffusivity by using F-scheme over
the global ocean (Section 4), and the control experiment of
salinity and temperature over the global ocean (Section 5), are
performed by using the turbulence mixing scheme of Canuto et
al. in 2010 (T-scheme for short) adding F-scheme and an OGCM
(LICOM, LASG/IAP Climate System Ocean Model) to compare
with that by using T-scheme alone. The modeling results of the
Atlantic meridional overturning circulation (AMOC) by using
T-scheme adding F-scheme and T-scheme alone respectively
are presented in Section 6. Finally, four primary conclusions are
addressed in Section 7.
2 A parameterization scheme of vertical mixing due to inertial internal wave breaking (F-scheme)
The improvement of parameterization scheme of vertical
mixing in ocean interior is a long process. At present, for this
topic there are at least four missing effects that probably are
important: (1) Surface gravity wave effects through breaking
and the Stokes drift (giving rise to Langmuir circulations); (2)
Sub-mesoscale circulations, especially fronts and filaments; (3)
Inertial waves; and (4) Horizontal Coriolis frequency component f-tilde (communication, McWilliams, 2011). In this paper,
only the influences of (3) and (4) are considered preliminarily.
A more recent scheme of turbulence mixing in the OGCM
was proposed by Canuto et al. (2001, 2002, 2010) by improving the Mellor and Yamada models. A remarkable improvement being made in that scheme is the change of the Mellor
and Yamada model prediction, the critical Richardson number
Ricr=0.2 to Ricr~1 (Canuto et al., 2001). However, the ultimate
physical question in that scheme is that in the stably stratified
fluids due to the instability wherever the Richardson number
lower than the critical Ricr~1 the breaking products are not only
turbulence. For example, in the famous Thorpe's experiments

(Thorpe, 1971, 1973) the breaking products of sheared stratified flow are not only turbulence, but also the Kelvin-Helmholtz
waves. In addition, in the stably stratified ocean (as shown in
the DRIFTER and PATCHEX experiments) the breaking products of shear and strain instability at the vertical wavenumber of
about 0.1 cpm owing to the effects of the horizontal Coriolis frequency component f-tilde are not only turbulence, but also the
patch finestructure (Fan et al., 1999; Fan, 2011). This is why we
do not believe that turbulence is an exclusive mixing element
in oceanic interior, and do emphasize the impact of sub-mesoscale oceanic processes (including finestructure) on oceanic
interior mixing. In addition, as shown in following Figs 5–10,
because the turbulent diffusivity is yet small, the error of simulated salinity and temperature in the intermediate water and
deep water by using the turbulence mixing scheme of Canuto
et al. (2010) (T-scheme for short) is large. We suggest that adding the following inertial internal wave breaking mixing scheme
(F-scheme for short) to T-scheme in the stably stratified interior
below the surface mixed layer in the OGCM is necessary.
The internal wave energy spectrum E(ȕ, ș, Ȧ) being used is
(Fan and Fang, 1999; Fan et al., 1999; Fan, 2011)
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The horizontal kinetic energy spectrum Hsf(Ȧ) of the SF field
(finestructure) is
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and the horizontal kinetic energy Ek with the near-inertial band
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The shear spectrum ĭsf(ȕ, Ȧ) of the SF field (finestructure) is

)sf ( E , Z )

 ( z )(Z 2  f 2 )
fN

 2 gbN 2 ( z )( z  h) 3
E 
®
2
2
2
2 2 N 0 ( N 2 ( z )  Z 2 )1/2 (Z 2  f 2 )1/2 Z ¯ ( N ( z )  Z )C

ª 2 N 2 ( z ) 2 g g ( z  h) º
( N 2 ( z )  Z 2 ) 1 ½°
 2
E ¾ EB(Z ) A( E ).
«
»E 
2
C
bC ¼
2 gb 2
¬ g
¿°

(16)

The vertical eddy viscosity Av of momentum and the vertical
eddy diffusivity Kv of temperature/salinity due to inertial internal wave breaking mixing are calculated respectively in terms of
following formulas,
Ek / 30
[)sf ( E c ,1.2 f )]1/2
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The energy spectrum E(k, ș, Ȧ) is dimensional. And the units
of frequency Ȧ, the vertical wavenumber ȕ, and the azimuth ș
are rad/s, rad/m and rad, respectively. The following scale parameter values are supposed in calculation of viscosity Av and
diffusivity Kv,
h 4 500 m, N 0
S 3.141 59, g

5.235 988 u 103 rad/s, b 1 300 m,
9.8 m/s 2 , C 1 500 m/s.

Eqs (17) and (18) respectively, and determined through the numerical experiment by using LICOM. Of course, this factor is a
rough estimate. Its determination exactly may rely on the anticipant observation experiment.
In the main thermocline since the potential isopycnal is
close to the isothermal surface rather than to the isohaline, the
breaking product (patch) created along a potential isopycnal
would have a more uniform distribution of temperature than
that of salinity. Therefore, the vertical eddy diffusivity of temperature corresponding to vertical migration of patch might be
less than that of salinity. We suggest that in the main thermocline the vertical eddy diffusivity Kt of temperature is that

(21)

The NIIW shows a stronger intermittency and randomness
with its lifecycle about 10 d (Gregg et al., 1986; Kunze, Briscoe et
al., 1990; Kunze, Williams et al., 1990; Fan and Fang, 2000; Fan,
2011). In addition, only a part of energy of reversible finestructure transforms into energy of the patches, which can migrate
vertically and play a key role in vertical (diapycnal) mixing in
oceanic large-scale circulation. But the determination of the
vertical migration velocity and other physical parameters of
patch are difficult so far. Therefore the factor 1/30 is added in

K s / 5.

(22)

where the factor 1/5 is only a rough estimate, and determined
through the numerical experiment by using LICOM. And Ks is
the vertical eddy diffusivity Kv of salinity as shown in Eq. (18)
at the depth less than 1 500 m. The seasonal thermocline is not
considered in this scheme, because only the climatic model is
studied in this work, such as LICOM.
In the equatorial ocean (from 15°S to 15°N), owing to the
strongly sheared background currents and the horizontal
anisotropic behaviors of internal gravity waves (Eriksen, 1985;
Boyd et al., 1993), the internal wave energy spectrum E(ȕ, ș, Ȧ),
expressed in Eqs (5)–(11), is not suitable. We suggest adding
F-scheme to T-scheme in the OGCM, except the region from
15°S to 15°N. In this equatorial ocean only T-scheme is employed.
It is worth noting that in our model the origin of coordinates (z=0) is set at the base of the surface mixed layer with the
thickness H, or at the thermocline depth H approximately. We
assume D=h+H to be the real computation depth of the ocean
at any station in this scheme. In the general equilibrium state in
the OGCM the scale parameter h is 4 500 m (see Eq. (21)), and
the parameter H can be determined approximately by using the
climatic data of temperature and salinity in every season at any
local station. However, in the non-equilibrium state, for example the freshwater forcing of the MOC, we postulate that the real
computation depth D of the ocean in every season at any local
station does not change, and keep its value in the general equilibrium state. But the values h and H, as well as the value of N(z),
are variable in the non-equilibrium state.
As shown in Eqs (12)–(22), in F-scheme there are three characteristics: (1) The vertical eddy viscosity of momentum and the
vertical eddy diffusivity of temperature/salinity are connected
respectively with both the buoyancy frequency N(z) and the
thermocline depth H locally, which is different from the former
turbulent schemes being connected with only N(z) according to
the Garrett-Munk spectrum; (2) The vertical eddy diffusivity of
temperature/salinity tends to decrease with decreasing density
difference, in contrast with the property of turbulence mixing;
and (3) in the main thermocline, i.e., below the surface mixed
layer and above the depth of 1 500 m, the vertical eddy diffusivity of temperature is a fifths of that of salinity. Therefore, in the
study of the non-equilibrium state of the OGCM, such as the
freshwater forcing on MOC, the relationship between vertical
mixing and vertical stratification must be reconsidered. In the
stably stratified ocean, the strong stratification prevents occurrence and enhancement of turbulence, however, its effect on internal waves and finestructure is contrary to that on turbulence.
These properties of inertial internal wave breaking mixing are of
significance for study of MOC.
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4 Spatial patterns of vertical diffusivity of F-scheme in the
global ocean
To study the spatial patterns of vertical diffusivity of
F-scheme in the global ocean, an OGCM must be utilized. In
this work we use the LICOM model (Liu et al., 2004). The LICOM is an OGCM in the global ocean and has a resolution of a
uniform 1°×1° grid horizontally and 30 layers vertically (with the
top 12 layers in the upper 300 m). A 200-year spin-up run was
conducted from the initially motionless ocean with its temperature and salinity fields (WOA05 data).
At about 500 m depth in the global ocean the spatial pattern of the annual mean vertical diffusivity in the year 200 of
spin-up run is depicted in Fig. 3. Figure 3a shows the turbulence diffusivity by using T-scheme alone, Fig. 3b shows the
diffusivity of salinity by using T-scheme adding F-scheme, and
Fig. 3c is same as Fig. 3b but for the diffusivity of temperature.
This pattern at ~500 m depth may be a typical one of the diffusivity in the main thermocline. Similar to the turbulence diffusivity by using T-scheme alone, the zone of the minimum of
the diffusivity of salinity and temperature, by using F-scheme
on the equator, is in accordance with Eqs (12) and (14). In the
equatorial ocean (about from 15°S to 15°N), the internal wave
energy spectrum E(ȕ, ș, Ȧ) expressed in Eqs (5)–(11) is not suit-
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3 Local distribution of vertical diffusivity of F-scheme
In order to discuss local distribution of vertical diffusivity of
F-scheme and compare with observation results of turbulence
mixing, we study the following two examples.
First example is the microstructure measurement results in
the deep Brazil Basin of the South Atlantic by Polzin et al. (1997,
Fig. 2). The data show that turbulent mixing is weak at all depths
above smooth abyssal plains and the South American continental rise. The diapycnal turbulent diffusivity there was estimated to be less than or approximately equal to 0.1×10−4 m2/s. We
select Station A (21°S, 30°W) in the Brazil Basin of the South
Atlantic. By using F-scheme and WOA09 data, at Station A in
February vertical profiles of salinity, temperature and buoyancy
frequency, and vertical profiles of the vertical momentum eddy
viscosity Av, the vertical salinity eddy diffusivity Ks and the vertical temperature eddy diffusivity Kt are obtained (Fig. 1). Figure
1 shows that in the upper water layer above the depth of 1 500 m
the average of Ks is approximate 0.2×10−4 m2/s, the average of Kt
is approximate 0.04×10−4 m2/s; and in the deep water layer below the depth of 1 500 m the average of Ks and Kt is approximate
0.04×10−4 m2/s. The tendency of vertical distribution of Ks and
Kt relying on the buoyancy frequency is presented in Fig. 1, and
the maxima of Ks and Kt are in the main thermocline.
Second example is the measurements at NATRE (Canuto et
al., 2010, Fig. 9; Ledwell et al., 1998). In between the depth of 200
m and 900 m in the North Atlantic (Canuto et al., 2010, Fig. 9),
the measurement data at NATRE show that the average of the
mass diffusivity of turbulence mixing without use of an OGCM
is about 0.038×10−4 m2/s. We select Station B (25°40ƍN, 28°30ƍW)
in the measurement area at NATRE in the North Atlantic. As in
Fig. 1, at Station B in May vertical profiles of salinity, temperature and the buoyancy frequency, as well as vertical profiles Av,
Ks and Kt of F-scheme are depicted in Fig. 2. Figure 2 shows that
in between the depth of 100 m and 900 m the average of Ks is
round about 0.2×10−4 m2/s, and the average of Kt is round about
0.04×10−4 m2/s. The two examples show that in general in the
main thermocline the average of Kt by using F-scheme is equal
to that of turbulence mixing approximately, but the average of
Ks is 5 times larger than that of turbulence mixing.

2 000
2 500
3 000
3 500
4 000

Av
Ks
Kt

4 500
5 000
10−6

10−5
Diffusivity/m2∙s−1

10−4

Fig. 1. At Sta. A (21°S, 30°W) in the Brazil Basin of the
South Atlantic in February, vertical profiles of salinity S,
temperature T and the buoyancy frequency N (a); and
vertical profiles of the vertical eddy viscosity Av of momentum, the vertical eddy diffusivity Ks of salinity and
the vertical eddy diffusivity Kt of temperature by using
F-scheme (b).
able, only T-scheme is employed in this work. As shown in Figs
3b and c, the diffusivity by using T-scheme adding F-scheme,
which is the vertical mixing scheme used in the modeling of
the global oceanic general circulation by us, has the zones of
the maximum in the mid- and high-latitude regions. In addition, the diffusivity of salinity is about 3 times larger than that
of temperature at the same station by using T-scheme adding
F-scheme. It is notable that besides the latitude variation of
diffusivity commonly possessed by T-scheme and F-scheme,
the spatial variation of diffusivity of F-scheme is more complicated, due to the sensitivity of F-scheme to the stratification (N(z)), as shown in Eqs (5)–(18). For example, owing to
influence of the Gulf Stream and cold water from the Arctic,
as well as water with high temperature/salinity from the Mediterranean Sea, the diffusivity increases significantly in the Gulf
Stream extension region using T-scheme adding F-scheme,
and shows a complicated spatial distribution. The impact
of this increase and spatial distribution of the diffusivity on
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Fig. 3. At about 500 m depth over the global ocean the
spatial patterns of the annual-mean vertical diffusivity:
the turbulence diffusivity by using T-scheme (a), the diffusivity of salinity by using T-scheme adding F-scheme
(b), and as in (b) but for the diffusivity of temperature (c).
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Fig. 2. As in Fig. 1 but at Sta. B (25°40ƍN, 28°30ƍW) in the
North Atlantic in May above the depth of 900 m.
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the simulation of the AMOC will be discussed in Section 6.
As in Fig. 3, but at about 2 000 m depth in the global ocean the
spatial pattern of the annual mean vertical diffusivity in the year
200 of spin-up run is depicted in Fig. 4. This pattern at about
2 000 m depth may be a typical one of the diffusivity in the abyssal ocean. The spatial pattern of the diffusivity at about 2 000 m
depth possesses the properties similar to those at about 500 m
depth. However, at this depth the diffusivity of salinity is equal
to that of temperature. In Figs 3 and 4 it is clearly shown that
in the mid- and high-latitude regions the diffusivity by using
T-scheme adding F-scheme is about twice or more than that of
turbulence mixing alone.
5 Control experiment of salinity and temperature in the global ocean
The control experiment of salinity and temperature is a candid test for various mixing schemes on the basis of the same
OGCM. In this work we utilize LICOM model and compare the
simulation results by using the two vertical mixing schemes:
T-scheme alone and by adding F-scheme. The annual mean salinity and temperature simulated in years 151–200 of spin-up
run in the global ocean are considered for these two schemes
respectively. Then we compare the difference between the zon-
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Fig. 4. At about 2 000 m depth over the global ocean the
spatial patterns of the annual-mean vertical diffusivity:
The turbulence diffusivity by using T-scheme (a), the
diffusivity of salinity/temperature by using T-scheme
adding F-scheme (b).
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(1) The climate impact of inertial wave on the ocean surface
mixed layer
The physical phenomenon created by inertial forcing of
wind in the ocean may be divided into two parts: inertial wave
(or inertial current) in the ocean surface within the mixed layer;
and inertial internal wave in the stably stratified interior. The
two parts all affect the oceanic circulation, though by different
manner and mechanism. Recently Jochum et al. (2013) studied
the impact of inertial waves in the ocean surface mixed layer on
climate. It is found that inertial waves deepen the ocean surface mixed layer by up to 30%, but they contribute little to the
ventilation and mixing of the ocean below the thermocline in
the work of Jochum et al. in 2013. In F-scheme the origin of coordinates (z=0) is set at the base of the surface mixed layer, and
the climate impact of inertial wave on the ocean surface mixed
layer is not taken into account. Therefore in F-scheme there is a
defect of treatment in the surface mixed layer and its neighboring subsurface layer.
(2) The limit of vertical difference between levels in the LICOM model
In the LICOM model, with the top 12 layers in the upper 300
m, but below that the level interval is big, as listed in Table 1. In
Table 1 in the upper 1 000 m the 20 layers are listed. Therefore
the determination of N(z) is not exact in the subsurface layer,
and further affects the simulation of salinity and temperature
due to the sensitivity of F-scheme to the stratification.
(3) The effect of the overflow parameterization
In the LICOM model the overflow parameterization (Danabasoglu et al., 2010; Danabasoglu et al., 2012) is not included,
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al means of these mean values and ones of the initially salinity
and temperature fields (WOA05 data) for these two schemes
respectively. The results of control experiment of salinity and
temperature are presented in Figs 5 and 6 respectively. Figs 5
and 6 clearly show that a notable improvement in the simulation of salinity and temperature in the global ocean is attained
by using T-scheme adding F-scheme. The main improvement
takes place in the mid- and high-latitude regions.
The statistical results of the relative error of the annual mean
simulated salinity and temperature relatively to the initially field
(WOA05 data) averaged in the global ocean, the Arctic Ocean,
the Atlantic Ocean, the Pacific Ocean and the Indian Ocean respectively are depicted in Figs 7 and 8. And the statistical results
of the root mean square error of the annual mean simulated
salinity and temperature are depicted in Figs 9 and 10 respectively. An evident improvement in the simulation of salinity and
temperature in the intermediate and deep water is attained by
using T-scheme adding F-scheme, as shown in Figs 7–10.
These results of control experiment of salinity and temperature demonstrate advantage of our advantage mechanism of
the inertial internal wave breaking mixing addressed in Section
1. Hence we infer that the inertial internal wave breaking mixing
and inertial forcing of wind might be one of important mechanisms maintaining the ventilation process.
A shortcoming in F-scheme in this paper is, as shown in
Figs 7–10, the error of simulated salinity and temperature by
using T-scheme adding F-scheme is larger than that by using
T-scheme alone in the subsurface layer. The following three reasons may induce this shortcoming.

Fig. 5. The results of control experiment of salinity: a. the result is by using T-scheme alone, depicted is the difference between the
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Fig. 6. The results of control experiment of temperature: a. the result is by using T-scheme alone, depicted is the difference (°C) between the zonal means of the annual-mean temperature simulated in years 151–200 of spin-up run over the global ocean and ones
of the initially temperature fields (WOA05 data), and b. as in Fig. 6a but for the result by using T-scheme adding F-scheme.
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zonal means of the annual-mean salinity simulated in years 151–200 of spin-up run over the global ocean and ones of the initially
salinity fields (WOA05 data), and b. as in Fig. 5a but for the result by using T-scheme adding F-scheme.
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Fig. 7. Depicted are the statistical results of the relative error of the annual-mean simulated salinity relatively to the initially fields
(WOA05 data) averaged over the global ocean, the Arctic Ocean, the Atlantic Ocean, the Pacific Ocean and the Indian Ocean respectively, the solid line is the result by using T-scheme adding F-scheme, and the dashed line is the result by using T-scheme alone.
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Fig. 8. As in Fig. 7, but for temperature.
which may affect the simulation of salinity and temperature.
This defect may induce that the error of simulated salinity and
temperature by using T-scheme adding F-scheme in the Atlantic Ocean and the Arctic Ocean is larger than that in the other
ocean, as shown in Figs 7–10.
To overcome this shortcoming in F-scheme in this paper,
above mentioned three aspects are our contents of improving
the mixing scheme further.

6 Modeling results of the AMOC
In the framework of the LICOM model, the modeling results of the annual mean AMOC transport in years 151–200 of
spin-up run by using T-scheme alone and T-scheme adding
F-scheme respectively are shown in Fig. 11. Owing to the defect in the LICOM model, that is, the overflow parameterization (Danabasoglu et al., 2010; Danabasoglu et al., 2012) is not
considered, the representation of the Denmark Strait and Faroe
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Fig. 9. Depicted are the statistical results of the root mean square error of the annual-mean simulated salinity relatively to the
initially fields (WOA05 data) averaged over the global ocean, the Arctic Ocean, the Atlantic Ocean, the Pacific Ocean and the Indian Ocean respectively, the solid line is the result by using T-scheme adding F-scheme, and the dashed line is the result by using
T-scheme alone.
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Fig. 10. As in Fig. 9, but for temperature.
Bank Channel overflows is not successful in our modeling, as

of 1 000 m. Whereas by using the recent measurement data at

implicated in Fig. 11. Figure 11 clearly indicates that the struc-

26.5°N Cunningham et al. (2007) obtained that the year-long av-

ture of the AMOC by using T-scheme adding F-scheme is similar

erage AMOC is (18.7±5.6) ×106 m3/s , the modeling results in Fig.

to that by using T-scheme alone, but the annual mean AMOC

11 may be accepted. To understand the modeling results of the

maximum transport of the clockwise meridional circulation by

AMOC shown in Fig. 11, we look back some previous research

using T-scheme adding F-scheme is 12.5×106 m3/s at depth of

achievements by many authors on the AMOC.

1 000 m, and by using T-scheme alone is 17.1×106 m3/s at depth

To study the sensitivity of the MOC to the magnitude of the
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Table 1. The vertical layers in the LICOM model (Liu et al., 2004)
zj/m

ǻzj/m

12.500 0

12.500 0

2

37.500 0

25.000 0

3

62.500 0

25.000 0

4

87.500 0

25.000 0

5

112.500 0

25.000 0

6

137.500 0

25.000 0

7

162.500 0

25.000 0

8

187.500 0

25.000 0

9

212.500 0

25.000 0

10

237.500 0

25.000 0

11

262.500 0

25.000 0

12

287.500 0

25.000 0

13

312.500 0

25.000 0

14

341.593 5

29.093 5

15

382.843 0

41.249 5

16

443.941 7

61.098 7

17

531.979 7

88.038 0

18

653.228 6

121.248 9

19

812.950 9

159.722 3

20

1 015.239 9

202.289 0

vertical diffusivity, Bryan (1987) utilized a primitive equation
ocean general circulation model. The model domain is a 60°
wide sector of the sphere, extending from the Equator to the
Poles, with a constant depth of 5 000 m. And the magnitude of
the vertical diffusivity is a constant in this domain. His experiment results revealed that the strength of the clockwise meridional circulation shows an approximate cube root dependence
on the magnitude of the vertical diffusivity (Bryan, 1987, Fig.
8). Considering that the magnitude scope of the vertical diffusivity in our experiments corresponds roughly to Experiment
2 (0.1×10−4 m2/s) and Experiment 1 (0.5×10−4 m2/s) of Bryan
(1987, Table 1), seen in above sections, we point out that the
modeling strength of the AMOC in our experiments is roughly
consistent with that of Bryan (1987).
If the magnitude of the vertical diffusivity is not a constant
in the studied domain, and its location is changed, how the
modeling strength of the AMOC varies? The large-scale consequences of diapycnal mixing location are explored by Scott
and Marotzke (2002) by using an idealized three dimensional
model of buoyancy-forced flow in a single hemisphere. Diapycnal mixing is most effective in supporting a strong MOC if mixing takes place in regions with strong stratification, that is, in
the thermocline at low-latitudes where diffusion causes strong

0
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0°
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80°N

7 Conclusions
In summarizing the contents in this paper, even though only
the numerical experiment of the general equilibrium state in
the OGCM being conducted, five primary conclusions are obtained as follows.
(1) In the study of parameterization of vertical mixing (or
diapycnal mixing) in the stably stratified interior below the surface mixed layer in the OGCM, the impacts of both turbulence
mixing and the inertial internal wave breaking mixing (finestructure) should be considered. In the mid- and high-latitude
0

20

2 000

4
0

3 000

−4
−8

4 000

−12

1 000
2 000

−20

80°N

20
12
4
0

3 000

−4
−8

4 000

−12
−16

−16
5 000

40°N

8
Depth/m

Depth/m

8

AMOC transport/106m3∙s−1

12

0°

16

16
1 000

40°S

5 000

−20

Fig. 11. The modeling results of the annual-mean AMOC transport in years 151–200 of spin-up run, by using T-scheme alone (a),
and by using T-scheme adding F-scheme (b).

AMOC transport/106m3∙s−1

j
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vertical buoyancy fluxes. However, at high latitudes with weak
stratification, diapycnal mixing plays little role in determining
MOC strength, consistent with weak diffusive buoyancy fluxes
at these latitudes. But, in the experiments of Scott and Marotzke (2002) only turbulence mixing is considered, and the vertical
diffusivity of salinity is thought to be the same as that of temperature.
In our comparison experiment in this paper, in the region
from 15°S to 15°N the vertical diffusivity is the same for T-scheme
adding F-scheme and T-scheme alone, but in the mid- and
high-latitude regions the vertical diffusivity for T-scheme adding F-scheme is larger than that for T-scheme alone, and the
vertical diffusivity of salinity is larger than that of temperature
in the main thermocline in these regions. As a result of the contrast of the vertical diffusivity between these two schemes, the
strong ventilation process takes place in the experiment with
T-scheme adding F-scheme, that is, the more vertical transport of water from the depths to the surface occurs in the midand high-latitude regions. This phenomenon must reduce the
horizontal meridional density gradient of water between the
equatorial ocean and the mid- and high-latitude ocean, so the
AMOC in the experiment with T-scheme adding F-scheme decreases reasonably compared with that in the experiment with
T-scheme alone, though in the mid- and high-latitude regions
the more vertical transport of water from the depths to the surface could give rise to the increment of the MOC in a smaller
area. Here we emphasize that inertial internal waves and inertial forcing of wind prevail in the mid- and high-latitude ocean,
but not in the equatorial ocean.
We deem that the modeling strength of the AMOC by using
T-scheme adding F-scheme may be more reasonable than that
by using T-scheme alone, because the modeling strength of the
AMOC will increase obviously when the overflow parameterization (Danabasoglu et al., 2010) and other features are incorporated, as indicated by the results of Danabasoglu et al. (2012, Fig.
1). Of course, the physical processes need to be further studied.
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regions the diffusivity by using T-scheme adding F-scheme is
twice or more than that of turbulence mixing alone, which is a
powerful vertical mixing to dominate the MOC. This result provides a powerful support for understanding both vertical mixing processes in the ocean interior and wind induced Ekman
upwelling in the Southern Ocean drive the MOC (e.g., Munk
and Wunsch, 1998; Wunsch and Ferrari, 2004; Kuhlbrodt et al.,
2007).
(2) In F-scheme there are three characteristics distinct from
that of the turbulence mixing scheme, which are of significance
for studying MOC.
(3) A notable improvement in the simulation of salinity and
temperature in the global ocean is attained by using T-scheme
adding F-scheme, especially in the mid- and high-latitude regions in the simulation of the intermediate water and deep
water. Hence we infer that the inertial internal wave breaking
mixing and inertial forcing of wind might be the important
mechanisms maintaining the ventilation process.
(4) The modeling strength of the AMOC by using T-scheme
adding F-scheme may be more reasonable than that by using
T-scheme alone, though the physical processes need to be further studied, and the overflow parameterization (Danabasoglu
et al., 2010) needs to be included.
(5) A shortcoming of F-scheme is that the error of simulated
salinity and temperature by using T-scheme adding F-scheme
is larger than that by using T-scheme alone in the subsurface
layer.
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Abstract
The spatial and temporal variation characteristics of the waves in the South China Sea (SCS) in the boreal
winter during the period of 1979/1980–2011/2012 have been investigated based on the European Centre for
Medium-range Weather Forecasts interim (ERA-Interim) reanalysis dataset. The results show that the leading mode of significant wave height anomalies (SWHA) in the SCS exhibits significant interannual variation
and a decadal shift around the mid-1990s, and features a basin-wide pattern in the entire SCS with a center
located in the west of the Luzon Strait. The decadal change from a weak regime to a strong regime is mainly
associated with the enhancement of winter monsoon modulated by the Pacific decadal oscillation (PDO).
The interannual variation of the SWHA has a significant negative correlation with the El Niño Southern
Oscillation (ENSO) in the same season and the preceding autumn. For a better understanding of the physical mechanism between the SCS ocean waves and ENSO, further investigation is made by analyzing atmospheric circulation. The impact of the ENSO on the SWHA over the SCS is bridged by the East Asian winter
monsoon and Paciﬁc-East Asian teleconnection in the lower troposphere. During the El Niño (La Niña), the
anomalous Philippine Sea anticyclone (cyclone) dominates over the Western North Paciﬁc, helps to weaken
(enhance) East Asian winter monsoon and then emerges the negative (positive) SWHA in the SCS.
Key words: ocean waves, interannual variability, South China Sea, ENSO, PDO
Citation: Zhu Geli, Lin Wantao, Zhao Sen, Cao Yanhua. 2015. Spatial and temporal variation characteristics of ocean waves in the
South China Sea during the boreal winter. Acta Oceanologica Sinica, 34(1): 23–28, doi: 10.1007/s13131-015-0592-0

1 Introduction
The South China Sea (SCS) is the largest semi-enclosed marginal sea of the Pacific Ocean, located in the southernmost of
Eurasia. The Taiwan Strait and the Luzon Strait in northeastern
connect to the East China Sea and the western Philippine Sea.
The Mindoro Strait in the east connects to the Sulu Sea, Sunda shelf in the southern SCS between the Malay Peninsula and
Borneo exchanges water with Java Sea. The west boundary is
adjacent to the Gulf of Tonkin, Vietnam and the Gulf of Thailand
from north to south. The SCS has abundant resources, such as
oil, gas, rare metals and fish. For these superior sea conditions,
the SCS has become a busy shipping lane, and even been growing into a center of economic activities rapidly (Sharma et al.,
1996), which provides a favorable environment to China’s economic development.
The SCS is one of the most typical monsoon regions (Wyrtki,
1961), close to equatorial Pacific warm pool, influenced by the
ascending branch of Walker circulation (Chen et al., 1997), local
Hadley circulation and low-level cross-equatorial flows (Tan et
al., 1995). The coastal areas in the SCS are frequently attacked
by oceanic disasters that destroy people's lives and properties,
thus, meteorological and oceanographic studies are urgently
needed to ensure that human activity run on the rails. Ocean
wave disaster, one of the most frequent marine disasters, has
a deep social and economic influence on South China (Zhao et

al., 2012). Investigating the ocean wave characteristics will help
predict the ocean wave disaster and reduce the loss.
However, the ocean wave characteristics have not been well
identified in the SCS due to lack of data before the 1980s. With
the rapid development of satellite observations and data processing methods, more and more long-term datasets have been
obtained for marine climate research (Chen et al., 2013). Many
previous studies have shown that the ocean waves over the SCS
have different timescale variations (Wang et al., 2001; Wang et
al., 2003). For seasonal variations, Qi et al. (1997) firstly used
monthly GEOSAT (GEOdetic SATellite) altimeter data to present
that the significant wave height (SWH) in the SCS is stronger in
the boreal winter than other seasons. Zhou et al. (2007) and Li
et al. (2012) came to look for results based on ocean wave simulations in the SCS by using Wave Watch III wave model. For
interannual variations, Guo et al. (2012) provided an evidence
that wave height and surface wind variation are closely related
to the Niño-3 index, and have a common period of 3–5 years
that is consistent with the EI Niño-Southern Oscillation (ENSO)
(Chen et al., 2006). Even so, the dynamic mechism between the
SCS ocean wave variations and the ENSO has not been well
identified.
In this work, we intend to study how the ENSO takes effect on
the wave height in the SCS in the boreal winter. Few published
studies have focused on the interdecadal varitions of the ocean
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waves in the SCS so far. This paper will give the interdecadal
characteristic of the wave height and discuss its relationship
with the Pacific decadal oscillation (PDO). Section 2 describes
datasets and methods. Results are shown in Section 3, which
includes typical anomalous significant wave height patterns in
the SCS (Section 3.1), interdecadal variability (Section 3.2), and
interannual variability (Section 3.3). Summary and conclusions
are presented in Section 4.

from the Climate Prediction Center of the National Oceanic and
Atmospheric Administration (NOAA) (http://www.esrl.noaa.
gov/psd/data/climateindices/list/).
The methods used in this paper include empirical orthogonal function (EOF) analysis, regression analysis and composite
analysis. The correlation coefficients corresponding to the 95%
and 99% significance levels are 0.35 and 0.45, respectively, with
a sample size of 32 (1979/1980–2011/2012).

2 Data and method
The ERA-Interim reanalysis dataset (Dee et al., 2011) with a
resolution of 0.75°×0.75°during 1979–2012 provided by the European Centre for Medium-range Weather Forecasts (ECMWF)
is used in this paper. For ocean wave observations, we use the
fourth-daily significant height of combined wind waves and
swell data (simply SWH hereafter) to produce monthly SWH
data. Sorting the observed wave height in descending order, the
average of the top one third wave height is called a significant
wave height, it is an important variable which is widely used to
study the ocean waves (Monaldo, 1988; Caires et al., 2004). For
a wind field, we use a monthly mean wind at 10 m above the
sea surface. Variable anomalies are defined as monthly mean
departures from monthly climatology (1979–2012). The present
study focuses on the boreal winter season (November, December, January, February and March, NDJFM).
The Niño3.4 index, defined as the sea surface temperature
(SST) anomaly averaged within the region (5°N–5°S, 170°–
120°W), is used to quantify the ENSO. The PDO is well known
decadal variability of air-sea systems (Mantua and Hare, 2002),
which is defined as the leading standardized principal component time series of monthly SST anomalies in the North Pacific
(poleward of 20°N), with the global mean SST anomalies removed. The Niño3.4 index and the PDO index are downloaded

3 Results
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3.1 Typical anomalous significant wave height patterns in the
SCS
In this section, the EOF analysis is applied to the monthly
mean SWH anomalies (SWHA) to extract the dominant modes
of variability over the winter SCS during 1979/1980–2011/2012
based on 6-hourly ERA-Interim reanalysis dataset. Figure 1
gives the two leading modes (EOF1 and EOF2) of the SWHA with
a spatial distribution in the left panel and the corresponding
normalized principal components (PC1 and PC2) in the right
panel. The EOF1 and the EOF2 are well separated according to
the criterion of North et al. (1982). They account for 78.4%, 9.2%
of the total variance, respectively. The leading mode features a
basin wide pattern in the whole SCS with a center located to the
southwest of the Luzon Strait (17°N, 115°E). This center is also
found by Chen et al. (2006), but their result is a little different
from ours with the SWHA higher in the Taiwan Strait as well as
the western Philippine Sea. In the positive phase of the normalized PC1 (Fig. 1), the basin-wide mode shows a higher SWHA in
the western Philippine Sea along northeast and southwest and
in the east of the Philippines. The PC1 exhibits significant interannual and decadal variabilities. The PC1 is strongly negative
in 1982/1983, 1997/1998 and 2009/2010 which are precisely
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Fig. 1. The leading modes (EOF1 and EOF2, left panel) of significant wave height anomalies in the boreal winter during 1979/1980–
2011/2012 and the corresponding normalized principal components (PC): PC1, PC2 (right panel). In the right panel, the blue,
dashed and red lines denote the PC, the trend of the PC and the detrended PC, respectively. Explained variances are shown in the
top-right corner of each subplot.
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corresponding to the El Niño episodes in the eastern equatorial
Pacific, meanwhile strongly positive in 1988/1989, 1995/1996,
1999/2000, 2008/2009 and 2010/2011 are corresponding to
the La Niña episodes. Also the trend part of the PC1 is 0.05 m/
year with a 99% signiﬁcant level during the past 32 years from
1979/1980 to 2011/2012, indicating that the SWH is ascending
with the PC1 phase shift in the mid-1990s (Fig. 1).
The EOF2 exhibits a meridional dipole mode with a node
line located at about 13°N and no significant center on both
sides. The trend part of the PC2 (dashed lines in PC2) is 0.01 m/
year, which does not pass sinificant test at 50% level (P-value is
equal to 0.40), indicating that interannual variation dominates
the PC2. Hereafter we only show the result of the EOF1 because
the higher mode explains total variance of the SWHA in the SCS.
The above analysis indicates that the PC1 has a phase shift in
mid-1990s and is closely related to the ENSO. The decadal variations of the SWHA will be further discussed in Section 3.2. The
analysis of the relationship between the ENSO and the SWHA in
the SCS will be shown in Section 3.3.
3.2 Interdecadal variability
To reveal the interdecadal variability of the SWHA in the SCS,
Figure 2 shows the averaged SWHA during 1979/80–1991/1992
(Fig. 2a) and 1999/2000–2011/2012 (Fig. 2b) and their difference
(Fig. 2c). It is easy to see from Figs 2a and b that an opposite
basin-wide SWHA signal exists in the SCS between 1979/80–
1991/1992 and 1999/2000–2011/2012. The SWHA is stronger in
the northern and central SCS (north of 10°N) than in the southern SCS (south of 10°N). Most area of the difference passes a statistical test at a confidence level of 99% (Fig. 2c), which implies
that there indeed exists a decadal phase shift during 1979/1980–
2011/2012 with a node year in the mid-1990s. These results are
consistent with the EOF1 pattern and the PC1's time series as
shown in Figs 1a and b, respectively.
The Pacific decadal oscillation (PDO) is widely regarded as a
decadal variability with a phase shift from warm to cool during
the late 1990s (Zhu et al., 2011), which has a great impact on
the global climate. We are surprised to see the time of an interdecadal transformation is almost at the same period with that
of the PC1 shift of the SWHA. To clarify whether exist the linkages between the phase shift of the SWHA in the SCS and the
PDO, we compared the PDO in the boreal winter (NDJFM_PDO)
and the preceding autumn (September, October, SO_PDO) with
the PC1. The correlation coefficients between the SO_PDO and
the PC1, the NDJFM_PDO and the PC1 are −0.53, −0.48, respectively. All the coefficients passed a significant test at 99% level
which implies that the PDO in autumn/winter has impact on
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a

the SWHA in the SCS on decadal time-scale. Figure 3 only gives
the PC1 of the SWHA and the preceding autumn PDO. Both of
these time series exhibit a phase transition in the mid-1990s,
with PDO averaged and PC1 averaged during 1979/1980–
1991/1992 are 0.37, −0.55, respectively, and those during
1999/2000–2011/12 are −0.43, 0.50, respectively. Apparently, the
SWH is below the normal condition in the SCS in the positive
phase of the PDO. On the contrary, the SWHA is almost in the
positive phase during the negative phase of the PDO.
What is the physical mechanism responsible for the phase
shift of PDO in winter is not clear, a possible explanation is
associated with the regional climate and the winter monsoon.
Many efforts (Wang et al., 2008; Kim et al., 2014) have been
made to explore the combined impacts of the ENSO and PDO
on the East Asian winter monsoon. They have found that the La
Niña occurs with a negative PDO phase that can lead to a robust
East Asian winter monsoon. In contrast, the El Niño occurs with
a positive PDO phase followed by a weakened East Asian winter
monsoon. As we all know the anomalous monsoon will inevitably drive the ocean wave, and then modulate the variability of
the SWH in the SCS. Hence, the imprint of the PDO phase shift
signals in the mid-1990s on SWHA in the SCS can be attributed
to the influence of the PDO on the East Asian winter monsoon.
3.3 Interannual variability
3.3.1 Relationship between ENSO and SWH in the SCS
The ENSO contains a strong signal in the atmosphere and
ocean interaction that make a great difference to the interannual variability of the global atmospheric circulation (Torrence
and Webster, 1998; Webster et al., 1998; He et al., 2008). The PC1
of the SWHA exhibits significant interannual fluctuation and
strong anomaly years nearly coincide with the typical ENSO
episodes. The above results indicate that the ENSO may have
relationship between the interdecadal feature of the SWH in the
SCS and the PDO in the boreal winter, so it is absolutely essential to reveal the links between ENSO events and SWHA variations in the SCS.
Figure 4 shows the detrended PC1 of the SWHA, the NDJFM mean Niño3.4 index, and the preceding autumn mean
Niño3.4 index. To depict the interannual varibility of SWH perfectly, here we remove the trend of the PC1. Obviously, NDJFM
mean Niño3.4 index are almost in the opposite phase with
the detrended PC1. Namely, the positive (negitive) Niño3.4
index almost corresponds to the negitive (positive) phase of
the detrended PC1, and vice versa. The correlation coefficient
between the detrended PC1 and the Niño3.4 index is −0.79 in
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Fig. 2. Mean significant wave height anomalies in the boreal winter (NDJFM) during 1979/1980–1991/1992 (a) and 1999/20002011/2012 (b) and their differences (c). In Fig. 2c, dotted regions indicate significant values at a confidence level of 99% using a
student's t-test.
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Fig. 3. The normalized PC1 of significant wave height
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Fig. 4. The normalized NDJFM detrended PC1, NDJFM
Niño-3.4 index, and the preceding autumn (SO) Niño3.4 index during 1979/1980–2011/2012.
the synchronous season with a 99% significance level. And the
detrended PC1 is also highly correlated with the preceding SO
mean Niño3.4 index, whose correlation is −0.76 that pass 99%
significance level. The aforementioned result also reveals that
the ENSO in the preceding autumn may influence the SWH in
the SCS in the boreal winter as the PDO.
Composite analysis is a common method for dealing with
abnormal climate. We divided the strong ENSO years into
El Niño year and La Niña year. The El Niño years (1983, 1987,
1992, 1995, 1998, 2003 and 2010) are defined as the standardized Niño3.4 index greater than 1.0, and the La Niña years
(1985, 1989, 1999, 2000, 2008 and 2011) are defined as the standardized niño3.4 index less than −1.0. The composite SWHA
during the El Niño years and the La Niña years aliased as the
positive strong Niño3.4 (PSN) and the negative strong Niño3.4
(NSN) are shown in Figs 5a and b. The same way to find positive
strong PC1 years (PSP: 1984, 1989, 1996, 2000, 2008 and 2011)
and negtive strong PC1 years (NSP: 1983, 1998 and 2010), their
corresponding spatial distributions of the composite SWHA are
shown in Figs 5c and d any respectively.
For the composite years, the years in the PSP except 1984 and
1996 coincide with La Niña years, and the years in the NSP are
all included in El Niño years. Therefore, the SWH in the SCS reserves tremendous information of the ENSO. During the El Niño
years, the SWH is lower than that in normal years in the entire
SCS basin. Conversely, SWHA is positive in the SCS during the
La Niña years. That is along the lines of the earlier conclusion
shown in Fig. 4. The four composite plots of the SWHA in the

SCS shown in Fig. 5 exhibit a similar basin-wide spatial pattern
along the northeast-southwest direction with a center located
to the west of the Luzon Strait (15°–20°N, 113°–116°E). SWHA in
composite PSP and NSN years are positive, while NSP and PSN
years are negative. Correlation coefficients between any two of
the four patterns are greater than 0.85. These all prove that the
interannual modulation of the ENSO on the SWHA in the SCS is
very important. The magnitudes of the SWHA in strong positive
(negative) PC1 years are larger than those in La Niña (El Niño)
years, which implies that the ENSO is not the only driving factor
of interannual variations of the SWHA in the SCS in the boreal
winter. The SWHA are relatively high in strong ENSO years than
those in strong PC1 years to the southeast of the Luzon Strait
in the Western Pacific, which may contribute to the SWHA in
the SCS.
3.3.2 Mechanism for how ENSO influencing SWH
The above statistical analysis suggests that the leading mode
of the SWHA in the SCS during the boreal winter is dominated by variations of preceding autumn and simultaneous ENSO
signal. The physical mechanism for the impact of the ENSO on
ocean waves in the SCS is not known yet. However, many studies have shown that the temporal and spatial variations of the
SWH are closely associated with a local surface wind direction
and speed (Wyrtki, 1961; Zhao et al., 2007; He and Wu, 2013). In
particular, strong northeasterly winter monsoon winds prevailing over the whole SCS from November to March, meanwhile,
the SCS is controlled by the northeastward waves.
The physical linkages between the ENSO and the East Asia
winter monsoon have been investigated by many works (Tao
and Zhang, 1998; Mu and Li, 1999; Chen, 2002; Ding et al.,
2004; Wang et al., 2000), which formed a series of theories. A famous work by Wang et al. (2000) has interpreted the dynamic
mechanism of the ENSO affecting East Asia monsoon, that is
Paciﬁc-East Asian teleconnection in the lower troposphere. The
anomalous lower-tropospheric anticyclone (cyclone) located in
the vicinity of the Philippine Sea is the key system that bridges the El Niño (La Niña) event in the equatorial eastern Pacific
and weakens (strengthens) East Asian winter monsoons. Wang
et al. (2000) implemented a model to show that the anomalous
Philippine Sea anticyclone (cyclone) results from a Rossby wave
response induced by local ocean surface cooling (warming) and
central Paciﬁc warming (cooling) when the El Niño (La Niña)
event occurs, and persists because of the positive thermodynamic feedback between the local SST and anticyclone (cyclone) itself in the presence of mean northeasterly trades.
The regression map of the anomalous wind field in the SCS
in the boreal winter on the Niño3.4 index multiplied by −1 is
depicted in Fig. 6a. A typical anomalous cyclone dominates
the larger part of the SCS that enhances northeasterly over the
northern SCS, and the most area of the northern SCS (north of
15°N) passes 95% significance level. Meanwhile, the regressed
wind field against with PC1 appears a similar anomalous cyclone and even the same significant region (Fig. 6b). The phenomenon can be explained by the Paciﬁc-East Asian teleconnection theory. The anomalous cyclone circulation occurs near
the Philippine Sea followed a cooling condition over the east
equatorial Pacific, which will enhance the northeasterly over
the northern SCS (Fig. 6c) and finally intensify the fluctuation
ocean waves, increasing the SWH. In the same way, the anomalous anticyclone over northwestern Pacific is almost along with
east equatorial Pacific warming event, and then controls the
SWH in the SCS by affecting the wind field.
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4 Summary and discussion
In this paper, we investigated the temporal and spatial variations of the significant wave height in the SCS during the boreal
winter (NDJFM) from 1979/1980 to 2011/2012 based on the high
resolution ERA-Interim reanalysis dataset. The leading mode of
the SWHA exhibits a basin-wide pattern in the entire SCS with
a center located to the west of the Luzon Strait, explaining 78%
of the total variance. The corresponding time series has remarkable interannual variations and a decadal shift in the mid-1990s
from negative to positive.
The key of this work is to explore the relationship between
the interannual variations of the NDJFM SWHA in the SCS and
the ENSO. Analysis manifests that the SWHA variability is significantly negative correlated with the homochronous ENSO,
especially in the strong ENSO years. We have attempted to document the dynamic mechanism of the ENSO affects the ocean
waves variability in the SCS. Our results indicates the impact of
the ENSO on the SWH in the SCS is bridged by the East Asian
winter monsoon and the Paciﬁc-East Asian teleconnection in

the lower troposphere proposed by Wang et al. (2000). During
the warm phase of the ENSO (El Niño), the anomalous anticyclone usually appears in the vicinity of Philippine Sea in the boreal winter, weakens the East Asian winter monsoon and leads
to the SWH lower than the normal condition. Instead, for the
cool phase of the ENSO (La Niña), anomalous cyclone covers
the entire SCS, enhances the monsoon, increases the wave
height and emerges the positive SWHA.
The decadal shift of the leading mode of the SWHA in the
SCS is consistent with the PDO phase shift from warm to cool
during the late 1990s, the same time period as the East Asia winter monsoon phase transportation (Zhu et al., 2011). Hence, we
propose that PDO modulates the East Asia monsoon, and then
conveys the decadal signal to ocean waves. Wang et al. (2008)
presented that the impact of ENSO on East Asia winter monsoon can be modulated by PDO phase. Is there modulation of
PDO on ENSO and ocean waves over the SCS? The problem is
worth further study when long-term ocean waves data are available.
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It should be note that the NDJFM SWH are also the closely
correlated to the preceding autumn ENSO, which implies that
the ENSO is potential predictor for the SWH in the SCS during
the boreal winter in short-range climate prediction. The prediction model for the SWH in the SCS and their uncertainty analysis will be pursued in a subsequent publication.
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Abstract
A numerical method is designed to examine the response properties of real sea areas to open ocean forcing.
The application of this method to modeling the China's adjacent seas shows that the Bohai Sea has a highest
peak response frequency (PRF) of 1.52 d−1; the northern Yellow Sea has a PRF of 1.69 d−1; the Gyeonggi Bay
has a high amplitude gain plateau in the frequency band roughly from 1.7 to 2.7 d−1; the Yellow Sea (including the Gyeonggi Bay), the East China Sea shelf and the Taiwan Strait have a common high amplitude gain
band with frequencies around 1.76 to 1.78 d−1 and are shown to be a system that responds to the open ocean
forcing in favor of amplifying the waves with frequencies in this band; the Beibu Gulf, the Gulf of Thailand
and the South China Sea deep basin have PRFs of 0.91, 1.01 and 0.98 d−1 respectively. In addition, the East
China Sea has a Poincare mode PRF of 3.91 d−1. The PRFs of the Bohai Sea, the northern Yellow Sea, the Beibu Gulf and the South China Sea can be explained by a classical quarter (half for the Bohai Sea) wavelength
resonance theory. The results show that further investigations are needed for the response dynamics of the
Yellow Sea-East China Sea-Taiwan Strait system, the East China Sea Poincare mode, the Taiwan Strait, and
the Gulf of Thailand.
Key words: China's adjacent seas, response to tidal forcing, peak response frequency, resonance, numerical
model
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1 Introduction
A tidal resonance is of particular interest for oceanographers
to reveal the response features of sea areas to the tidal forcing
(Proudman, 1953; Defant, 1961). In particular, two thirds of the
total tidal energy of the world ocean is dissipated in the shallow sea regions, and the regions with the greatest dissipation
are mostly resonant regions. The sea area adjacent to China is
one of such regions (Webb, 2013b). Garrett (1972, 1975) estimated the resonant period of the Gulf of Fundy to explain the
cause of the greatest tidal range in the world ocean of the gulf.
Heath (1981) estimated the resonant periods of the Atlantic and
Pacific Oceans. Godin (1993) discussed the general resonant
properties of the marginal seas. Recently, Sutherland and Garrett (2005) and Roos et al. (2011) estimated the resonant periods
of the Juan de Fuca Strait and the North Sea respectively; Webb
(2013a) investigated shelf resonances of the English Channel
and the Irish Sea. These studies are of essential importance for
understanding the response behaviors of the regions to tidal forcing. For the seas adjacent to China, many studies have
proposed that resonances are responsible for the great tides in
some areas. Cao and Fang (1990) reported that Zheng and Fang
attributed the amplified diurnal tides to the resonance in the
Beibu Gulf in 1964. They estimated a resonant period of 28.9 h
for the gulf by taking its length and mean depth equal to 500 km

and 37.8 m, respectively (Cao and Fang, 1990). Fang et al. (1999)
estimated a resonant period of 25.1 h for the gulf by taking its
length and mean depth as 500 km and 50 m, respectively. An
(1977) attributed the great semidiurnal tides in the Gyeonggi
Bay (previously translated as Kyonggi Bay, he called it the Inchon Bay), which is located by Inchon, Korea, to the resonance.
He estimated a resonant period of about 10 h for the bay by taking the length and mean depth to be 100 km and 10 m, respectively (Note: An's estimation was not accurate; the accurate value of the resonant period for a semiclosed basin with a length
of 100 km and a depth of 10 m should be 11.2 h). However, Choi
(1980) showed that such resonance would only occur with Coriolis force present (see also Yanagi and Inoue, 1994). Lin et al.
(2001) attributed the great semidiurnal tides in the Taiwan Strait
to the resonance too. They regarded the Taiwan Strait as a shelf
with a mean depth of 80 m and a length of 628 km uplifted from
deep ocean with depths of 5 000 m on two sides, and suggested
that the length of the shelf was equal to 1/2 of the wavelength of
the M2 tide, so resonance could occur. Zu et al. (2008) regarded
the South China Sea as a Helmholtz resonator, and obtained a
resonant period of 24.8 h, which is within the diurnal tidal band
(the calculation of Zu et al. is not correct, see discussion of this
paper).

Foundation item: The National Natural Science Foundation of China under contract Nos 40676009 and 40606006; the Basic Research Project of
Qingdao Science and Technology Program of China under contract No. 11-1-4-98-jch.
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So far the estimation of the resonance period in all previous
studies is based on extremely simplified models, the Merian's
formula (namely the so-called one-quarter wavelength resonance for semiclosed basin), the Helmholtz mode (see LeBlond
and Mysak, 1978), or the Garrett's model, which is essentially
a frictional version of the one-quarter wavelength resonance
model, as shown in a study by Godin (1993), and another by
Sutherland and Garrett (2005). Since the theories do not consider the complexity of the real ocean and its dynamics, the
estimated resonant periods still contain great uncertainty. For
example, Garrett's (1972) estimate for the Bay of Fundy is 13.3 h,
while Godin’s (1993) estimate for the bay is 12.5–12.7 h. The difference between these two estimates is nearly triple the difference between the periods of N2 and M2 tides (the periods of N2
and M2 tides are 12.66 and 12.42 h, respectively). In the present
study, we will employ a numerical method that can directly estimate the peak response frequencies (PRFs) of any sea area, and
apply this method to the seas adjacent to China. The resonant
frequencies are certainly included in the PRFs. An additional
advantage of this method is that it not only estimates the PRFs,
but also provides the spatial response pattern for each PRF.
2 Method

2.3 Application to China's adjacent seas
A computational domain is from 99° to 131°E and from 2°S
and 42°N, covering the Bohai Sea, the Yellow Sea, the East China Sea (ECS), and the South China Sea (SCS) as shown in Fig.
1. An open boundary is chosen along the meridian of 131°E in
the east, and along the latitude parallel of 2°S west of the Kalimantan and 0.75°N east of Kalimantan in the south. The grid
resolution is set to (1/12)°. The water depths are based on the
dataset DBDB5 (National Geophysical Data Center, Boulder,
Colorado) modified with depth data from navigation charts.
In the present numerical experiment, the bottom friction coefficient r is taken as 0.001 m/s. The amplitudes Am (i, j ) on the
open boundary are taken as a constant A=2 cm; the phase-lags
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2.1 Governing equations
In this method any free-surface ocean numerical model can
be used. Specifically, here we use the Princeton ocean model
(POM). For estimating the PRFs, a two-dimensional model
is sufficient. Currently, the studies on the tidal resonance are
generally restricted to the linear dynamics (e.g., Garrett, 1972;
Heath, 1981; Godin, 1993; Sutherland and Garrett, 2005) to
avoid the complexity caused by interaction among different
waves. In this study we also restrict our study scope to the linear case, thus the original governing equations in the POM are
linearized as follows:

where (i, j) indicate the grid points on the open boundary;
fmŁmǻf, is the frequency of the mth wave of interest, with
ǻf representing the spectrum resolution, and m=M1, M1+1
M1+2,…, M2; and Am and T m are the amplitude and phase-lag of
the mth wave respectively. The purpose of the present study is
to examine the response properties of the study area to the tidal
forcing from the open ocean, ǻf is chosen to resolve main tidal
constituents. The frequencies of Q1, O1, K1, N2, M2, and S2 tides
are 0.037 22, 0.038 73, 0.041 78, 0.079 00, 0.080 51, and 0.083 33
h−1 (cycles per hour) respectively. The minimum frequency
difference is 0.001 51 h−1, thus we choose ǻf=1/1 024 h−1 in this
study. The reason for choosing 1 024, which is equal to 210, is
for efficiency in calculating spectra from model-produced time
series by using fast Fourier transform (FFT). If a smaller/greater
ǻf is used one can calculate spectra of higher/lower resolution,
but this requires to integrate the model for longer/shorter time.
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2.2 Open boundary condition
The model is forced by sea level variations along the open
boundary. To examine the responses of the sea area to the sea
level oscillations of various frequencies, the open boundary
condition is taken as follows:
M2

50

(3)

where t is time; Ȝ and ĳ are the east longitude and north latitude
respectively; ȗ is the surface height above the undisturbed sea
level; u and v are the east and north component of fluid velocity
respectively; R is the radius of the earth; f=2:sinĳ, is the Coriolis parameter with : representing the angular speed of the
earth's rotation; g is the acceleration due to gravity; H is the
water depth; and r is the linearized bottom friction coefficient.
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Fig. 1. Study area. The contours show the water depth
(m) distribution.
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are chosen independent of the location(i, j), but dependent on
the wave frequency, that is, θ m (i, j ) = θ m . T m are random numbers
uniformly distributed in the interval (0, 2ʌ), produced by a standard random number generator. The purpose of using random
phase-lags is to avoid that all or part of the waves have the same
phase at a particular time, resulting in unreasonably high or low
sea surface height at this moment. Since we are interested in
the response to the tidal forcing, M1 and M2 are chosen as 1 and
171 respectively. That is, the frequencies of the study wave range
from 1/1 024 to 171/1 024 h−1, or 0.023 4 to 4.007 8 d−1 (cycles per
day). The corresponding periods range from about 6 to 1 024 h
(about 43 d), covering all major tidal frequencies.
The model is integrated from a rest state (sea surface heights
and velocities are all set 0 at initial time), with time step taken
as 8 s. To examine whether the model results have reached a stable cyclic state, we calculate the mean energy density (E) on an
hourly basis, as per the equation:
E=

1
ρ ⎡⎣ gζ 2 + H ( u 2 + v 2 )⎤⎦ dS ,
2 S ∫∫
S

(5)

where S represents the entire computational domain, also the
area of the domain; dS is the area element; and ȡ represents the
water density. The evolution of E against time in three 1 024 h
cycles is shown in the upper panel of Fig. 2. It can be observed
that a stable cyclic state has been basically established in the
second cycle. The lower panel of Fig. 2 illustrates the difference between the energy densities at time t and t+1 024, that is,
ΔE (t ) = E (t + 1 024) − E (t ) . It can be seen from the figure that the
energy density difference between the third and second cycles
becomes very small.
The hourly (every 450 time steps) results at each grid point
in the last cycle of 1 024 h are saved, and are subject to the fast
Fourier transformation (FFT) analysis for amplitudes Am(i, j)
and phase-lag șm(i, j). Here (i, j) represents the grid point in
the inner computational domain. The amplitude ratio and the
phase-lag difference

Rm (i, j ) { Am (i, j ) / A ,

(6)

ψ m (i, j ) ≡ θ m (i, j ) − θ m ,

(7)

characterize the response of point (i, j) to the forcing at the open
boundary. The value Rexp(iȥ) can be called the admittance according to Munk and Cartwright (1966). In particular, Rm(i, j)
represents the amplification factor of the mth wave at the point
(i, j) relative to the forcing, and this is called amplitude response
by Munk and Cartwright (1966). In this paper we will call R and
ȥ the amplitude gain and the phase change respectively according to Sutherland and Garrett (2005) and Roos et al. (2011).
3 Results and discussion
In this study we examine the response properties of the Bohai Sea, the northern Yellow Sea, the Gyeonggi Bay, the southern
Yellow Sea, the ECS shelf, the Taiwan Strait, the Beibu Gulf, the
Gulf of Thailand, and the SCS deep basin. Here the ECS shelf is
defined as extending to the 500 m isobath, and the SCS deep
basin is defined as being bounded by the 500 m isobath and
the Luzon Strait. These sea areas are denoted by G1 through
G9, with their coverage shown in Fig. 3. The mean water depths
of these areas are calculated using depth values at model grid
points, and are listed in Table 1. For a specific wave, the amplitude gain values along the head of the study sea area are generally averaged and used to represent the response property (e.g.,
Roos et al., 2011). For a real sea area, however, it is difficult to
determine what part should be chosen as the head. In practice,
when observational results are used for evaluating the response
property only some individual tidal stations are chosen in the
calculation, as done by, for example, Garrett (1972), and Sutherland and Garrett (2005). In the present work, the model results
at all grid points are available, we thus choose the mean value
of the top 10% gains of a wave to represent the response of the
wave in each area, and this kind of mean gain values of all waves
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Fig. 2. Evolution of mean energy density (upper panel) and one-cycle energy density difference (lower panel) with time in the
computational domain.
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21 m (Table 1). According to the Merian’s formula (e.g., Defant,
1961, p.154), these parameters will yield the period of the lowest
mode free oscillation to be T 2 L / gH |55 700 s|15.5 h, which
is close to the model result. The response pattern of the wave
with a frequency 1.52 d−1 is given in Fig. 5 (Figs 5–8 only show
the northern part of the computational domain).
The northern Yellow Sea has the highest peak at frequency/
period of 16.9 d−1/14.2 h (Fig. 4b). The response pattern of the
wave of this frequency is given in Fig. 6. The distance from the
southern coast of the Liaodong Peninsula to the entrance of the
northern Yellow Sea is about 250 km; the mean depth is about
40 m (Table 1). If we regard the northern Yellow Sea as a semiclosed basin, the resonant period can be estimated from the
Merian's formula, that is, T 4 L / gH |50 500 s|14.0 h, which
is close to the model result. Figure 6 exhibits an amphidromic
point at the entrance of the northern Yellow Sea.
The response function of the Gyeonggi Bayhas an amplitude
gain plateau in the frequency band roughly from 1.7 to 2.7 d−1,
with two peaks at 1.78 and 2.04 d−1 respectively (Fig. 4c). The
former may be related to the response of the Yellow Sea-ECSTaiwan Strait system, which we will further discuss later, and
the latter may be a signature of the response property of the
Gyeonggi Bay. In fact, if we use An's (1977) length (100 km) for
the bay, and we use the mean water depth shown in Table 1,
the Merian's formula will give a resonant period of 2.24 d−1. This
value basically agrees with the model result. However, the band
width of the plateau is so wide, and the peaks do not stand up
obviously over the plateau. It is therefore hard to recognize any
frequency to be a resonant one. The large semidiurnal tides in
the Gyeonggi Bay should be mainly attributed to the Coriolis
force, as noted by Choi (1980), rather than the resonant effect.
The weakness of the resonant effect as can be seen in Fig. 4c
is possibly due to the wide entrance in comparison with the
length of the bay.
The response functions of the southern Yellow Sea, the ECS
and the Taiwan Strait have a nearly common peak with frequency/period equal to 1.76–1.78 d−1/13.5–13.7 h, (Figs 4c, d and e).
The PRF of the northern Yellow Sea is also not far from this value. It seems that the Yellow Sea, the ECS, and the Taiwan Strait
constitute a system that responds to the open ocean forcing
in favor of amplification for the wave band with frequencies
around 1.76–1.78 d−1. The response pattern of the frequency
1.78 d−1 is given in Fig. 7 (the response pattern of the frequency
1.76 d−1 is almost the same).
Fang et al. (1984) found that the semidiurnal tidal waves in
the Taiwan Strait are the superposition of the waves from the
ECS (from northeast) and those from the Luzon Strait (from
southeast). For a specific tidal constituent, when two incident
waves from northeast and southeast meet at a particular place
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Fig. 3. Coverage of examined sea areas. G1 through G9
represent the Bohai Sea, the northern Yellow Sea, the
Gyeonggi Bay, the southern Yellow Sea, the ECS shelf, the
Taiwan Strait, the Beibu Gulf, the Gulf of Thailand, and
the SCS deep basin, respectively.
constitute a frequency-dependent function, which can be used
to show the response properties of the area. The function is
hereafter called the response function. The obtained response
function for each area is shown in Fig. 4. The PRFs (the frequencies at the peaks in the response function) are listed in Table 1.
From Fig. 4a we can observe that the highest peak in the
response function of the Bohai Sea is at the frequency of 1.52
d−1, equivalent to a period of 15.8 h. This frequency should be
the resonant frequency of the lowest mode for the Bohai Sea. In
fact, if the Bohai Strait is closed and the Bohai Sea is regarded as
a rectangular basin, its length L from the head of the Liaodong
Gulf to the northern coast of the Huanghe River (Yellow River)
Delta is some 400 km, and the average water depth H is about
Table 1. Mean water depth and PRFs with corresponding periods
Area

Mean depth/m

Bohai Sea (G1)
Northern Yellow Sea (G2)
Gyeonggi Bay (G3)
Southern Yellow Sea (G4)
ECS shelf (G5)
Taiwan Strait (G6)
Beibu Gulf (G7)
Gulf of Thailand (G8)
SCS deep basin (G9)

21
40
11
48
95
54
42
36
2 497

Notes: f denotes frequency and T period.

Peak 1
f/d1
1.52
1.69
2.04
1.76
3.91
1.78
0.91
1.01
0.98

Peak 2
T/h
15.8
14.2
11.8
13.7
6.1
13.5
26.3
23.8
24.4

f/d−1

T/h

1.78

13.5

1.76
0.98

13.7
24.4

0.42

59.9
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Fig. 4. Response function (amplitude gains as function of frequency) for various sea areas.
having the same phase, the amplitude of the composed wave
will be the sum of the amplitudes of these two waves. This tidal
constituent can thus be amplified. Lin et al. (2001) idealized the
Taiwan Strait as a shelf of 80 m deep and 628 km long uplifted
from the deep oceans of 5 000 m deep on both sides, and they
believed that such a shelf would have a resonant period close
to the period of the M2 tide. Here we only find a PRF of 1.78 d−1
which is close to the M2 frequency, the cause of this PRF is subject to further investigation. Another PRF of the Taiwan Strait is
equal to 0.98 d−1, which is identical to that of the SCS deep basin
(Table 1 and Figs 4f and i). The amplification of this wave should
be attributed to the resonance in the SCS.
The frequency/period of the highest peak in the response
function of the ECS shelf is 3.91 d−1/6.1 h (Fig. 4e). The response
pattern of this frequency is given in Fig. 8. From the response
pattern we can see that this wave exhibits a Poincare mode,
which develops in the ECS and propagates northwestward to
the southern Yellow Sea. It is of significance only in the north-

ern ECS and in the mouth area of the southern Yellow Sea, and
diminishing very fast while propagating further northwest. This
frequency happens to equal to that of quarter diurnal tides, so
this result might be useful for studying the behavior of shallow
water tides in this area. A Poincare mode resonance was also
found in the North Sea by Roos et al. (2011) recently.
The response function of the Beibu Gulf has a distinguished
peak at the frequency/period of 0.91 d−1/26.3 h (Fig. 4g). The
response pattern of this frequency is given in Fig. 9 (Figs 9–10
only show southern part of the computational domain). This is
clearly a resonant period for the gulf. This value is slightly closer
to the estimate of Fang et al. (1999, 25.1 h) than the estimate by
Zheng and Fang (28.9 h, see Cao and Fang, 1990). This resonant
period is closer to O1 tide than to K1 tide (the periods of K1 and
O1 are 23.9 and 25.8 h, respectively), and can explain why O1 is
greater than K1 in the Beibu Gulf as noticed by Zheng and Fang,
and Fang et al. (1999).
The highest PRF of the Gulf of Thailand is 1.01 d−1, corre-
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Fig. 5. The spatial distribution of the amplitude gain (a) and phase change (°) (b) for the frequency/period of 1.52 d−1/15.8 h.
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Fig. 6. The spatial distribution of the amplitude gain (a) and phase change (°) (b) for the frequency/period of 1.69 d−1/14.2 h.
sponding to a period of 23.8 h (Fig. 4h). The response pattern
of the wave of this frequency is given in Fig. 10. This period is
closer to that of K1 (23.9 h) than O1 (25.8 h), and can be verified
by observations. In fact, the amplitude ratio of K1 to O1 in the
gulf is greater than that of the SCS deep basin. For example, the
ratio in the Bangkok Bar is 1.46, while that at Yongshujiao is 1.21
(see Fang et al., 1999, Table 1). However, it is worth noting that
this result cannot be explained by simply applying Merian's formula. In fact the distance from the head of the gulf to the mouth
is about 600 km, and the mean depth is about 42 m (Table 1).

Using the Merian's formula will give a resonant frequency/
period of 0.73 d−1/32.8 h for this length and depth, which disagrees with the above model result, and cannot be found in the
response function (Fig. 4h). Since the period given by Merian's
formula is closer to the period of O1 than K1, if the Merian's formula was applicable to the Gulf of Thailand, the O1 tide should
be amplified greater than K1. However this prediction is in conflict with the observations. Therefore, the response property of
the Gulf of Thailand cannot be isolated from its adjacent sea
area, the SCS part of the Sunda Shelf, or even the main body
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Fig. 8. The spatial distribution of the amplitude gain (a) and phase change (°) (b) for the frequency/period of 3.91 d−1/6.1 h.
of the SCS. Further investigations are needed to reveal how the
neighboring areas are involved in the co-oscillations in the Gulf
of Thailand.
The response function of the SCS deep basin has a gentle
peak at the frequency/period of 0.98 d−1/24.4 h, showing slightly amplified response of the basin. Zu et al. (2008) also noticed
this amplification, but they improperly attributed it to the
Helmholtz resonance. The resonant frequency of a Helmholtz
resonator is equal to f 0 = (1/ 2π) gE /Sl , where S is the area of
the basin, and E and l represent the cross-sectional area and

the length of the channel connecting the basin to the outside
ocean. The calculation of Zu et al. (2008) for estimating the resonant period was incorrect. They improperly used the width
of the Luzon Strait for the channel length l (see LeBlond and
Mysak, 1978, p.286 for the definition of the length and width of
the channel). In fact, however, the PRF of the SCS can be explained by the quarter wavelength resonance. The length of the
SCS (from middle Luzon Strait to northeast coast of the Malay
Peninsula) is about 2 500 km, and its mean depth is about 1 300
m. By using these parameters the Merian's formula yields a res-
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onant frequency/period of 0.98 d−1/24.6 h, which is close to the
PRF found in the present study for the SCS deep basin. This fact
also indicates that the SCS deep basin is not an independent
resonator, its response is closely related to the shelf seas surrounding the deep basin. The response pattern of the wave of
the frequency 0.98 d−1 is not presented in this paper, because it
is almost the same as the pattern for frequency 1.01 d−1, shown
in Fig. 10.
4 Conclusions
The response properties, especially the resonant response,
of the seas to the open ocean forcing in the tidal band is a
central topic in the tidal dynamics. So far the estimation of

resonance period of the seas adjacent to China in all previous
studies has been based on extremely idealized models. In the
present study we use a numerical model to examine the response of the realistic sea areas to the open ocean forcing for a
range of frequencies, enabling us to extract the most amplified
waves. The identification of the PRFs is useful in revealing the
response properties, especially for explaining why some tidal
constituents in the China's adjacent seas are particularly amplified and consume a significant portion of tidal energy of the
world ocean.
From the China's adjacent sea model a number of the PRFs
are identified. The Bohai Sea has a highest PRF of 1.52 d−1,
which corresponds to the free oscillation frequency of the sea
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if the Bohai Strait is assumed closed. The northern Yellow Sea
has a PRF of 1.69 d−1, corresponding to the quarter-wavelength
resonant frequency of the sea if the Bohai Strait is assumed
closed. The Gyeonggi Bay has a high amplitude gain plateau in
the frequency band from roughly 1.7 to 2.7 d−1, which is mainly
induced by the geostrophic effect rather than the quarter-wavelength resonant effect. The Yellow Sea (including the Gyeonggi
Bay), the ECS shelf and the Taiwan Strait have a common high
amplitude gain band with frequencies around 1.76–1.78 d−1,
showing that the Yellow Sea-ECS-Taiwan Strait is a system that
responds to the open ocean forcing in favor of amplifying the
waves with frequencies in this band. In addition, the ECS has a
PRF of 3.91 d−1, which is shown as a Poincare mode. The Beibu
Gulf has a high PRF of 0.91 d−1, which corresponds to the resonant frequency of the basin, and is closer to O1 than K1. The Gulf
of Thailand has a PRF of 1.01 d−1, which is closer to K1 than O1,
and cannot be explained by the quarter-wavelength resonance
theory. The SCS deep basin has a PRF of 0.98 d−1, which can be
explained by the quarter-wavelength resonance theory applied
to the entire SCS. The dynamics of the responses of the Yellow
Sea-ECS-Taiwan Strait system, the ECS Poincare mode, and the
Gulf of Thailand are subject to further investigation.
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Abstract
Features of near-inertial motions on the shelf (60 m deep) of the northern South China Sea were observed
under the passage of two typhoons during the summer of 2009. There are two peaks in spectra at both
sub-inertial and super-inertial frequencies. The super-inertial energy maximizes near the surface, while the
sub-inertial energy maximizes at a deeper layer of 15 m. The sub-inertial shift of frequency is induced by
the negative background vorticity. The super-inertial shift is probably attributed to the near-inertial wave
propagating from higher latitudes. The near-inertial currents exhibit a two-layer pattern being separated at
mid-depth (25–30 m), with the phase in the upper layer being nearly opposite to that in the lower layer. The
vertical propagation of phase implies that the near-inertial energy is not dominantly downward. The upward
flux of the near-inertial energy is more evident at the surface layer (<17 m). There exist two boundaries at
17 and 40 m, where the near-inertial energy is reflected upward and downward. The near-inertial motion
is intermittent and can reach a peak of as much as 30 cm/s. The passage of Typhoon Nangka generates an
intensive near-inertial event, but Typhoon Linfa does not. This difference is attributed to the relative mooring locations, which is on the right hand side of Nangka's path (leading to a wind pattern rotating clockwise
with time) and is on the left hand side of Linfa's path (leading to a wind pattern rotating anti-clockwise with
time).
Key words: near-inertial motions, typhoon, South China Sea
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1 Introduction
Near-inertial motion has been commonly observed over an
extensive range of latitudes and depths in the ocean (Webster,
1968). It is mainly generated by wind (e.g., Pollard, 1970; Pollard
and Millard, 1970). The passage of a front, a storm or a tropical
cyclone can usually produce strong near-inertial motions in the
ocean (e.g., D'Asaro, 1985), with a speed peak usually over 30
cm/s and with a decay time scale of more than 5 d (e.g., Brooks,
1983; Chen et al., 1996).
A one-year observation on the New England shelf indicates
that the current variance in the near-inertial band comprises
10%–20% of the total current variance (Shearman, 2005). In
summer time, shelf sea near-inertial motion usually displays a
two-layer structure, with the current in the upper layer opposite to that in the lower layer (e.g., MacKinnon and Gregg, 2005;
Chen et al., 1996). This two-layer structure can form a strong
current shear across thermocline, which is related to high dissipation (e.g., Burchard and Rippeth, 2009).
In shelf seas, several dynamic processes usually coexist and
interact with near-inertial motions. The nonlinear interaction
between inertial motions (frequency f) and internal tides (frequency Ȧ) can produce energy at the superposition f+Ȧ frequency (Xing and Davies, 2002). Similarly, the frequency of inertial motions can be shifted by the background vorticity to create

an effective frequency, leading to the region of wave trapping or
propagation (Kunze, 1985). Note in particular that this vorticity effect is associated with the background dynamics (e.g., the
presence of a front, a mesoscale eddy, or a shear of the background mean flow). Therefore, the near-inertial motion usually
exhibits some local properties particular to the local dynamics
of the background flow.
In the South China Sea, there have been a number of researches on near-inertial motions. The typhoon that frequently
happens in summer can generate strong near-inertial motions,
which can last for 1–2 weeks and have a current peak over 50
cm/s (e.g., Chen, 2006; Zhu and Li, 2007; Sun et al., 2011a).
However, there is a clear seasonal variability with the greatest
near-inertial energy intensity in autumn (August, September
and October, Chen et al., 2013). Near-inertial energy is mostly
baroclinic (Liang et al., 2005), and could induce turbulent mixing and chlorophyll a enhancement (Zhang et al., 2014). The
blue-shift (Sun et al., 2011b) or red-shift (Sun et al., 2011a) of
the local inertial frequency is observed and attributed to the
background vorticity. Since the South China Sea spans a range
of latitudes and dynamical regions, the character of near-inertial motions may vary throughout the South China Sea. Many
region specific characteristics have yet to be described.
In this paper, by analysing mooring data deployed on the
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Council; the UK Natural Environment Research Council Programme FASTNEt under contract No. NE/I030259/1.
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2 Data
A bottom mounted acoustic Doppler current profiler (ADCP)
was deployed on the shelf of the northern South China Sea (Fig.
1) at a depth of 60 m. The location is 22°11.85ƍN, 116°39.56ƍE. It
measured currents for 23 d from June 14 to July 6 in 2009 every 5
min. The vertical sampling interval is 2 m, ranging from a depth
of 6 to 48 m. During its working period, Typhoon Linfa and Typhoon Nangka passed through the region.

10

Depth/m

shelf of the northern South China Sea during the passage of two
typhoons, several new characteristics of near-inertial motions
are revealed. Data are described in Section 2. Section 3 presents primary analyses firstly on the spectra and near-inertial
currents, and then further studies the vertical energy flux. The
mechanism for the slight shift of the inertial frequency and the
role of wind on generation are discussed in Section 4. Section 5
makes a summary.

Philippines
3 000

Fig. 1. Bathymetry map of the northern South China
Sea. An ADCP mooring (triangle) was deployed at 60
m during the summer of 2009. The yellow and red lines
represent the tracks of Typhoons Nangka and Linfa, respectively. The black dots along the tracks denote 00:00
o'clock of the respective day. Black contours show 50
and 100 m isobaths.

3 Results
3.1 Primary analysis
A spectral analysis is first applied to the time series of each
velocity component (eastward, u, and northward, v) separately, as shown in Fig. 2. The mooring is located at the latitude of
22°11.85ƍN, corresponding to an inertial frequency of 0.76 cycles per day (i.e., 31.76 h in period) which is denoted by a pink
line in Fig. 2. A significant spectra peak occurs at a frequency
slightly lower than the inertial frequency (denoted by “sub-inertial” hereafter). It is interesting that another peak also occurs
at the frequency higher than the inertial frequency (denoted by
“super-inertial” hereafter), although this peak is weaker than
the sub-inertial peak. Both sub- and super-inertial peaks have
a double-maximum in the vertical, with the high value in the
upper layer being greater than that in the lower layer. However,
the super-inertial energy is maximal near the surface, which is a
commonly observed vertical structure for near-inertial motions
(e.g., Shearman, 2005; Zheng et al., 2006), whereas the sub-inertial energy is maximal at a deeper level of 15 m. Previous observations in this region only show a sub-inertial peak (Sun et al.,

2011a). The mechanism for these two peaks will be discussed
in Section 4.1.
A band pass filter is applied to obtain the near-inertial currents, preserving the currents at both the sub-inertial and the
super-inertial frequencies (0.60–0.85 cpd). As seen from Fig. 3,
near-inertial currents are most energetic between June 27 and
July 2, reaching as much as 30 cm/s. During this period, the velocity in the upper layer (<25 m) is in the opposite direction to
that in the lower layer (>30 m), for both u and v components.
An apparent boundary is present at around mid-depth. Such a
two-layer structure has been frequently reported for near-inertial currents (e.g., Malone, 1968; Millot and Crépon, 1981;
Mirko, 1987). It is commonly attributed to the no normal flow
condition at a coastline (e.g., Millot and Crépon, 1981; Chen et
al., 1996; Xing et al., 2004), which requires that the mass fluxes
in the upper and lower layers are of the same magnitude, but
in opposite direction. Between 15 and 20 of June, the two-layer
structure is also apparent, and the position of the mid-depth
boundary shoals gradually with time. After July 2, the water column behaves like a three-layer structure in u, and irregularly in
v. The vertical structure of near-inertial motions evolves under
influence of the stratification (e.g., Shearman, 2005) and the
bottom stress (MacKinnon and Gregg, 2005). This evolution,
though interesting, cannot be investigated further without density profile measurements.
3.2 Vertical propagation of phase and energy
For the period of strong near-inertial motions between June
26 and July 2, the phase of near-inertial currents is contoured
in Fig. 4, where the phase is defined to increase clockwise. Elsewhere the dominant energy flux of near-inertial motions is reported to be downward (e.g., Sanford, 1975; Leaman and Sanford, 1975; Fu, 1981; van Haren, 2006), as observed in terms of
an upward propagation of phase (e.g., Sun et al., 2011a). However, in this record the upward propagation of phase is not dominant. Indeed in the upper layer (<25 m), the downward propagation clearly dominates (upward propagation does briefly
occur around June 27). In the lower layer (>25 m), the upward
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propagation is intermittent with intervals of little vertical propagation.
To get more understanding, we investigate three typical
profiles. At 06:00 on June 27 (Fig. 5a), the velocity vectors rotate clockwise with depth, indicating an upward propagation
of phase, and thus a downward flux of the near-inertial energy. At 18:00 on June 27 (Fig. 5b), the velocity vectors rotate
counter-clockwise with depth near the surface, then exhibit a
complicated clockwise and then counter-clockwise rotation
towards the bed. At 06:00 on June 29 (Fig. 5c), the rotation is
clearly counter-clockwise at the upper layer, and turns little in
the lower layer.
The vertical propagation of the near-inertial energy can be
calculated at each depth using the vertical phase gradient (Fig.
6). On June 28, the energy flux is downward at most depths. This

is at the start of the near-inertial event, which as it evolves two
boundary layers emerge (at 17 and 40 m) that are associated
with alternating upward and downward fluxes of the near-inertial energy. The energy may penetrate through these boundaries. Such a vertical structure of near-inertial energy flux has not
been reported previously.
4 Discussion
4.1 Frequency shift
As seen in Fig. 2, the energy peaks appear at both sub-inertial and super-inertial frequencies. This phenomenon has
been rarely reported. Given their different vertical structures as
described in Section 3.1, it is possible that they are of different
near-inertial events. Figure 7 shows the variability of the kinetic
energy at these two frequencies. Before June 25, they are of similar value and both decline gradually with time. After this date,
the sub-inertial energy rises sharply and then rapidly diminishes, while the super-inertial energy only experiences a slight
increase. This suggests that the sub-inertial and super-inertial
energy are not completely uncorrelated and independent with
each other, since they share some similarity in tendency.
When there is a horizontal shear of the background flow, the
resultant vorticity can alter the frequency of inertial motions to
induce a slight departure from the inertial frequency. In such instances, the near-inertial motion acquires an effective frequency (Kunze, 1985), given by Eq. (1), where feef is the effective frequency, f is the local inertial frequency, and ȗ is the background
vorticity. Indeed the sub-inertial energy reported by Sun et al.
(2011) in the same region is attributed to this frequency shift
mechanism.
f eef ≈

f ( f +ζ ) ≈ f +

ζ
1 ⎛ ∂v ∂u ⎞
= f + ⎜ − ⎟.
2
2 ⎝ ∂x ∂y ⎠

(1)
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Using the surface current data (u and v in Eq. (1)) obtained
from NOAA satellite data set OSCAR with a resolution of (1/3)°
(http://www.oscar.noaa.gov/), the background vorticity is computed. As seen from Fig. 8, the negative background vorticity
always shifts the frequency to be smaller than the inertial frequency (referred as sub-inertial shift hereafter). The sub-inertial shift is enhanced with time. Between June 27 and July 2
when the near-inertial motion is most energetic, the effective
frequency is around 90% of local inertial frequency, generally
consistent with the situation in the spectrum of velocities (Fig.
2). This is highly suggestive that the sub-inertial shift is induced
by the negative background vorticity. The sub-inertial wave is
trapped by the negative vorticity and cannot propagate laterally (Kunze, 1985), thus only propagate downward. This explains
the unusual sub-surface intensified structure of the sub-inertial
spectra.
Indeed the super-inertial motion would be expected to
have been subject to the same frequency shift. The super-inertial motion is likely to have been generated as a near-inertial
wave at a more poleward latitude which has propagated into
this region (Fu, 1981), whereas the sub-inertial motion is likely to have been generated locally. If it is generated at a latitude
higher enough, the negative vorticity is insufficient to shift its
frequency toward being sub-inertial. It is hard to assess what
its original frequency might have been before the shifting occurred. Nevertheless it is clear that this slight frequency shift by
the background vorticity field would be insufficient to trap the
super-inertial wave.
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depth, and then averaged vertically and over the inertial
period.
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4.2 Generation by wind
Near-inertial motions are mainly wind-driven (e.g., Pollard,
1970; Pollard and Millard, 1970). In particular, strong near-inertial currents can be generated by a typhoon's passage (e.g., Zhu
and Li, 2007; Sun and Hu, et al., 2011). Figure 9a shows the temporal variation of depth-averaged near-inertial kinetic energy.
It is greatest between June 27 and July 2, and weakest between
21 and 25 of June.
Figures 9b and c display a wind time series at a location near
the mooring site, obtained from the satellite data cross-calibrated multi-platform (CCMP, podaac.jpl.nasa.gov/DATA_CATALOG/ccmpinfo.html) (Atlas et al., 2011). Two peaks in wind
speed, of almost 15 m/s, occur on 21 and 27 of June, which are
induced by Typhoons Linfa and Nangka respectively. Following
the passage of Nangka, the near-inertial energy increases gradually and reaches a significant peak. However, after the passage
of Linfa (after June 22) the near-inertial energy shows no significant increase, but instead diminishes to its smallest value
during this record.
Price (1981) pointed out that, for a fixed location on the
right hand side of cyclone's heading direction, the wind rotates
clockwise with time, while for a fixed location on the left hand
side the wind rotates anti-clockwise (see the interpretation in
Fig. 10). In the Northern Hemisphere, the near-inertial motion is clockwise and thus clockwise wind can resonantly force
near-inertial motions, in contrast to anti-clockwise winds. It is
for this reason that the near-inertial motion generated at a fixed
location on the right hand side along the typhoon path is more
intensive (Price, 1981). This effect is clearly apparent in these
data. The mooring site is on the right hand side of the Nangka's
path, while it is on the left hand side of the Linfa's path. Therefore, Nangka's passage drives a wind pattern rotating clockwise
with time (Fig. 9c) and generates an intense near-inertial event.
On the other hand, Linfa's passage generates an anti-clockwise
wind pattern (Fig. 9c), and does not promote the near-inertial
motion.

5 Summary
An ADCP mooring was deployed on the shelf of the northern
South China Sea at a depth of 60 m. It operated for 23 d during
the summer of 2009, during which Typhoon Linfa and Typhoon
Nangka passed through.
The spectrum of measured currents shows two significant
peaks near the local inertial frequency. One is slightly lower
(sub-inertial) and the other is higher (super-inertial) than the
local inertial frequency. The sub-inertial peak is more energetic
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1

Fig. 10. Diagram of different wind patterns along a cyclone's path. The circles with points at the center represent the cyclone as it moves northward from Positions 1
to 3. The corresponding wind at the position R, i.e., on
the right hand side, rotates clockwise with time from 1
to 3. The wind at Position L, i.e, n the left hand side, roatates anti-clockwise with time. The radial and tangential
wind stress is assumed to be equal.
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than the super-inertial one, and has a broader frequency band.
They both display a two-layer structure, with two maxima in
vertical. However, the super-inertial energy maximizes near the
surface (as is a normally observed structure), while the maximum of the sub-inertial energy is found deeper at around 15 m
depth. Previous research in this region only reports sub-inertial
energy. The surface current obtained from satellite data indicates a patch of negative vorticity that shifts the inertial motion
to become sub-inertial and traps the near-inertial motion, thus
resulting the sub-surface intensification. The super-inertial energy probably originates as a near-inertial wave generated at a
more poleward latitude.
A band-pass filtering is applied to extract the near-inertial
currents. They behave as a two-layer structure in the vertical,
with a layer of the minimum value at mid-depth. The velocity
phase in the upper layer is nearly opposite to that in the lower
layer. This vertical structure, probably correlated with the stratification structure, evolves with time. The vertical distribution
of phase shows that an upward propagation of phase, i.e., indicating a downward flux of near-inertial energy, is not as dominant as has been previously reported. The vertical gradient of
phase is used to denote the direction of the vertical near-inertial
energy flux. There seems to be two boundaries at 17 and 40 m,
where the energy is reflected upward and downward. This is a
new phenomenon that deserves further investigation.
The intensity of the near-inertial currents is time dependent
and the greatest during the influence of Typhoon Nangka, when
it reaches as high as 30 cm/s. This is because the wind forcing is
resonant as the mooring is on the right hand side along Nangka's path. This effect is highlighted in stark contrast to the passage of Typhoon Linfa, along whose path the mooring is on the
left hand side and has no discernable elevation in the near-inertial energy.
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Abstract
A wave-tide-circulation coupled model based on the Princeton Ocean Model is established to explore the
seasonal variation of the cold water mass in the Beibu Gulf and its mechanisms. The results show that the
cold water mass starts forming in March, reaches the maximum strength during June and July, and fades
away since October. Strong mixing in winter transports the cold water from sea surface to bottom. The cold
water mass remains in the bottom layer as the thermocline strengthens during spring, except for the shallow
water where the themocline is broken by strong tidal mixing, which gradually separate the cold water mass
from its surrounding warm water. Further analysis on the ocean current and stream function confirms that
the cold water mass in the Beibu Gulf is locally developed, with an anticlockwise circulation caused by a
strong temperature gradient. Sensitivity experiments reveal that the cold water mass is controlled by the sea
surface heat flux, while the terrain and tidal mixing also play important roles.
Key words: Beibu Gulf, cold water mass, seasonal variation, wave-tide-circulation coupled model
Citation: Chen Zhenhua, Qiao Fangli, Xia Changshui, Wang Gang. 2015. The numerical investigation of seasonal variation of the
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1 Introduction
The Beibu Gulf (BG) is located in the northwest South China
Sea (SCS), as a shallow semiclosed gulf with the averaged depth
of about 40 m (Fig. 1). It also is listed as one of the four major fishing grounds of China. Cold water mass (CWM) plays an
important role in forming the circulation structure and marine
ecosystem in the BG. Compared with the Yellow Sea CWM, few
studies have been carried out on the Beibu Gulf CWM (BGC).
Therefore, there is a great need to investigate the BGC.
The BGC was first reported by the Sino-Vietnam's joint marine survey in May 1960, and also reported in several surveys
later on, including those in May 1994 (Zhong, 1995) and in May
2007 (Huang et al., 2009). The BGC appears in the bottom layer
off east Bailongwei Island in the northern BG (20°–21°N, 108°–
109°E) (Fig. 2), with core temperature below 21°C, 3–4°C lower
than the surrounding seawaters. Su (2005) summarized that the
BGC might form in April, mature during June and July, and disappear in September. But previous researches on the BGC are
largely based on surveys limited to the eastern BG (Huang et al.,
2009), except for the two surveys carried out in 1960 and 1962
covering the whole gulf. The patchier survey data might lead to
insufficient understanding of the BGC.
The numerical simulation is a useful tool to compensate for
limited observations. However, previous numerical studies on
the BG seldom addressed the BGC, but focused more on tides
and circulation structures. So far, the continuous variation of
the BGC and its mechanisms remain unclear. The BG is characterized by strong tidal motion (Fang et al., 1999; Shi et al., 2002),
and tidal mixing can influence the cold water mass (Zhao, 1986;

Xia et al., 2006). However, previous efforts rarely account for the
impact of tidal mixing on the BGC. The terrain plays an important role in formation of the Yellow Sea CWM (Xu et al., 2003),
but the influence of the terrain on the BGC remains unclear. Besides, related studies have provided various views that need to
be tested, for example, whether the circulation in the BG during
summer runs anticlockwise (Manh and Yanagi, 2000; Xia et
al., 2001; Wu et al., 2008) or clockwise (Liu and Yu, 1980; Wang,
1998; Sun et al., 2001). The uncertainties might result from diagnostic model without comprehensive physical processes, using
different forcing inputs.
In this study, a high-resolution wave-tide-circulation coupled model, including physical processes such as wind, waves,
tide, heat flux, evaporation, rainfall, and runoffs, is established
to reproduce the monthly variation and horizontal current of
the BGC. Three sensitive experiments are designed to examine
the impacts of the sea surface heat flux, terrain and tidal mixing
on the BGC, respectively.
The rest of this paper is organized as follows: Section 2 gives
configuration of this model; in Section 3, we validate the model
using field observations; the seasonal variation and three-dimensional structure of the BGC is reproduced in Section 4; in
Section 5, sensitive experiments are designed to reveal dynamic
mechanisms of the BGC, and then compare with that of the Yellow Sea CWM; and Section 6 is the summary of this work.
2 Numerical model and experiment design
A wave-circulation coupled model (Qiao et al., 2004; Qiao

Foundation item: The National Natural Science Foundation of China under contract No. U1406404; the National Basic Research Program (973
Program) of China under contract No. 2014CB745004.
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et al., 2006; Qiao et al., 2010) performs well in simulating the
thermohaline circulation of the upper layer (Lin et al., 2006; Xia
et al., 2006). It will be adopted in this study to explore the BGC.
This wave-tide-circulation coupled model is based on the Princeton Ocean Model (POM). Conventional POM uses the level 2.5
Mellor and Yamada (M-Y2.5) turbulence closure scheme (Mellor and Yamada, 1982) to calculate vertical turbulence mixing.
Qiao et al. (2004) however introduced a factor of wave-induced
vertical viscosity/diffusivity into the vertical mixing scheme.
The factor is expressed as a function of wavenumber spectrum:

1

K
K ∂ ⎡
K
K⎤ 2
Bv = α ∫∫ E (k ) exp(2kz ) dk × ⎢ ∫∫ ω 2 E k exp(2kz ) dk ⎥ ,
K
∂z ⎣ kK
k
⎦

( )

(1)

K
where E (k ) represents the wave-number spectrum; Ȧ is the
K
wave angular frequency; k is the wavenumber, and z is the vertical coordinate with z=0 on the mean sea surface and positive
upward. Bv is a factor determining the wave-induced mixing
strength, and is added to the coefficient calculated from Mellor-Yamada scheme:
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Km = Kmc + Bv,
Kh = Khc + Bv.

(2)

To calculate Bv, we use the Laboratory of Marine Science and
Numerical Modeling (MASNUM) wave model (Yang et al.,
2005).
The model domain encompasses the Beibu Gulf, Hainan Island and the Qiongzhou Strait (105.5°–113°E, 15°–22°N) (Fig. 1)
to reduce the influence by boundary conditions. The spatial resolution is 2ƍ by 2ƍ with 21 sigma levels in the vertical (0, −0.002,
−0.004, −0.008, −0.017, −0.033, −0.067, −0.133, −0.200, −0.267,
−0.333, −0.400, −0.467, −0.533, −0.600, −0.667, −0.733, −0.800,
−0.867, −0.933, −1.000). The topography is based on the ETOPO1 data (Amante and Eakins, 2009), with a minimum depth of
3 m. It is corrected by a sea chart for the regions near the Qiongzhou Strait and Hainan Island. Four tidal constituents, K1, O1,
M2, and S2, are considered in the simulation. The tidal harmonic
constants at the open boundary are derived from the Oregon
State University tidal model (http://volkov.oce.orst.edu/tides/
YS.html), which has a horizontal resolution of (1/30)° in the
China seas (Zu et al., 2008).
We use 6 hourly climatological wind data derived from QuikSCAT as the surface forcing. The wind stress is calculated using
Large and Pond (1981) and Trenberth et al. (1990). The monthly
climatological net heat flux is from a comprehensive ocean-Atmosphere data set (COADS)( Da Silva et al., 1994). The heat flux
is applied following Haney (1971):
⎛ dQ ⎞
o
o
Q = Qc + ⎜
⎟ (Tc − T ) ,
⎝ dT ⎠c

(3)

where subscript c represents the data from the COADS; Qc is the
net heat flux; dQ/dT is the partial derivative of the net heat flux
relative to sea surface temperature (SST); Tco is the climatological monthly mean SST from the COADS; and T o is model SST.
The climatologically monthly evaporation and precipitation
used in the model are also taken from the COADS. The climatologically monthly runoffs of the Red River of Vietnam, and the
Zhujiang River, Nanliu River, Dafeng River, Qin River, Fangcheng River and Beilun River of China are considered. The runoff
of the Zhujiang River enters the SCS through the YAMEN outlet
that is the nearest to the Beibu Gulf. Runoff of the Red River is
from Chen et al. (2012) and that of the other rivers are referenced to Gao et al. (2013). The temperature and salinity fields
are initialized using Levitus (1982) annual mean temperature
and salinity. Open lateral boundary conditions (elevation, velocity, temperature, and salinity) are interpolated from the output of a Pacific model of (1/8)°×(1/8)° resolution (Xia et al., 2004;
Xia et al., 2006), which is also a MASNUM wave-tide-circulation
coupled model, whose domain is (0°–50°N, 99°–150°E). Flather's (1976) boundary condition is applied to relating a velocity
and elevation, and an upwind advection is adopted for the temperature and the salinity.
The model is integrated for 8 years for the equilibrium state,
the result for the eighth year, representing a multiyear mean

level is analyzed.
Besides the standard modeling (the control run), three sensitivity experiments, NoHeat, NoTide and Topotest are designed
(Table 1) and carried out to examine the roles of the surface
heat flux forcing, the tidal forcing and the terrain, respectively.
In experiment NoHeat, the surface heat flux is removed from
the model while other physical processes are kept unchanged;
in Experiment NoTide, similarly, the tides are excluded from
the model; in experiment Topotest, the central mouth of the
south BG remains unchanged, while the other part of this gulf
is changed to a flat bottom, with a water depth of 20 m (Fig. 3a),
no change is made for the other configurations.
3 Model validation
3.1 Tide
At first, the model was run with tidal forcing and homogenous water only, by setting temperature at 20°C and salinity at
35 in the whole model domain. Through a harmonic analysis,
we obtain the harmonic constants of the partial tide K1, O1, M2,
and S2, and then compare our simulations with the constants
from 42 tidal stations (Fig. 1). For the tidal constituents K1, O1,
M2, and S2, their mean absolute errors of amplitude are 4.7, 5.3,
4.5, and 3.5 cm, respectively, and the phase errors are 5.6°, 6.0°,
10.4°, and 10.7°, respectively. The simulated cotidal and coamplitude lines agree well with previous studies (e.g., Fang et al.,
1999; Zhao et al., 2010).
3.2 Temperature
Figure 4 shows differences between the simulated and satellite-derived SSTs in February, May, August and November, representing the four seasons. The climatological monthly-mean
satellite SST is taken as the reference, which is calculated from
daily REMSS (the remote sensing systems) SST product provided by the NASA for 2006–2010, at a spatial resolution of 9 km
by 9 km. Compared with the reference SST, minor differences
within ±0.6°C can be seen in most areas in each month, indicating that the model surface temperature accords with the observation.
The simulation shows a low-temperature core in May on
the bottom of the northern central BGC (107.5°–109.0°E, 19.5°–
21.0°N) (Fig. 2b), with a temperature around 22°C, which is
about 2–3°C lower than its surrounding seawater. In addition to
the temperature, the scope of this CWM is also quite consistent
with that observed during the Sino-Vietnam's joint comprehensive marine survey (STCPRC, 1964) (Fig. 2).
3.3 Salinity
Figure 5 shows a comparison between the simulated and
observed salinity from the Sino-Vietnam's joint survey in 1960
(STCPRC, 1964). The salinity near the coast of Vietnam is quite
low but a salinity gradient is large. Tongue-shaped isohalines
extend southeastward, probably due to the Red River runoff.
Higher salinity water invades from the SCS through the southern BG. The salinity of the BGC ranges from 33.0 to 33.5. The
simulated salinity pattern agrees with the observation.

Table 1. Model experiment designs
Control_run
NoHeat
NoTide
Topotest

Wind





Surface heat flux

×



Tide


×


Terrain
ETOPO1 plus sea char
ETOPO1 plus sea char
ETOPO1 plus sea char
flat terrain in 40 m
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4 Seasonal variation
The temperature difference (DT) between surface and bottom layers, i.e., SST minus sea bottom temperature (SBT), can
reflect seasonal variation of the CWM. Figures 6 and 7 exhibit
the DT from March to October, and the vertical temperature
distribution along the 20°N cross section.
In winter, due to strong vertical mixing reaching the bottom layer, no BGC is formed. In March, as the surface waters
warm up by the solar radiation, the DT increases to 1°C and favors the formation of the BGC. From April to May, the upper
layer's stratification intensifies in response to the gradually
warming surface, and the DT increases to 4–6°C. The thermocline strengthens rapidly up to 0.48°C/m, and the horizontal
temperature gradient also increases. In this context, the BGC is
gradually forming, its central temperature increases to at about
21°C. From June to July, the DT reaches its peak at 6–7°C, and
the temperature gradient in the thermocline ranges from 0.30 to
0.45°C/m, indicating full development of the CWM. In August,
although the SST peaks at 30°C, the DT reduces to 5°C as the
SBT warms up. The BGC begins to shrink. In September, the sea
surface transfers heat to the atmosphere since the air temperature decreases, the DT drops to 3–4°C because the SST gradually cools, and the BGC continues shrinking. In October, the DT
decreases to 3°C in the inner gulf and almost imperceptible in

the coastal shallow waters. Eventually, the CWM disappears in
November, which is much later than September reported by Su
(2005), but is consistent with the report of the Sino-Vietnam's
joint survey (STCPRC, 1964). As a whole, the BGC experiences
three stages: formation period in spring (from March to May),
developing period from June to August, and fading period from
September to November.
During the period from April to September (especially May,
June and July), the horizontal temperature gradient around the
CWM is relatively high (Fig. 6). Figure 8 shows the temperature
gradient calculated by Eq. (4), taking the maximum of every vertical layer as the max function. The temperature gradient inside
the BGC is small in May (ranging from 0 to 1×10−5°C/m), while
that around the BGC can reach 7×10−5–10×10−5°C/m. A temperature front around the BGC even exceeds 10×10−5°C/m to
the west of Hainan Island, according to the simulation there by
Lü et al. (2008). The temperature front is caused by strong tidal
mixing west of Hainan Island (Lü et al., 2008), and then generate
anti-clockwise circulation (Fig. 9).
2⎤
2
⎡
⎛ dT ⎞ ⎛ dT ⎞ ⎥
Gt = max ⎢ ⎜
+⎜
⎟ .
⎟
⎢ ⎝ dx ⎠ ⎝ dy ⎠ ⎥
⎣
⎦

(4)
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5.1 Horizontal circulation
As shown in Fig. 9a, an anticlockwise circulation appears
around the BGC in spring, which is caused by the strong temperature gradient. It becomes weaker in summer with its direction unchanged (Fig. 9b), which might be in favor of the maintenance of the CWM. It is contradicted to the result of Wang
(1998), which stated that a clockwise circulation around the
BGC in summer destroys the BGC.
Another problem is whether the BGC is locally developed.
Wang (1998) pointed out that the BGC is a mixture of seawater
along the coast and that from the SCS. We calculate the stream
function and the vertically averaged flow field in the BG to analyze the water transfer route during the developing period of
the BGC in May. Our result, however, indicates that a horizontal flow appears and the stream function of the BGC forms an
enclosed circulation. No horizontal water transport through
the CWM is found (Fig. 9). The absence of the water exchange
between the BGC and its surrounding water mass or open seas
suggests that the BGC is probably locally developed.
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5.2 Thermodynamics
Thermal forcing is of critical importance in formation of the
Yellow Sea CWM (Hao et al., 1959; Guan,1963). Zhong (1995)
and Wang (1998) also noticed the role of thermal forcing in
the BGC, while a model experiment is still needed to test the
hypothesis. In our experiment NoHeat (Fig. 10), cold water of
about 23°C dominants in the northern BG, and the DT approximates 0–1°C in May. No enclosed cold water patch is found in
the area where the BGC occurs in the control run. The experiment result confirms that the BGC is strongly influenced by the
surface heat flux forcing.
In winter, the sea surface generally cools down in response
to the colder air temperature, which triggers strong mixing that
can transport the cold water from surface to bottom. Consequently, a thermocline generates during spring, between the
cold water stay in bottom and the warming surface, and then
impedes a vertical heat transfer. The CWM therefore is found
dominant below the thermocline. When the sea surface heat
flux is excluded in the model, the thermocline can no longer
take shape since the DT is too small. The CWM, thus, cannot
form. It is clear from our experiment that the surface heat flux
is an essential factor for the formation of the thermocline that
governs the thermodynamics of the BGC.
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5.3 Topographical factor
In addition to the common terrain of shallow coast and
deeper inner gulf, one unique terrain is a bowl-shaped depression on the bottom of the central-northern Beibu Gulf, which
can house the cold water there. As wind, wave and tide jointly
induce a mixing along the slope of depression, the temperature
of shallow water is higher than that of deepwater, so the isothermals curve downwards (Fig. 7) and the temperature front generates (Fig. 8). The consequent anticlockwise frontal circulation
(Fig. 9) helps to maintain the BGC.
In the experiment Topotest, the sea temperature changes
dramatically. The horizontal and vertical temperatures are becoming more homogeneous. Only in the northeastern gulf, a
weak enclosed CWM appears in May in the bottom layer (Figs
3b and c). There is 1°C temperature difference between the BGC
and its surrounding, as well between the SST and the SBT. It is
because that the bowl-shaped depression is set to flat bottom
and the cold water is hard to remain there. Without the slope
effect, neither temperature front nor frontal circulation is forming, which enhances the seawater exchange between the gulf
and that outside the BG. With stronger mixing, the horizontal
and vertical temperatures are becoming more homogeneous.
Such small difference might be caused by the solar radiation

52

CHEN Zhenhua et al. Acta Oceanol. Sin., 2015, Vol. 34, No. 1, P. 44–54

and the weak mixing in this region, instead of by the terrain.
This weak CWM is very different from that in the control run,
both in terms of coverage and temperature, implying that the
topography is important for the formation of the BGC.
5.4 Tidal influence
Tidal mixing can significantly affect the formation and structure of the CWM in the Yellow Sea (Zhao, 1986; Qiao et al., 2006).
As a gulf is characterized by a strong tidal motion, the tidal velocity in the BG was observed to be up to 1.5 m/s near southwest Hainan Island (Sun et al., 2009). In the control experiment,
the SBT in May is about 22°C (Fig. 2b), the DT is 5–6°C, and the
BGC has distinct profile (Fig. 6). In NoTide experiment, the SBT
in May lowers to approximately 19°C, the DT reaches 7–8°C, but
the BGC has indistinct profile (Figs 11a and b). The most obvious change is that, in the control run (Fig. 7), isotherms curve
downward from the shallow margin of the CWM, exhibiting a
table-shape. It is probably due to strong vertical mixing caused
by the dissipation of the strong tide on the bottom. In Experiment NoTide, the isotherms distribute in the horizontal direction, no front is formed in the stratified water that lacks tidal
mixing (Fig. 11c).
In addition, Experiment NoTide shows that the circulation
surrounding the CWM changes from anticlockwise to clockwise
in summer (Fig. 11d). The change in the circulation structure
107°

108°

109°

111° E

110°

5.5 Comparison with Yellow Sea cold water mass
In this part, we give a brief comparison between the BGC
and the Yellow Sea CWM. The two CWMs are both located in
a semienclosed gulf with distinct seasons, strong tidal motion,
and concave slope on bottom. In this context, the two CWMs
evolve from similar mechanisms as follows.
They are similar in temperature and circulation structure.
In spring and summer, the two closed CWMs occur below the
106°

22°
N

China

107°

108°

109°

111° E

110°
China

8

26
21°

21°

7

0

22.

25

20

23
Hainan Island

19°

21

.0

10

18°

24.0

2
1

17°

>8.0

b

0
106°
10 cm/s

107°

108°

109°

110°

111° E

China

29.0

28.0

20
Depth /m

3

22°
N

0

4

Hainan Island

am

19

6
5

19°

20

am

17°

0
5.

<19.0

a

6.0

tn
Vie

22

tn
Vie

18°

22

20°
SBT/°C

.0

24

7.0

0

21.

20°

21°
27.0

26.
0

25.0

20°

30
Hainan Island

19°

40

c

60
107.5°E

18°

Aug.
108°E

108.5°E

109°E

109.5°E

17°

m
tna
Vie

50

d

0.1

Fig. 11. Results of Experiment NoTide. SBT (a) and difference between SST and SBT (b) in May, vertical distributions of sea temperature (°C) along 20°N (c), and vertically averaged velocity (d) in August.

Temperature difference/°C

106°

22°
N

is mainly caused by anti-clockwise tidal residual currents (Zu,
2005; Zhao et al., 2010), and by the anticlockwise density circulation formed on the strong temperature front under strong
tidal mixing around the BGC (Figs 6 and 7). When the influence
of tides is excluded, the circulation becomes clockwise driven
by the southwesterly wind in summer. The findings show that
tides can dramatically influence the BGC and the circulation in
the gulf.
To quantify the influences of the heat flux, terrain and tide
on the BGC, we take the mean DT in the areas with the DT exceeding 5°C in May (Fig. 6) as a proxy to indicate the strength
of the BGC. In these areas, the mean DT reaches 5.96, 7.00, 0.50
and −0.06°C in the experiments of the control run, NoTide, Topotest and NoHeat, respectively, suggesting that the surface
heat flux is a control factor to the BGC, while the tide and terrain
also play an important role.
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thermocline, with anticlockwise circulations driven by the
strong temperature gradient (Xia et al., 2006).
They are locally developed (Hao et al., 1959; Guan, 1963).
The cold water derived from the sea surface during winter
houses in the concave. In spring, the cold water remains on
the stable deep bottom as seasonal thermocline forms, but the
shallow water on the slope warms up because the strong tidal
mixing breaks the thermocline, which gradually separates the
cold water mass from the surrounding warmer water.
They also have similar life cycle, i.e., forming in spring, developing in summer, and fading in autumn. The cycle is synchronized with the seasonal variation in a surface sea-air heat
flux, implying that the heat flux is a controlling factor to the two
CWMs.
Meanwhile, some differences exist between the two CWMs,
probably due to different water depths and latitude locations.
The Yellow Sea is located in a temperate climate zone, and the
Beibu Gulf is located in a subtropical climate zone, so the average atmospheric temperature over the Yellow Sea is lower than
that over the Beibu Gulf. Besides, the average depth (80 m) of
the CWM in the Huanfhai Sea is deeper than that of the Beibu
Gulf. As a consequence, the Yellow Sea CWM is more intense
and its SBT remains below 8°C throughout the year. In the shallow Beibu Gulf, the SBT of the CWM generally increases from 21
to 25°C during May–October in response to the larger net heat
flux in late summer (Fig. 7).
6 Conclusions
Overall, with the inclusion of the integrated physical processes, this model reproduced the thermohaline structure of
the Beibu Gulf. Our result is quite consisted with satellite and in
situ observation in the Beibu Gulf, demonstrating a convincing
simulation.
From the model, the Beibu Gulf cold water mass starts to
form in March, reaches the maximum strength during June and
July, and has faded away since October. It is likely because that
strong mixing during winter transports the cold water from sea
surface to bottom layer. In spring, the thermocline generally
strengthens and keeps the cold water on the deep concaved
bottom. But the thermocline is broken by strong tidal mixing in
the shallow water and the water warms up gradually. An isolated cold water mass differed from the surrounding warmer water
is then formed. It seems that the effects of the surface heat flux
on the cold water mass are superimposed on the effects of terrain and tidal mixing.
Further analysis on the flow filed and the stream function
confirms that the BGC is locally developed, with an anticlockwise circulation induced by the strong temperature gradient.
Sensitivity experiments reveal that the sea surface heat flux is a
controlling factor to the cold water mass, while terrain and tidal
mixing also play important roles.
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Abstract
On the basis of more than 200-year control run, the performance of the climate system model of Chinese
Academy of Sciences (CAS-ESM-C) in simulating the El Niño-Southern Oscillation (ENSO) cycle is evaluated, including the onset, development and decay of the ENSO. It is shown that, the model can reasonably
simulate the annual cycle and interannual variability of sea surface temperature (SST) in the tropical Pacific, as well as the seasonal phase-locking of the ENSO. The model also captures two prerequisites for the El
Niño onset, i.e., a westerly anomaly and a warm SST anomaly in the equatorial western Pacific. Owing to too
strong forcing from an extratropical meridional wind, however, the westerly anomaly in this region is largely
overestimated. Moreover, the simulated thermocline is much shallower with a weaker slope. As a result, the
warm SST anomaly from the western Pacific propagates eastward more quickly, leading to a faster development of an El Niño. During the decay stage, owing to a stronger El Niño in the model, the secondary Gill-type
response of the tropical atmosphere to the eastern Pacific warming is much stronger, thereby resulting in a
persistent easterly anomaly in the western Pacific. Meanwhile, a cold anomaly in the warm pool appears as
a result of a lifted thermocline via Ekman pumping. Finally, an El Niño decays into a La Niña through their
interactions. In addition, the shorter period and larger amplitude of the ENSO in the model can be attributed to a shallower thermocline in the equatorial Pacific, which speeds up the zonal redistribution of a heat
content in the upper ocean.
Key words: climate system model of Chinese Academy of Sciences, El Niño-Southern Oscillation cycle, El
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1 Introduction
The El Niño-Southern Oscillation (ENSO) originates from
air-sea interaction in the tropical Pacific (Bjerknes, 1969), with
the oceanic component named El Niño and the atmospheric component named the Southern Oscillation. The interannual variation of the ENSO is quasi-periodic, appearing every
3–7 years. The warm phase and cold phase of the ENSO cycle,
known as El Niño and La Niña, are characterized by a positive
and negative sea surface temperature (SST) anomaly in the
tropical central and eastern Pacific, respectively (Philander,
1985). Usually, the ENSO tends to be phase-locked with the annual cycle. It onsets in spring, reaching its peak in winter, finally
decaying in the following summer (Rasmusson and Carpenter,
1982). In addition, an El Niño always shows a stronger anomaly and a more significant influence than a La Niña (Larkin and
Harrison, 2002; An and Jin, 2004; Wu et al., 2010).
So far, several conceptual models have been proposed to reveal the mechanisms for the phase transition of the ENSO, such
as the trade wind relaxation (Wyrtki, 1975), the delayed action
oscillator (Suarez and Scorf, 1988), the equatorial recharge paradigm (Jin, 1997), the western Pacific oscillator (Weisberg and

Wang, 1997), and the advective-reflective model (Picaut et al.,
1997). Although some deductions based on the delayed action
oscillator have not been observed, it is widely accepted because
it can explain most of the observed features. The other three
paradigms are all derived from this model.
It has been shown that, there are two prerequisites for the
occurrence of an El Niño, i. e., a westerly anomaly and a subsurface temperature anomaly in the western equatorial Pacific
(e. g., Li and Mu, 1999; Xue and He, 2007; Liu and Xue, 2012).
With a burst of the westerly anomaly in the western Pacific, a
warm Kelvin wave starts to propagate eastward along the thermocline, leading to the occurrence of a positive SST anomaly
in the tropical eastern Pacific. Through the Bjerknes positive
feedback, an El Niño further develops and reaches its peak (Jin,
1997). While all the theoretical models are essentially the same
in explaining the development of an El Niño, there are basic
differences in interpreting the transition process (Liu and Xue,
2010a, b). In particular, different aspects are emphasized in
these models, i.e., the reflection of the oceanic waves in the delayed action oscillator, the reduction of the heat content caused
by a Sverdrup divergence in the equatorial recharge paradigm,
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the easterly anomaly induced by the tropical western Pacific
anticyclone in the western Pacific oscillator, and the advection
and reflection of the oceanic waves in the advective-reflective
model.
Although the ENSO cycle is a self-sustaining oscillating
mode in the tropical air-sea coupling system (Philander and Fedorov, 2003), there exhibits a strong nonlinearity in its intensity,
decay and impact (Xue and Liu, 2008; Liu and Xue, 2008; Liu
and Xue, 2010a, b). In addition, a random disturbance plays a
role in the occurrence of an ENSO event (Philander, 1983). More
comprehensively, the ENSO cycle is a product resulting from
the interactions at various spatio-temporal scales. Therefore,
a numerical model with fine physical processes is an essential
tool for understanding and predicting the ENSO.
From the early simplified Zebiak-Cane model (Zebiak and
Cane, 1987) to the complex atmosphere-land-ocean-ice fully-coupled models, there have been great improvements in
the simulation and prediction of the ENSO. Owing to imperfect physical processes, however, there exist notable biases in
ENSO simulation. On the basis of the results from the El Niño
simulation intercomparison project (ENSIP) and phase 3 of the
coupled model intercomparison project (CMIP3), some biases
in the ENSO simulation were identified, i.e., a weak seasonal
phase-locking (Latif et al., 2001; AchutaRao and Sperber, 2006),
a shorter periodicity (Guilyardi, 2006; Guilyardi et al., 2009), a
stronger amplitude (Yu and Kim, 2010) and too far westward
extension of the equatorial cold tongue (Leloup et al., 2008).
Although the latest CMIP5 models showed an improvement in
the equatorial cold tongue and amplitude, a variety of feedback
mechanisms for the ENSO cycle have remained to be resolved
(Bellenger et al., 2014).
Since the early 1990s, a series of air-sea coupled models have
been developed in the Institute of Atmospheric Physics (IAP),
Chinese Academy of Sciences (CAS), and these models were
successfully used to simulate and predict the ENSO (Zhou and
Li, 1999; Zhou et al., 1999). Recently, a new generation climate
system model (hereafter referred to the CAS-ESM-C) was developed with a higher resolution and more complete physical
processes (Sun et al., 2012). On the basis of a long-term integration of the model, this study aims at evaluating its performance
in simulating the ENSO cycle, with a focus on the development
and decay of an El Niño. The reminder of this paper is organized as follows: Section 2 describes the model, experiment design and observational data; the basic features of the simulated
ENSO cycle are shown in Section 3; in Section 4, we evaluate
the model's performance in the development and decay of an El
Niño; the model's bias is discussed in Section 5; and a summary
is given in the last section.
2 Model, experiment and observational data
2.1 model and experiment
The climate system model of Chinese Academy of Sciences is an atmosphere-ocean-land-ice fully coupled model with
a modular structure (Sun et al., 2012). The four components in
the model are coupled through the Coupler-6, which was introduced from the National Center for Atmospheric Research
(NCAR). The atmospheric component is the fourth generation
atmospheric general circulation model (IAP AGCM4.0) developed at the IAP, with a horizontal resolution of 1.4°×1.4° and
26 vertical layers (Zhang, 2009). The oceanic component is the
LICOM1.0, with a horizontal resolution of 1.0°×1.0° and 30 vertical layers (Liu et al., 2004). Besides, the land surface and sea

ice components are the NCAR CLM3.0 and CSIM5, respectively
(Dickinson et al., 2006; Briegleb et al., 2004).
The model results used here are the pre-industrial control
integration. All the external forcing values are set to the level in
1850, when a solar radiation constant is 1 365 W/m², and greenhouse gas mixing ratios (including CO2, CH4, N2O) are 284×10−6,
790×10−12, and 275×10−12, respectively. For the integration of
atmosphere-land coupled model, the instantaneous fields on
January 1st of the 20th year are taken as the initial fields in the
atmosphere model and the land surface model, respectively.
The initial fields in the ocean model are set to December 31st of
the 2000th year in a 2000-year spin-up. There is no spin-up process for the sea ice model. The model has been run for 227 years.
It was shown that, after 20 years integration, the SST tends to be
fluctuated with no significant upward or downward trend, indicating that the model reaches an equilibrium state (Sun et al.,
2012). Therefore, the model results from the 28th year to 227th
year are used and the model climate is based on the 200-year
mean.
2.2 Observational data
To evaluate the model's performance, various observational
data are employed: (1) SST dataset from Hadley Center with a
horizontal resolution of 1.0°×1.0° (Rayner et al., 2003); (2) EN3
subsurface sea temperature with a resolution of 1.0°×1.0° and
30 vertical layers (Ingleby and Huddleston, 2007); (3) the second
version of the daily reanalysis product taken from the National
Centers for Environmental Prediction (NCEP) with a horizontal resolution of 2.5°×2.5° and 17 vertical layers (Kanamitsu et
al., 2002); (4) outgoing long-wave radiation (OLR) derived from
satellite observations of the National Oceanic and Atmospheric Administration (NOAA) with a resolution of 2.5°×2.5° (Liebmann and Smith, 1996); and (5) reanalysis product of the simple
ocean data assimilation (SODA) developed in the University of
Maryland with a resolution of 0.5°×0.5° (Carton et al., 2000). All
of the datasets cover the period from 1979 to 2012. In addition,
the seasonal mean in winter or summer is obtained from the
3-month mean during December-January-February or June-July-August.
3 Basic features of the ENSO cycle
Figure 1 shows the observed and simulated standard deviations of the tropical Pacific SST in winter and summer. The maxima in winter are located in the tropical eastern Pacific, with a
largest value over 1.4°C (Fig. 1a). In summer, the maximum is
greatly reduced and confined to the southeastern Pacific (Fig.
1b). There exhibits a robust annual cycle of the interannual
variability in the tropical eastern Pacific. In general, the model
simulates the observed maxima in the tropical eastern Pacific
and its annual cycle (Figs 1c and d). However, there exist some
biases in the model. The simulated maxima are overly confined
to the equatorial regions, and the standard deviation is much
larger than the observation, with the maximum greater than
2°C. Because the interannual variability of the tropical Pacific
SST reflects the zonal redistribution of heat and mass in the
upper ocean, a larger standard deviation in the tropical central
and eastern Pacific will result in a smaller one in other regions
of the Pacific, especially in winter (Figs 1c and d).
On the basis of the method proposed by Trenberth (1997),
the SST anomaly in Niño3.4 region (5°S–5°N, 170°–120°W)
is used to describe the ENSO activity (hereafter referred to
Niño3.4 index). As shown in Fig. 2, the observation exhibits a
strong power between 2 and 7 years, particularly between 3 and
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5 years. Instead, the simulated powers are more significant between 2 and 5 years, with a peak of 3 years. The period of the
ENSO in the model is shorter than the observation. It is also
noted that, the simulated peak power is much stronger than the
observation due to a higher frequency and stronger amplitude
of the ENSO.
When 3 month running-mean SST anomaly in the Niño3.4
region is greater than or equal to 0.5°C within 5 consecutive
months, an El Niño event can be identified (Trenberth, 1997).
During the period of 1979–2012, nine El Niño events are thus
identified, i.e., 1982–1983, 1986–1988, 1991–1992, 1994–1995,
1997–1998, 2002–2003, 2004–2005, 2006–2007, 2009–2010, respectively. It should be pointed out that, since the El Niño event
during 1986–1988 is not phase-locked to the annual cycle (Liu
and Xue, 2010a), this event is excluded in the following composite analysis. In addition, since the simulated stand deviation

in the Niño3.4 region is nearly twice as the observation (Fig. 1),
the critical value for identifying El Niño events in the model is
deliberately set to 1.0°C instead of 0.5°C in the observation. Accordingly, 70 El Niño events are identified in the model.
Figure 3 shows the observed and simulated El Niño events.
The El Niño developing year (the decaying year) is marked with
“0” (“+1”) respectively. Usually, the composite Niño3.4 index
(indicated by the red line) becomes positive in April of Year
0, then increasing rapidly during the two consecutive stages,
reaching a peak around November and December. Afterwards,
it decays quickly with a negative value in June of Year +1, finally
turning into a La Niña event (Fig. 3a). The model generally simulates the above observed features, but the simulated El Niño
tends to develop more rapidly, reaching its peak in September
with 2 or 3 months earlier than the observation. By contrast,
the decaying process agrees well with the observation. Thus a
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longer time for the El Niño peak phase is found in the model.
Besides, much stronger amplitude of 4°C is found in the model
instead of 2°C in the observation.
Although the El Niño intensity in the model is generally overestimated, the intensity of each event can still be distinguished.
Clearly, the El Niño events with different intensity decay into a
different state. Statistically, about 60% of the simulated El Niño
events decay into a La Niña event, and 29% decay into a normal
state. Therefore, the composite results actually reflect the signal
of strong El Niño events. This fact indicates that, the nonlinear
relationship between the El Niño intensity and its decaying result revealed by Liu and Xue (2010a, b) is also reproduced by
the model.
4 The ENSO cycle
4.1 Occurrence and development of an El Niño
It has been revealed that a positive subsurface heat content
anomaly in the western tropical Pacific is one of prerequisites
for the occurrence of an El Niño. In general, there appears a
robust anomaly 6 months to 2 years before an El Niño occurs
(Li and Mu, 1999; Zhou et al., 1999; Liu and Xue, 2012). Figure
4 shows the depth-longitude cross-section of the subsurface
temperature anomaly. In January of Year 0 (Fig. 4a), a positive
anomaly appears in the western equatorial Pacific, and its maximum extends eastward to the dateline. Afterwards, the warm
anomaly further propagates eastward (Fig. 4c). By July, the
equatorial eastern Pacific is occupied by a positive SST anomaly with an average value greater than 0.5°C (Fig. 4e), signaling

the occurrence of an El Niño. In October of Year 0 (Fig. 4g), the
anomaly continues to develop locally in the eastern Pacific, and
reaches a peak in winter (Fig. 4i). The model generally simulates the eastward propagating process, but it overestimates the
propagating speed with a shallower anomaly than the observation (Figs 4b, d, f, and h). As shown in Fig. 4f, when an El Niño
occurs, the simulated maximum has arrived at 120°W instead of
130°W in the observation (Fig. 4e).
The maintenance of the equatorial westerly anomaly is also
necessary for the occurrence of an El Niño (Liu and Xue, 2012).
By exciting a warm Kelvin wave, it pushes the accumulated
warm water in the western Pacific to propagate eastward along
the subsurface. As shown in Fig. 5a, prior to the occurrence of
an El Niño, there exhibit twice enhancements of the westerly
anomaly in the tropical western Pacific in spring and summer,
respectively. Compared with the observation, the model fails to
simulate the enhancing process in a stepwise manner (Fig. 5b).
Instead, the westerly anomaly in the model tends to intensify
very rapidly from April of Year 0, and then propagates eastward
faster than the observation. As a result, the subsurface anomaly
also propagates faster (Fig. 4).
It was revealed that, the westerly anomaly in the tropical
western Pacific can be attributed to the boundary forcing and
the air-sea interaction, but they play a different role at different
stages (Liu and Xue, 2008). In spring, a weak anti-Walker circulation arising from the Bjerknes positive feedback is found due
to a weak warming in the eastern Pacific. Therefore, the meridional forcing from the extratropics is more important to the
burst of the equatorial westerly anomaly. In both observation
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and simulation, a meridional wind anomaly is evident in both
hemispheres (Fig. 6). In the model, however, a much stronger
cyclonic anomaly is found in the tropical northwestern Pacific
(Fig. 6b), resulting in too strong meridional forcing and westerly
anomaly in the equatorial Pacific. Accordingly, the simulated El
Niño tends to develop faster due to a faster eastward propagation of the warm anomaly and the intensified Bjerknes positive

feedback in the tropical Pacific.
4.2 Decay of an El Niño
Similar to the development, the decaying process of an El
Niño is also related to the eastward propagation of the negative anomaly in the western Pacific (Liu and Xue, 2010a, b). As
shown in Fig. 7a, when an El Niño reaches a peak, a significant
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negative anomaly appears in the western equatorial Pacific.
Meanwhile, due to a Gill-type response to the SST warming in
the eastern equatorial Pacific, a pair of the cyclonic wind stress
anomalies is found in the central Pacific (Fig. 8a). With a lift of
the thermocline via Ekman pumping, the local convection is
suppressed due to a reduced local SST. Through a secondary
Gill-type response (Fig. 8a) (Liu and Xue, 2010a), there appears
an anomalous anticyclone in the tropical northwestern Pacific
along with an easterly anomaly to the south.
Owing to a local air-sea interaction, the anomalous anticyclone maintains for a long time, and it propagates eastward
slowly, leading to a persistent propagation of the easterly anomaly (Fig. 5a). As a result, a cold Kelvin wave is excited on the subsurface, and the cold anomaly propagates eastward from the
western Pacific to the eastern Pacific (Figs 7c, e, and g). This process is well simulated by the model although with a relatively
flatter signal (Figs 7b, d, f, and h). Besides, the simulated decaying speed is close to the observation, as also seen in Fig. 3. This
is different from the developing process as mentioned above.
The above decaying process is similar to the western Pacific oscillator theory (Weisberg and Wang, 1997), in which the
mechanism for the phase transition is only effective for a strong
El Niño. For a moderate El Niño, however, the mechanism fails
to work after the peak phase. As a result, the moderate El Niño
tends to restore to a normal state in the eastern Pacific (Liu and
Xue, 2010b). Owing to an overestimated intensity, the mechanism is particularly important to the phase transition in the

30°

60°

90°

model.
5 Discussion
On the basis of a simple coupled ocean-atmosphere model, Fedorov and Philander (2001) found that there are two types
of unstable modes in the tropical ocean-atmosphere coupling
system. With a deeper thermocline, one mode possesses a longer period of several years. Instead, a shorter period of about
2 years is found in the other mode, which requires a shallower
thermocline. Furthermore, the period and the amplitude of the
ENSO are closely related to the climate state in the tropical Pacific, especially the thermocline (Guilyardi, 2006).
Figure 9 shows the climatological mean subsurface temperature in different seasons. A much shallower thermocline is
simulated by the model in the equatorial Pacific, especially in
the warm pool region. As indicated by the 20°C isotherm, the
observed thermocline is deeper than 150 m during all seasons.
Instead, the thermocline in the model is only about 130 m. According to the delayed oscillator theory (Suarez and Schopf,
1988), a shallower thermocline will reduce the interval of the
delayed feedback and speed up the wave propagation in the upper ocean. As a result, the subsurface heat content anomaly in
the model propagates eastward faster, hence the El Niño events
occur more frequently.
Also evident in Fig. 9 is a weaker slope of the thermocline in
the model, which is corresponding to a weaker wind stress due
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Fig. 9. The depth-longitude cross-section of the observed (left panels) and simulated (right panels) subsurface ocean temperature
(°C) along the equator in winter (a, b), spring (c, d), summer (e, f ), and autumn (g, h). The bold lines indicate the isotherm of 20°C,
which can approximately represent the depth of thermocline.
to a balance between the tilt extent and the wind stress. As seen
in Fig. 10a, an easterly wind (i.e., the trade wind) prevails in the
equator all the year around. In the model, however, a weaker
wind stress is simulated (Fig. 10b), as indicated by the westerly
wind stress discrepancy (Fig. 10c). Accordingly, less warm water
is accumulated in the western Pacific, and the thermocline in
the eastern Pacific tends to be deepened. Consequently, more
frequent El Niño events occur in the model due to a faster propagation of ocean waves along the thermocline with a weaker
slope.
In fact, a shorter period of 2–3 years in the ENSO cycle is
simulated by most of the early models participating the CMIP
(AchutaRao and Sperber, 2006; Guilyardi et al., 2009). In CMIP5,
more models tend to simulate a longer period owing to a better
representation of the climatological mean SST and zonal wind
stress in the equatorial Pacific (Bellenger et al., 2014). While
the depth and slope of the thermocline in the wind-stressdriven ocean model are close to the observations (Liu et al.,

2004), a weaker wind stress in the tropical Pacific is found in
the SST-driven AGCM (Zhang, 2009). In the coupled model, the
weaker wind stress can lead to a shallower thermocline, which
in turn reduces the zonal pressure difference and exaggerates
the bias in the wind stress in the tropical Pacific. Therefore, it is
important to improve the wind stress in the atmospheric model
for a better simulation of the ENSO period.
6 Conclusions
By using more than 200 years simulation of the climate system model of Chinese Academy of Sciences (CAS-ESM-C), we
have evaluated the model performance in simulating the ENSO
cycle, with a focus on the developing and decaying processes.
The major conclusions are summarized as follows.
(1) The model generally simulates the annual cycle and interannual variability of the SST in the tropical Pacific. Besides,
the model reproduces the phase-locking feature of an El Niño,
i.e., onset in spring, peak in winter and decay in the following
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Fig. 10. The observed (a) and simulated (b) annual mean surface wind stress, and the difference between simulation and observation (c).
summer. Compared with the observation, however, the simulated ENSO exhibits a much stronger amplitude and shorter
period of 2–3 years.
(2) The model reasonably simulates two prerequisites for
the occurrence of an El Niño, i.e., the warm water accumulation and the westerly anomaly in the western equatorial Pacific.
Owing to a stronger meridional forcing from the extratropics,
the model overestimates the westerly anomaly in the equatorial
western Pacific. Moreover, due to a shallower thermocline in the
model, the El Niño tends to develop faster along with a faster
eastward propagation of the subsurface warm anomaly.
(3) Owing to a secondary Gill-type response to the tropical
eastern Pacific warming and a lifted thermocline via Ekman
pumping, a cold water anomaly and an easterly anomaly are
found in the western Pacific. This mechanism is only effective
for a strong El Niño event. The response in the model occurs
more frequently due to an overestimated intensity of the El
Niño.
(4) A more frequent occurrence of the ENSO in the model
is closely related to a shallower thermocline, which speeds up
the zonal redistribution of the heat content in the upper Pacific Ocean. A further analysis shows that, the shallower thermocline can be attributed to the weaker wind stress in the equator.
Therefore, it is necessary to improve the wind bias in the model.
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Abstract
On the basis of the QSCAT/NCEP blended wind data and simple ocean data assimilation (SODA), the
wind-induced near-inertial energy flux (NIEF) in the mixed layer of the South China Sea (SCS) is estimated
by a slab model, and the model results are verified by observational data near the Xisha Islands in the SCS.
Then, the spatial and temporal variations of the NIEF in the SCS are analyzed. It is found that, the monthly
mean NIEF exhibits obvious spatial and temporal variabilities, i.e., it is large west of Luzon Island all the year,
east of the Indo-China Peninsula all the year except in spring, and in the northern SCS from May to September. The large monthly mean NIEF in the first two zones may be affected by the large local wind stress curl
whilst that in the last zone is probably due to the shallow mixed layer depth. Moreover, the monthly mean
NIEF is relatively large in summer and autumn due to the passage of typhoons. The spatial mean NIEF in
the mixed layer of the SCS is estimated to be about 1.25 mW/m2 and the total wind energy input from wind
is approximately 4.4 GW. Furthermore, the interannual variability of the spatial monthly mean NIEF and the
Niño3.4 index are negatively correlated.
Key words: near-inertial energy flux, mixed layer, spatiotemporal variation, slab model, South China Sea
Citation: Li Juan, Liu Junliang, Cai Shuqun, Pan Jiayi. 2015. The spatiotemporal variation of the wind-induced near-inertial energy
flux in the mixed layer of the South China Sea. Acta Oceanologica Sinica, 34(1): 66–72, doi: 10.1007/s13131-015-0597-8

1 Introduction
Near-inertial motions in the ocean, which have been well
studied since the 1960s, are the fluctuations with a near-inertial frequency in the upper ocean mainly driven by wind forcing
(Pollard, 1970), and they are also called near-inertial oscillations. The near-inertial motions generate a relatively large energy that plays an important role in maintaining the meridional
overturning circulation and abyssal mixing. Munk and Wunsch
(1998) find that about an energy of 2.1 TW is needed to maintain
the abyssal stratification, of which about 0.9 TW comes from
internal tides and 1.2 TW is contributed by wind from the sea
surface. Most of the energy input from wind are dissipated in
the upper ocean, but the near-inertial energy could be able to
propagate through the thermocline into the deep ocean, e.g.,
Alford and Gregg (2001) estimate that about 18% of the wind
input energy is dissipated in the mixed layer, while 68% is dissipated through the thermocline, and only 15% of the energy
could propagate into the deep water. Moreover, using a slab
model proposed by Pollard and Millard (1970), Alford (2001)
also shows that the mean wind-induced near-inertial energy flux (NIEF) in the surface mixed layer from 50°S to 50°N is
about 0.98×10−3 W/m2, with a total near-inertial energy of 0.29
TW, which is the same order of magnitude of M2 tides. However, using a similar approach, Watanabe and Hibiya (2002) argue

that the total near-inertial energy is 0.7 TW. Then Alford (2003)
updates previous calculations based on the National Centers
for Environmental Prediction (NECP) reanalysis wind data, and
shows that the total near-inertial energy by the wind input is
about 0.47 TW. By the Princeton ocean model (POM), Furuichi
et al. (2008) estimate the total near-inertial energy is about 0.4
TW, 75%–85% of which is lost within the upper 150 m, and only
about 0.1 TW is available for abyssal mixing; and they also suggest that the seasonal variation of the modeled total near-inertial energy is in good agreement with that from the slab model
(Watanabe and Hibiya, 2002; Alford, 2003). The conclusion by
Furuichi et al. (2008) agrees well with that by a revised version
of MOM2 model by Zhai et al. (2009), except that the latter suggest that almost 70% of the wind-induced near-inertial energy
is dissipated to turbulent mixing in the upper 200 m, while using an ocean general circulation model (OGCM), Simmons and
Alford (2012) also find a global wind-induced energy of 0.4 TW.
In addition, Chaigneau et al. (2008) show that the near-inertial motions are the most energetic in the Southern Ocean, the
western North Pacific and Atlantic oceans, and the near-inertial
motions are more active in fall and winter because of the stronger storms.
However, there are relatively few studies on the near-inertial
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Fig.1. Bottom topography (unit in m) of the SCS. The
ADCP mooring station is marked by a pentacle.


 

τ = ρa Cd U 10 U 10 ,

(2)

where ȡa is the air density; U10 is the wind speed at 10 m height
from the sea surface; and Cd is the drag coefficient given by
Large and Pond (1981), expressed as
Cd

2 Data and method
2.1 Data
A quick scatterometer (QSCAT) /NCEP blended wind product (Milliff et al., 1999) and a simple ocean data assimilation
(SODA) reanalysis (Carton et al., 2000) assimilated at the University of Maryland are adopted in this study. The wind data
with a temporal resolution of 6h and a spatial resolution of 0.5°
from August 1999 to July 2009 are used to estimate the NIEF in
the SCS. The temperature data of the SODA are interpolated
into 1m grid in the vertical direction to calculate the mixed layer depth. The in situ observed data are a series of synchronous
current and wind covering from May 1 to 31, 2010. The current
is measured by a 614.4 kHz downward-looking ADCP, which is
attached at a depth of about 1 m under the ocean surface to
a buoy (16°51.374ƍN, 112°19.118ƍE) on the shelf of the Xisha
Islands in the northern SCS, as shown in Fig. 1. The current is
measured at 1 m interval with a ping rate of 2 s from 2 to 43
m, whilst the effective data range is from 5 to 37 m, and the in
situ inertial current is derived from applying a band-pass filter
0.85f–1.15f (f is the local inertial frequency) to the observed
currents. While the in situ observed wind data are obtained by
a sensor at an interval of 60 s on a nearby island that is about 3
km away from the ADCP.
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motions in the SCS. The previous studies in the SCS are mainly
based on the mooring acoustic Doppler current profiler (ADCP)
observational current data, e.g., on the northern continental
slope of the SCS, Liang et al. (2005) find that the near-inertial
energy propagating downward tends to decrease with depth,
while Liu et al. (2011) show that the observed suddenly strong
near-bottom current might be due to the passage of Typhoon
Pabuk; in the western SCS, Sun et al. (2011) also observe a
near-inertial oscillation burst event in the summer of 2004; and
recently, in the northwestern SCS, Chen et al. (2013) document
that storms and eddies have a positive impact on the near-inertial kinetic energy, and the near-inertial motions are more
active in autumn (i.e., from August to October); Liu et al. (2014)
suggest that the inertial currents induced by the diurnal winds
near the Xisha Islands of the SCS are positively proportional to
the diurnal wind speed during the passage of Typhoon Conson
(2010). In short, the near-inertial oscillations are frequently observed in multiple areas of the SCS in different seasons. However, there is no systematic study on the spatial and temporal
characteristics of wind-induced near-inertial energy in the SCS.
This paper aims at studying the spatiotemporal variation of
the wind-induced NIEF in the mixed layer of the SCS based on
a simple slab model which is verified by the observational data
near the Xisha Islands, and analyze the potential association of
the interannual variability of the NIEF with the El Niño-Southern Oscillation (ENSO) events. The paper is organized as follows: Data and a calculation method are described in Section 2;
Section 3 analyzes the spatiotemporal variation of the NIEF in
the mixed layer of the SCS; and finally, conclusions are summarized in Section 4.
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(3)

In order to estimate the NIEF in the mixed layer, a slab model
(Pollard and Millard, 1970; D'Asaro, 1985) is adopted here, such
that

τx
⎧ du
⎪ dt − fv = H ρ − ru
⎪
,
⎨
⎪ dv + fu = τ y − rv
⎪⎩ dt
Hρ

(4)

where Ĳx and Ĳy are the eastward and northward components of
the wind stress; u and v are the eastward and northward components of the current velocity; ȡ is the water density; t is the
time; and r is the empirical damping parameter indicating the
loss of energy when propagating downward, here it is taken as
0.15 (Alford, 2001); and H is the mixed layer depth defined as the
depth where the temperature is 0.8°C less than the SST (Kara et
al., 2000).
The slab model (Alford, 2001) can be expressed as
T
dZ
+ ωZ = ,
dt
H

(5)

τ x + iτ y ⎫
⎪
ρ ⎪
⎬.
Z = u + iv ⎪
ω = r + if ⎪⎭

(6)

here
2.2 Method
The NIEF, driven by the local wind forcing, is calculated by
 

∏ = τ ⋅U ,

(1)

where U is the inertial current; and Ĳ is the wind stress given by

T=
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Therefore, in each month from August 1999 to July 2009, we can
obtain the corresponding mean NIEF in the mixed layer of the
SCS based on the slab model by using the QSCAT/NCEP blended wind data and the SODA data, then we average these mean
NIEFs in different years again to obtain the monthly mean NIEF,
i (here i denotes the number of the month, i=1,…,12, e.g., i=1
means January, etc.), in the SCS. Moreover, we average the
monthly mean NIEFs from August 1999 to July 2009 to obtain
an annual mean NIEF, a, in the SCS. Finally, we carry out a spatial average of the monthly mean NIEFs in the SCS to obtain a
spatial monthly mean NIEF, s.
3 Results and discussion
3.1 Model validation
The modeled inertial current driven by the in situ observed
wind stress is compared with the inertial current filtered from
the in situ observational current data near the Xisha Islands in
0.2

a

the SCS in May 2010, as shown in Figs 2a and b. It is noticed that,
the modeled and observed inertial currents agree well basically,
especially when the observed inertial current velocity is large.
The root mean square differences of the modeled and observed
velocity components are about 0.04 and 0.03 m/s, respectively,
and the corresponding correlation coefficients reach 0.76 and
0.79, respectively. The observed inertial current decays faster
than the modeled inertial current when the current velocity is
small. According to our sensitive experiments, the large difference appears at the period with small inertial currents may be
due to the impact of the local resistance and the limitation of
the slab model.
According to Eq. (1), the modeled and observed NIEF could
be obtained as shown in Fig. 2c, and it is found that both curves
also agree well with a correlation coefficient of about 0.78. We
can also estimate that the modeled and observed monthly
mean NIEFs are 44.5 and 49.8 μW/m2, respectively, with a relative error of 10.64%. Thus, it is thought that the simulated NIEF
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Fig. 2. The comparison of the modeled and observed eastward components of inertial currents near the Xisha Islands of the SCS
in May 2010 (a), the comparison of the modeled and observed northward components of inertial currents near the Xisha Islands of
the SCS in May 2010 (b) and the comparison of the modeled and observed NIEF near the Xisha Islands of the SCS in May 2010 (c).
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could basically reflect the local NIEF, and we continue to use the
modeled inertial current by the slab model to estimate the NIEF
in the oceanic mixed layer of the SCS in the following.
3.2 Spatial characteristics of NIEF
The spatial pattern of the monthly mean NIEF i in the
mixed layer of the SCS is shown in Fig. 3, it is found that the distribution of the monthly mean NIEF exhibits obvious monthly
variability, first, the monthly mean NIEF west of Luzon Island
is very large from January to April, with a maximum of about
2.73 mW/m2 in February, and it is also large in the region near
5°–10°N in winter, whilst it is relatively small in the other region; second, the monthly mean NIEF west of Luzon Island,
east of Indo-China and in the northern SCS is large from May
to September with a maximum of about 9.32 mW/m2 in August;
thirdly, the monthly mean NIEF west of Luzon Island and east
of Indo-China is large from October to December, and the maximum 5.90 mW/m2 appears in December. According to Eq. (1),
the monthly mean NIEF is related to the wind stress and the
inertial current that affected by the mixed layer depth (Klein et
al., 2004; Jiang et al., 2005; Rimac et al., 2013), but which one is
important to the variation of the monthly mean NIEF? In the
following, we design another two experiments (Table 1) to investigate the main affecting factors.
111°
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117° E

105°

111°
Feb.

117° E

In Experiment E1, the annual mean NIEF a in the mixed
layer of the SCS, which is obtained by averaging the monthly
mean NIEFs from August 1999 to July 2009, is shown in Fig.
4a. Experiment E2 is similar to Experiment E1 except that the
mixed layer depth is assumed to be a constant value of 50 m,
and the corresponding annual mean NIEF a is shown in Fig.
4b. Experiment E3 is also similar to Experiment E1 except that
the wind stress field is assumed to be a constant northeast wind
with a stress of 0.07 N/m2, and the corresponding annual mean
NIEF a is shown in Fig. 4c.
Comparing Figs 4a with b, it is noticed that the annual mean
NIEF a (Fig. 4a) is large in three regions, i.e., west of Luzon Island, east of Indo-China and in the northern SCS, whilst in Fig.
4b, a is only large west of Luzon Island and east of Indo-China.
According to Cai and Gan (2000), the mixed layer in the northern SCS varies much larger than that in the other regions, and it
is the deepest in winter whilst being the shallowest in summer.
In Experiment E2 (Fig. 4b), since the mixed layer depth is assumed to be a constant, thus a is no longer large in the northern SCS. Therefore, it is inferred that the annual mean NIEF in
the northern SCS is mainly affected by the variation of the local
mixed layer depth. In Experiment E3 (Fig. 4c), when the wind
stress is a constant, the annual mean NIEF decreases gradually
from south to north, which is very different from the actual dis-
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Table 1. Cases of numerical experiments
Experiment

Wind stress used in the model

E1
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E3
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QSCAT/NCEP blended wind
as in Experiment E1
constant northeast wind with Ĳ=0.07 N/m2
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3.3 Temporal characteristics of NIEF
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tribution of the annual mean NIEF in Fig. 4a, This suggests that
the distribution of annual mean NIEF is also very sensitive to
the variation of the local wind stress field.
To investigate how the wind stress field affects the annual
mean NIEF, the climatological mean wind stress curl in the SCS
is calculated by the QSCAT/NCEP blended wind data from August 1999 to July 2009 (Fig. 5). The climatological mean wind
stress curl west of Luzon Island and east of Indo-China is relatively large, and it can be seen that the spatial pattern of the
wind stress curl agrees well with the distribution of the annual
mean NIEF in Fig. 4b. It is noticed that, in Fig. 4b, the annual
mean NIEF is only influenced by the local wind stress curl since
the mixed layer depth is a constant, therefore, it is inferred that
the variation of the wind stress curl is the main factor affecting
the NIEF west of Luzon Island and east of Indo-China.
In conclusion, the NIEF in the mixed layer of the SCS exhibits a distinct monthly variation. First, the NIEF west of Luzon Island is always large throughout the year; second, the NIEF east
of Indo-China is large all year round except in spring; thirdly,
the NIEF in the northern SCS is large from May to September.
The large NIEF in the first two regions may be due to the large
local wind stress curl, and the large NIEF in the third region may
be owing to the shallow mixed layer depth at that time, since the
local wind stress curl is not large there.

3.3.1 Seasonal characteristic
The spatial monthly mean NIEF s with a mean of about 1.25
mW/m2 is shown in Fig. 6. The spatial monthly mean NIEF exhibits a seasonal variability, i.e., it is relatively large in summer
(i.e., from June to August) and autumn (i.e., from September to
November). In addition, the maximum spatial monthly mean
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Fig. 4. Spatial pattern of the annual mean NIEF (in
form of log10a) in the mixed layer of the SCS. a. Experiment E1, b. Experiment E2 (here the mixed layer depth
is assumed to be a constant value of 50 m) and c. Experiment E3 (here the wind stress is assumed to be a constant northeast wind with a stress of 0.07 N/m2).
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Fig. 6. Variation of the spatial monthly mean NIEF in the mixed layer of the SCS.
Table 2. Maximum monthly mean NIEF (mW/m2) from 2000 to
2008

NIEF from 2000 to 2008 is listed in Table 2, and it reveals that
most of the maxima appear in summer or autumn, which may
be due to the frequent typhoons in the SCS at that time. This
is consistent with the conclusion that the near-inertial kinetic
energy is larger from August to October in the northwestern SCS
by Chen et al. (2013).
By integrating the spatial monthly mean NIEF in the SCS, we
can estimate that the total near-inertial energy input by wind is
approximately 4.4 GW.

correlation of the surface wind with the Niño3.4 index is statistically significant in most of the SCS, while the zonal wind
stress anomalies play an important role on the development
and decay of the El Niño event in the equatorial western Pacific
(Huang et al., 2001). So, is there any relationship between the
spatial monthly mean NIEF and the El Niño event? In Fig. 7, the
spatial monthly mean NIEF and the Niño3.4 index are filtered
with a band-pass-filter with its upper and lower cutoff cycles of
24 and 84 months (Wu and Huang, 2004), respectively, and the
related correlation coefficient is about −0.47 (at the 99% confidence level). But if we only consider the time scale from August
2001 to July 2009, the correlation coefficient reaches −0.63. The
interannual variation of the spatial monthly mean NIEF is opposite to that of the filtered Niño3.4 index, which suggests that
the interannual variation of the spatial monthly mean NIEF has
a negative correlation with the El Niño event.

3.3.2 Interannual characteristic
As discussed in Section 3.2, the spatial monthly mean NIEF
has a high correlation with the wind stress curl. Wang et al.
(2006) pointed out that the wind stress curl is related to an El
Niño event in the SCS, and Fang et al. (2006) suggested that the

4 Conclusions
In this paper, based on the QSCAT/NCEP blended wind data
and the SODA data, the NIEF is estimated to analyze the spatial and temporal patterns by a mixed-layer slab model, and the
model results agree basically with the observational data near
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the Xisha Islands in the SCS. Then, the spatial and temporal
variations of the NIEF in the SCS are analyzed. Some conclusions can be drawn as follows.
It is suggested that, the monthly mean NIEF in the mixed
layer of the SCS exhibits obvious geographical and monthly
variability. First, the monthly mean NIEF west of Luzon Island
is always large throughout the year; second, the monthly mean
NIEF east of the Indo-China Peninsula is large all the year except in spring; thirdly, the monthly mean NIEF in the northern
SCS is large from May to September. The large monthly NIEF in
the first two zones may be due to the variation of the wind stress
curl, and that in the third region may be as a result of the variation of the mixed layer depth. In addition, the monthly mean
NIEF is large in summer and autumn due to the influence of
typhoons. The spatial mean NIEF in the mixed layer of the SCS
is about 1.25 mW/m2 and the total energy input from wind is
approximately 4.4 GW. Furthermore, the spatial monthly mean
NIEF is closely related to the ENSO event, i.e., the interannual
variability of the spatial monthly mean NIEF and the El Niño
event exhibits an obvious negative correlation.
Note that the slab model was validated with 1 month
moored velocity at only one station, while the NIEF exhibits
obvious spatial and temporal variations. It would be better if
more in situ data, for example, the long-term moored ADCP arrays in some of the coastal oceans of the US (Liu and Weisberg,
2012) were available. This calls for more observation efforts in
the SCS.
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Abstract
As an important equipment for sea state remote sensing, high frequency surface wave radar (HFSWR) has
received more and more attention. The conventional method for wave height inversion is based on the ratio
of the integration of the second-order spectral continuum to that of the first-order region, where the strong
external noise and the incorrect delineation of the first- and second-order Doppler spectral regions due to
spectral aliasing are two major sources of errors in the wave height. To account for these factors, two more
indices are introduced to the wave height estimation, i.e., the ratio of the maximum power of the second-order continuum to that of the Bragg spectral region (RSCB) and the ratio of the power of the second harmonic
peak to that of the Bragg peak (RSHB). Both indices also have a strong correlation with the underlying wave
height. On the basis of all these indices an empirical model is proposed to estimate the wave height. This
method has been used in a three-months long experiment of the ocean state measuring and analyzing radar, type S (OSMAR-S), which is a portable HFSWR with compact cross-loop/monopole receive antennas
developed by Wuhan University since 2006. During the experiment in the Taiwan Strait, the significant wave
height varied from 0 to 5 m. The significant wave heights estimated by the OSMAR-S correlate well with the
data provided by the Oceanweather Inc. for comparison, with a correlation coefficient of 0.74 and a root
mean square error (RMSE) of 0.77 m. The proposed method has made an effective improvement to the
wave height estimation and thus a further step toward operational use of the OSMAR-S in the wave height
extraction.
Key words: wave height, high frequency surface wave radar, field experiment, comparison, Taiwan Strait
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1 Introduction
The knowledge of sea waves is always needed in a wide
range of human's applications from weather forecasting, ocean
engineering for the design and operational safety of harbors,
ships, and offshore structures, to coastal management including coastal stability and pollution. Because the sea waves influence so many processes and operations at sea, many technologies have been invented for measuring waves in different
temporal and spatial scales (Chen et al., 2013; Wang et al., 2013).
Buoys can provide direct and in-situ wave measurements with
the highest accuracy and the smallest scales, while a satellite
altimetry can provide measurements over an extremely large
spatial extent with relatively low resolutions in both time and
space. A high frequency surface wave radar (HFSWR) fills the
gap between these two methods, which can provide low-cost
wave measurements by remote sensing with a time resolution
of a few tens of minutes and a spatial resolution of several kilometers. Owing to the great advantages in sea state monitoring,
the HFSWR has been continuously receiving attention from
several researchers (Barrick, 1972; Gill et al., 2006; Wyatt et al.,
2009; Zhou et al., 2012; Wu et al., 2012) and been established

and tested worldwide in various situations. Now it is widely
accepted and also expected to play a more important role in a
modern sea surveillance network, where different instruments
based on different mechanisms work together to provide measurements that can meet the needs of various applications with
a higher accuracy and a higher confidence level.
The prevailing method used for wave extraction from the
high-frequency (HF) radar echoes is mainly based on the firstand second-order electromagnetic scatter theory founded by
Barrick (1972). The Doppler spectrum from the sea surface is
dominated by two strong first-order peaks due to the Bragg
scattering effect. There are also weaker spectral continuums
adjacent to them. The overall power of the second-order continuum is normalized by the energy in the first-order region to
calculate the significant wave height (Barrick, 1977). This method has been validated by several field comparison experiments.
In a majority of situations, say under not very high sea states,
high correlations between measurements by the HFSWR and
by in-situ buoys can be achieved. However, an external interference may frequently lead to large errors in the radar-derived
wave height estimates, which is a major problem in HFSWR
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operations. Moreover, the incorrect delineation of the first- and
second-order spectral regions due to spectral spread and split
is also a source of error, especially when the radar beam is not
sufficiently narrow. So, some measures should be taken to decrease the error and increase the confidence level of the wave
height estimate.
Owing to the low cost and ease of installation and maintenance, the HFSWR with a compact antenna array is often
preferred to that with a large-aperture array. The ocean state
measuring and analyzing radar type S (OSMAR-S) is a portable
HFSWR developed by Wuhan University of China, aiming at
providing sea surface current, wave and wind parameters. The
capability of the OSMAR-S on large-area current field measurement has been verified in a series of field experiments (Wen et
al., 2009; Zhou et al., 2012), but only average wave and wind parameters can be obtained on each range cell so far due to the
insufficient directional resolution. Furthermore, the OSMAR-S
is more susceptible to external interferences than large-aperture radars and has a lower accuracy of the wave estimate. The
wave extraction algorithm and the specific wave processing
settings of the radar software still need to be further tested and
improved by more experiments under different sea conditions.
From January to April 2013, the OSMAR-S was operated in
Zhangpu County, Fujian Province to fully test its performance
on sea state measurement. The surface current, wave height,
wave period, wind direction and wind speed in the Taiwan Strait
were measured continuously. In this paper, we discuss the wave
height estimation. During the experiment, the significant wave
height in the Taiwan Strait varied from 0 to 5 m. Buoys were
placed in the radar detection area but the data are unavailable
for comparison now. So alternatively the wave height provided
by a global wave model GROW2012 developed by the Oceanweather Inc. (Hope et al., 2013) is used as the “ground truth”
data here. The conventional integration-based method performed well and captured every varying cycle of the wave successfully with the correlation coefficient being 0.67 and the root
mean square error (RMSE) being 0.89 m. However, some outliers were measured due to the external interferences. To improve
the wave estimate, two semiempirical models are proposed to
calculate the significant wave height simultaneously. One uses
the ratio of the maximum power in the second-order spectral
continuum to that of the Bragg peak (RSCB), and the other uses
the ratio of the power of the second harmonic peak to that of
the Bragg peak (RSHB). Using the peak power only instead of
the integration means only the strongest sea waves of particular
wavelengths are involved but many other weaker waves are ignored. This will of course lead to some errors in the wave height
estimate, but the errors due to incorrect delineation of the firstand second-order regions and the external interferences will be
effectively decreased. To make a further improvement, all the
three estimates by the models are combined together and then
smoothed to give the final wave height estimate. The comparison results show that the correlation coefficient increases to
0.74 and the RMSE decreases to 0.77 m.
2 Method for wave height estimation
2.1 Conventional method
HF echoes from the sea surface are dominated by the first-order or Bragg scatter peaks. In the 1970s, Barrick (Barrick, 1972)
derived the first- and second-order cross-section equations for
narrow-beam HF radars, which established the theoretic basis
for the wave extraction. He also proposed an efficient method to

calculate the significant wave height via the ratio of the overall
power in the second-order spectral region to that in the first-order region (Barrick, 1977), i.e.,

³: V (Z ) / W (Z )dZ ,
³: V (Z )dZ
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where Ȧ=2ʌf is the circular Doppler frequency; ı1 and ı2 are the
first- and second-order power spectral densities respectively; k0
is the radar wavenumber; W is a dimensionless weighting function to eliminate the coupling coefficient of the double scatter;
ȍ1 and ȍ2 indicate the first- and second-order spectral regions
respectively; and Į0 is a calibration factor. Usually only the spectral side with stronger Bragg peaks is involved in the above integrations. Till now this method has been used in most of the
oceanographic radars.
As can be seen from Eqs (1) and (2), the delineation of the
first- and second-order spectral regions has a crucial impact
on the wave extraction, but often there is no clear null between
them. If some first-order peaks are mistakenly included into the
second-order spectrum, the wave height will be greatly overestimated. Moreover, because the second-order spectral continuums are relatively weak, even a moderate interference or clutter
can lead to a significant rise in the wave height estimate.
2.2 Semiempirical method I
To account for the susceptibility to the noise and difficulty
in allocating the spectral regions, more indices may be included in the wave height estimation. Intuitively, the ratio of the
maximum value of the second-order continuum to that of the
first-order region may be such a helpful index. The second-order peak region contains a large portion of the total power of
the wave height spectrum, and usually it is much easier to locate the second-order peak only than to determine the edges
of the first- and second-order spectral regions. Moreover, when
there exist interferences, the delineation of the spectral regions
is more likely to be affected, and thus larger error may result. In
fact, there is a quantitative relation between the integration and
the peak value of the wave height spectrum for some particular
wave models. Here we consider the two most popular spectral
models, i.e., the Pierson-Moskowitz (P-M) spectrum (Pierson
and Moskowitz, 1964) for a fully developed sea and the Joint
North Sea Wave Project (JONSWAP) spectrum (Hasselmann et
al., 1980) for a not fully developed sea. The JONSWAP spectrum
is given by
S (Z )
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in which Ȧp=2ʌfp, is the peak circular frequency; and Ȗ is a peak
enhancement parameter between 1 and 7.
The power of the P-M spectrum, E, can be expressed by
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and the peak value is given by
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The ratio of the overall integration to the modified peak value
(RIP) is
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The power of the JONSWAP spectrum has no analytical expressions available but can be calculated numerically. The RIP
in the JONSWAP spectrum with a given Ȗ is also nearly a constant
k (J )

E (J )
,
[ S (Zp )]0.8

(7)

which is shown in Fig. 1 for different Ȗ from 1 to 7.
So, with the nearly definite relationship between the overall
integration and the peak value of the JONSWAP spectrum, the
semi-empirical index based on the ratio of the maximum of the
second-order continuum to the Bragg peak power (RSCB) for
the wave height estimation can be denoted as

spectral region which is located at 2 times Bragg frequency.
This peak corresponds to a singularity in Barrick's (1972) second-order integral equation. It is due to both electromagnetic
and hydrodynamic second-order effects. The electromagnetic
effect is from ocean waves of length being equal to the radar
wavelength, and the hydrodynamic effect is from a second
spatial harmonic of the same wavelength. In the conventional
method as described in Eqs (1) and (2) the second harmonic
peak is weakened by setting small weights at the specific frequency position. Some research has been performed to quantitatively explain the second harmonic peak in the HF radar spectra. Ivonin et al. (2006) derived a quantitative expression of the
second harmonic peak in the HF radar spectra and showed that
the second harmonic peak was primarily due to the water wave
of wavelength being equal to the radar wavelength Ȝ0, or twice
that of the Bragg wave. By the boundary perturbation method,
Zhang et al. (2013) derived a different form of the second harmonic peak. However, the evaluations of these theoretical models show that they do not correlate with the experimental results
well. Because the second harmonic peak has a similar spectral
structure as the Bragg peak and often has a strong strength, the
use of it in the wave height estimation will certainly be helpful
due to the reduced complexity, extra confidence level and improved accuracy.
The RSHB-based semi-empirical method to estimate the
wave height can be described as

0.8

r1

° max[V 2 (Z )] °½
®
¾ ,
°¯ max[V 1 (Z )] °¿

(8)

H S ,1 D1 (r1 )0.5 ,

(9)

with Į1 being a calibration factor to be determined by fitting to
the data.
2.3 Semiempirical method II
From a large amount of the HFSWR data, we find the ratio
of the power of the second harmonic peak to that of the Bragg
peak (RSHB) can also be used to estimate wave heights. The second harmonic peak is a line spectrum within the second-order
8
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where ZB
2gk0 , is the circular Bragg frequency; Ȧc is the circular Doppler frequency shift due to the underlying radial current
velocity; ǻ is a small neighborhood of the predicted position for
the second harmonic peak to account for the underlying current shear; and Į2 and ȕ2 are the linear model parameters to be
determined by fitting to the data. In this paper, ǻ is empirically
set to be within three frequency bins.
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Fig. 1. The JONSWAP spectrum (a) and the RIP of the JONSWAP spectrum versus parameter Ȗ (b).
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2.4 Combination and postprocessing
Each model by itself may be susceptible to some kind of external noise. However, it can be expected that a combination or
fusion of all the three wave estimates will effectively decrease
the error. The combined wave height estimate can be denoted
as

¦ wH

i 0,1,2

i

S ,i

,

3 Description of radar experiment
The field experiment of the OSMAR-S was performed on the
western coast of the Taiwan Strait from January 10 to March 31,
2013. During the experiment, the wind predominantly blew
from the northeast direction with a speed varying from 0 to
more than 20 m/s, and the wave height varied from 0 to above 6
m. The observation system consisted of two radar sites working
near the 13 MHz band, namely XIAN (23°44.60ƍN, 117°36.29ƍE)
and SHLI (24°9.85ƍN, 117°59.01ƍE), both located in Zhangpu
County of Fujian Province. The geographic map is shown in Fig.
2. The radial current maps provided by the two radar sites were
combined to calculate the corresponding vector current map,
while each radar site independently provided the wave and
wind estimates of its adjacent sea area. The sea state parameters
were output every 20 min, and 3-months long continuous data
were obtained. The system parameters of the OSMAR-S used in
the experiment are listed in Table 1 for brevity. During the experiment, the external noise level at SHLI had been at least 6
dB higher than that at XIAN, so hereinafter only the wave height
output from XIAN is to be discussed. Figure 3 shows a Doppler
spectrum collected by XIAN for example, where the ratio of
Bragg peak to noise power has exceeded 40 dB showing a high
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120°

121° E

26°
N

25°

Taiwan Strait
OSMAR-S@SHLI
24° OSMAR-S@XIAN
111879
23°

22°

Fig. 2. Geographic map of the radar experiment 2013 in
the Taiwan Strait. The pentagram marks the XIAN radar
site and the four-pointed star indicates the grid point
No. 111879 in the GROW2012 project developed by the
Oceanweather Inc.

13±0.4
frequency modulated interrupted

Waveform

(13)

wi 1
where wi (i=0, 1, 2) is the positive weights satisfying i ¦
.
0,1,2
To make a further improvement, smoothing is performed on
the wave height sequence to give the final result with 1 h time
step.

116°

Center frequency/MHz

continuous wave (FMICW )

Band width/kHz

60

Average power/W

100

Transmit antenna

monopole

Receive antenna

cross-loop/monopole

Sweep period/s

0.38

Coherent processing time/min

20

85

Bragg peak

80

2nd
harmonic
peak

2nd-order
continuum
peak

75
70
Power/dB

HS

Table 1. System parameters of OSMAR-S used in the experiment

65
60
55
50

σ1

45

noise level

40
35

σ2
−2

0
1
− 2 −1
Normalized Doppler frequency

2

2

Fig. 3. Doppler spectrum collected by OSMAR-S at
XIAN at 08:15, February 8, 2013. The range is 10 km. The
Bragg region ı1 and the second continuum region ı2 in
the conventional method are indicated.
signal quality.
Till now, there is no in-situ buoy data available for comparison, but the wave parameters output from GROW2012 (global
reanalysis of ocean waves, 2012) developed by the Oceanweather Inc. can be used as the “ground truth” data. The GROW2012
couples Oceanweather's global wave model, tropical boundary
layer model, and its vast experience in developing marine surface wind fields to produce a global wave hindcast. The wave
output is available at an hourly time step on a 55 km grid. In
consideration of the coverage of the XIAN site, grid point No.
111879 (23°30ƍN, 118°00ƍE) is most suitable for comparison,
which is about 48 km far from the radar as indicated by a
four-pointed star in Fig. 2.
4 Comparison results
The significant wave height estimates are calculated by the
conventional integration-based method and the two line-spectrum-based semi-empirical methods at a range cell of 10 km
in the direction of the grid point where comparison data are
available. By fitting to the wave height sequence provided by
the Oceanweather Inc, the parameters in the models are determined to be Į0=1.26, Į1=14.0, Į2=0.4 and ȕ2=10.0, respectively.
The three wave height estimates by the OSMAR-S are shown
in Fig. 4, with the wave height provided by the Oceanweather
Inc. for comparison. As can be seen, all the three methods have
tracked the variations of the wave height generally well. There
are several outliers in the results by the conventional method due to external interferences, whereas there are less by the
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Fig. 4. Comparisons of the significant wave height estimates by the conventional method and the semi-empirical methods versus
that provided by the Oceanweather Inc. a. The time sequences and b. the scatter plots.
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Fig. 5. Combined and smoothed significant wave height estimates by the OSMAR-S versus that provided by the Oceanweather Inc.
a. The time sequences and b. the scatter plots.
RSCB-based method and the least by the RSHB-based method. Then these three wave height estimates are combined and
smoothed using a 1 h moving window to give the final result, as
shown in Fig. 5. The weights used here are w1=0.5, w2=0.2 and
w3=0.3, respectively, corresponding to the different priorities of
the three indices used here. As can be seen, the wild values have
been removed and the fluctuations in the intermediate wave
height estimates have been greatly reduced.
The correlation coefficients and the RMSE between the
wave height estimates by the OSMAR-S and that by the Oceanweather Inc. are shown in Table 2. It can be seen that the three
Table 2. Correlation coefficients and standard error between
the estimates by the OSMAR-S and the estimates by the Oceanweather Inc.
Method

Correlation coefficient

RMSE/m

Integration-based

0.67

0.89

RSCB-based

0.65

0.87

RSHB-based

0.71

0.93

Combined

0.72

0.82

Smoothed after combination

0.74

0.77

methods generally have similar statistics, with the RSHB-based
method giving the highest correlation but the biggest error
while the RSCB-based method gave the lowest correlation but
also the smallest error. The combination of the three estimates
and the further smoothing have effectively improved the wave
height estimate, which makes the wave estimate more acceptable towards operational use.
5 Conclusions
The wave height is one of the most important dynamic parameters of the sea. The conventional method for the wave
height estimation in HFSWR involves the integrations of the
first- and second-order Doppler spectra. There are two major
sources of large errors in the wave estimates, especially for the
portable radar like the OSMAR-S with a compact antenna array.
One is the strong external noise received by the HFSWR, and the
other is the incorrect delineation of the first- and second-order
spectral regions. To achieve higher accuracy and confidence
level in the wave measurement, two more indices, namely the
RSCB and the RSHB, are incorporated into the wave estimation.
The linear models are used and the parameters are determined
by fitting the ratios to the ground truth wave heights. Calcula-
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tions show that these new indices lead to similar correlation
coefficients and estimation errors as the conventional integration-based method. But the combination of all the three indices
can effectively improve the estimates. This processing has advanced toward the operational use of the wave estimation by a
portable HFSWR.
Till now the theoretical relations between the new indices
and the underlying wave height have not been fully developed,
and the above new models used for the wave height estimation are currently semi-empirical. Our future work will include
more theoretical analyses of these indices, further improving
the signal quality by more sophisticated signal processing technologies, and doing more experiments to test and improve the
methods.
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Abstract
To improve retrieval accuracy, this paper studies wave effects on retrieved wind field from a scatterometer.
First, the advanced scatterometer (ASCAT) data and buoy data of the National Data Buoy Center (NDBC)
are collocated. Buoy wind speed is converted into neutral wind at 10 m height. Then, ASCAT data are compared with the buoy data for the wind speed and direction. Subsequently, the errors between the ASCAT
and the buoy wind as a function of each wave parameter are used to analyze the wave effects. Wave parameters include dominant wave period (dpd), significant wave height (swh), average wave period (apd) and
the angle between the dominant wave direction (dwd) and the wind direction. Collocated data are divided
into sub-datasets according to the different intervals of each wave parameter. A root mean square error
(RMSE) for the wind speed and a mean absolute error (MAE) for the wind direction are calculated from the
sub-datasets, which are considered as the function of wave parameters. Finally, optimal wave conditions on
wind retrieved from the ASCAT are determined based on the error analyses. The results show the ocean wave
parameters have correlative relationships with the RMSE of the retrieved wind speed and the MAE of the
retrieved wind direction. The optimal wave conditions are presented in terms of dpd, swh, apd and angle.
Key words: advanced scatterometer, ASCAT, wind field, wave effects, wave parameters
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1 Introduction
Scatterometer can measure the wind speed and direction
above the sea surface based on the analyses for normalized radar
cross-section (NRCS). It makes use of the multiple observations
of the same scene from different azimuth angles to retrieve the
wind direction and from a geophysical model function (GMF)
to retrieve the wind speed (Stoffelen and David, 1997). The GMF
describes the empirical relation between the wind vector and
the NRCS. Some GMFs for scatterometer have been developed
like CMOD4, CMOD_IFR2, CMOD5, and CMOD5.N (Stoffelen and David, 1997; Quilfen et al., 1998; Hersbach et al., 2007;
Hersbach, 2010). But all GMFs have not directly considered the
ocean wave parameters as the model parameters.
To study the oceanic dynamic environment better, many
methods have been proposed to simultaneously extract the
wind field and the wave field. For instance, synthetic aperture
radar (SAR) can measure the wind field and ocean directional wave spectra based on the same imagery (Hasselmann and
Hasselmann, 1991; Zhang et al., 2012). Chinese French Ocean
SATllite (CFOSAT), to be launched in 2014, will equip with a
spectrometer and a scatterometer to measure collocated wind
and wave data (Tison et al., 2009). These methods will provide a
chance for improving the retrieval accuracy of the scatterometer by considering the wave effects.
The relationships between the NRCS of microwave sensors
and the sea states have been explored. The ocean wave can

change the NRCS by tilt modulation and hydrodynamic modulation besides the drive from the wind field (Hasselmann and
Hasselmann, 1991). The NRCS tends to increase due to the presence of swell (Kasilingam and Shemdin, 1992; Kasilingam et al.,
1997). Only under high wave light wind conditions, the NRCS
is enhanced significantly at large incidence angles (Nghiem et
al., 1995). The retrieved wind speed residuals have the positive
correlations with the significant wave height (swh) (Graber et
al., 1996) and the wind direction has the errors of 20° due to the
large wave (Essen, 1999). A neural model has been developed to
relate the NRCS to both surface wind and sea state information
(Quilfen et al., 2004). The wave parameters like the swh and the
wave steepness have been retrieved from QuikSCAT and ERS1/2 scatterometer (Guo, He, Chu, et al., 2009; Guo, He, Perrie, et
al., 2009; Guo and He, 2012). Moreover, although ocean currents
are negligible for the wind direction retrieved from the scatterometer, it results in a weak negative correlation relationship
with the wind speed difference (Plagge et al., 2012). The overall results indicate there are small but systematic nonwind sea
surface effects on scatterometer products (Quilfen et al., 2001).
The objective in this work is to analyze the wave effects on
the retrieved wind field from the scatterometer. We introduce
data in Section 2 and the method in Section 3. Section 4 is the
comparison and analyses. Conclusions are summarized in Section 5.

Foundation item: The National Natural Science Youth Foundation of China under contract Nos 41306191 and 41306192; the National High Technology Development Program (863 Program) of China under contract No. 2013AA09A505; the Scientific Research Fund of the Second Institute of
Oceanography, State Oceanic Administration of China under contract No. JG1317.
*Corresponding author, E-mail: renlin210@sio.org.cn
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2 Data

error analyses.

2.1 Wind data from scatterometer
The wind data from the scatterometer are provided by the
advanced scatterometer (ASCAT) on MetOp-A. We collected the
ASCAT Level 2 wind field retrievals at 25 km sampling for years
from 2011 to 2013. The wind vector retrievals were processed
using the CMOD5.N GMF (Hersbach, 2010) using a Hamming
filter to spatially average the NRCS data in the ASCAT L1B data.

3.2 Wind speed conversion
The retrieved wind speed from the ASCAT is about 10 m
blowing height over the sea surface. But an anemonmeter installed on the NDBC buoy stations measures the wind speed at
a height of 5 m. Therefore, all the buoy wind speed must be converted into the neutral wind at the same height. In this study,
the neutral wind speed at 10 m height U10 (Smith, 1988), can be
obtained by

2.2 Buoy data
Collocated in situ wind and wave data are provided by the
National Data Buoy Center (NDBC) buoy measurements. The
27 buoys are located off the east and west of USA (Fig. 1). The
standard meteorological data of these buoys are used to extract
the wind speed and direction, the dominant wave period (dpd),
the swh, the average wave period (apd) and the dominant wave
direction (dwd), averaged on 1 h.
180°

60°
N

150°

120°

90°

60° W

U=

u* ⎛ z ⎞
ln ⎜ ⎟ ,
K ⎝ z0 ⎠

(1)

where U is the wind speed at the measurement height z; u* the
friction velocity; K=0.4, the von Karman constant; and z0 (Smith,
1988) can be estimated by
z0 = α

u*2
v
+β ,
g
u*

(2)

in which g=9.8 m/s2, the acceleration of gravity; Į the Charnock
constant, whose value varies from 0.018 to 0.030 depending on
the wind input (Makin et al., 1995); ȕ=0.11, the limiting roughness; and v=14×10−6 m/s, the air viscosity. Then U10 can be estimated by Eqs (1) and (2) at z=10 m.

45°
30°
15°

Fig. 1. Map of NDBC buoy sites collocated in this work.
There are 27 sites and the red diamonds indicate the location of each site.

3 Method
3.1 Flowchart
Figure 2 is a flowchart for analysing the wave effects on the
wind field retrieval from the ASCAT. From the figure, the ASCAT
and buoy data are first collocated. Then the buoy wind speeds
are converted into neutral wind at 10 m height. Subsequently,
errors between the ASCAT and buoy winds as a function of wave
parameters are used to analyze the wave effects. Owing to the
lack of ocean current data, the current effects on the wind speed
will be neglected. Finally, the optimal wave conditions on the
wind retrieved from the ASCAT are determined based on the
ASCAT data

buoy data
data collocation
buoy wind

ASCAT wind

conversion
wave parameters

errors of wind

analyses of wave effects
optimal wave conditions

Fig. 2. Flowchart for analysing wave effects on wind
field retrieval from ASCAT.

3.3 Creation of collocated database
The ASCAT observations and the buoy measurements are
collocated within a spatial distance of 10 km and a time interval
of 30 min. The ranges of the collocated data are 0–20 m/s for
the wind speed, 0.2–5.0 m for the swh, 3–16 s for the dpd and
3–12 s for the apd. This approach generated 3 261 collocated
data. To consider the effects of the wave direction, the dwd is
transformed into the angle between the dwd and the buoy wind
direction (hereinafter referred to as angle). Finally, the dpd, the
swh, the apd and the angle are chosen as factors to analyze the
wave effects on the ASCAT.
4 Comparison and analyses
4.1 Comparison of wind field from ASCAT to buoy
Figures 3a and b show the scatterplots of the ASCAT versus
the in situ buoy measurements for the wind speed and direction, respectively. Note that in Fig. 3a, the bias in the ASCATbuoy wind speed comparison is small 0.38 m/s. The root
mean square error (RMSE) is 1.46 m/s. In Fig. 3b, the bias in
the ASCAT-buoy wind direction comparison is small 2.50°. The
mean absolute error (MAE) is 17.70°. From the comparisons,
there are basically no significant linear deviations for the wind
speed and direction. But part of retrievals deviated significantly
from the values of buoy wind. It is rational that the ASCAT observations are probably subject to effects of wave and currents
beside the wind field. In the following, the wave effects on the
retrieved wind field will be analyzed.
4.2 Analyses of wave effects on wind speed
The errors between the ASCAT and buoy winds as a function of each wave parameter are used to analyze the wave effects. The differences of the ASCAT wind speed minus the buoy
wind speed are first calculated. Figures 4a, b, c and d show the
differences as a function of the wave dpd, swh, apd and angle,
respectively. From these figures, the differences are basically
symmetric along the y-axis. There are basically no correlative
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Fig. 3. Scatterplots of retrieved wind field from ASCAT scatterometer versus in situ buoy measurements from NDBC. a. Wind speed
and b. wind direction. A dashed black line for reference and a red line for one-order fitting function. General statistics regarding all
collocated data samples are located at the top left.

12

d

8
4
0
−4
−8
−12

0

30

60

90

Angle/(°)

Fig. 4. Wind speed difference between ASCAT scatterometer and in situ buoy measurements as a function of dpd (a), swh (b), apd
(c) and angle (d).
relationships between the differences and the wave parameters.
Moreover, due to uneven distributions of samples along the
x-axis, it is difficult to determine the variation trend from Fig. 4.
To analyze the wave effects further, the RMSE of the wind
speed is considered as a function of each wave parameter. The
scale of each wave parameter is first divided into several intervals with differences of 1 s for the dpd and the apd, 0.5 m for the
swh and 10° for angle. For example, the intervals of dpd are 2.5–
3.4, 3.5–4.4, 4.5–5.4 and so on. Then the collocated data are first
divided into some sub-datasets according to the intervals. The

RMSE of sub-datasets are calculated and analyzed as a function
of each wave parameter. Figures 5a, b, c and d show the RMSE
as a function of the dpd, the swh, the apd and the angle, respectively. From Fig. 5a, moderate dpd (7–8 s) brings the smallest
RMSE. From Fig. 5b, the RMSE increases with the swh. They
have a weak positive correlation. The correlation coefficient is
0.63. From Fig. 5c, the moderate apd (7–9 s) brings the most severe error and has a opposite effects on the dpd. From Fig. 5d,
there are basically no significant variations along the angle.
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4.3 Analyses of wave effects on wind direction
A similar process is applied to the analyses of the wind direction. Figures 6a, b, c and d show the wind direction difference
between the ASCAT and buoy measurements as a function of
the wave dpd, swh, apd and angle, respectively. From the figure,
the differences also have no evident increases or decreases with
wave parameters. Thus, the MAE for the retrieved wind direction is calculated from sub-datasets, which are analyzed as a
function of each wave parameter.
Figures 7a, b, c and d show the MAE between the ASCAT and
buoy wind directions as a function of dpd, swh, apd and angle,
respectively. Similar to Figs 5a and c for the wind speed, Figs 7a
and c illustrate the same wave effects for the wind direction. The
dpd for a range of 7–8 s brings the best wind direction retrievals
and the apd for a range of 7–9 s brings the worst ones. From Fig.
7b, the MAE decreases with the swh. The correlation coefficient
is −0.81. From Fig. 7d, the angle leads to a positive correlation
with the MAE. The correlation coefficient is 0.95.
4.4 Optimal wave conditions on wind retrieval from ASCAT
To determine the optimal wave conditions, the collocated
data are still divided into sub-datasets but according to the interval combinations of multiple wave parameters. The ranges

and intervals of each parameter are the same as the above analysis. The RMSE for the wind speed and the MAE for the wind
direction of sub-datasets are calculated. The values of wave
parameters, which have the smallest RMSE and MAE, are considered as the optimal wave conditions for the wind speed and
direction retrievals, respectively. Because the RMSE of the wind
speed does not vary along the angle, the optimal wave conditions for the wind speed retrieval only include dpd, swh and
apd. Table 1 lists the optimal wave conditions in terms of the
dpd, the swh, the apd and the angle. The retrievals of the ASCAT
in these wave conditions will be closer to the real ones, which
can be considered as the calibration data in other study.
5 Conclusions
This paper studies the wave effects on the wind retrieval
from the ASCAT. The ASCAT Level 2 data and the in situ buoy
measurements of the NDBC are collocated. The retrieved wind
speed and direction are provided by the ASCAT. The in situ wind
and wave data are provided by the buoy. The buoy wind speed
is converted into the neutral wind at 10 m height above the sea
surface.
The ASCAT data are compared with the buoy data for wind
speed and direction. From comparisons, the biases have small

Table 1. Lists of the optimal wave conditions for wind speed and direction retrieval from ASCAT
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from ASCAT
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Fig. 6. Wind direction difference between ASCAT scatterometer and in situ buoy measurements as a function of dpd (a), swh (b),
apd (c) and angle (d).
30

b

25
20
15
10
5
0
30

0.5 1.0 1.5 2.0 2.5 3.0 3.5 4.0 4.5 5.0
swh/m

d

25
20
15
10
5
0

10

20

30

40 50 60
Angle/(°)

70

80

90

Fig. 7. The MAE of the wind direction between the ASCAT scatterometer and in situ buoy measurements as a function of dpd (a),
swh (b), apd (c) and angle (d).
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values of 0.38 m/s for the wind speed and 2.50° for the wind direction, but the RMSE for the wind speed grow to 1.46 m/s and
the MAE for the the wind direction grow to 17.70°.
Errors between the ASCAT and buoy winds as a function of
each wave parameter are used to analyze the wave effects. Wave
parameters include dominant dpd, swh, apd and angle between
the dwd and the wind direction. Collocated data are divided
into sub-datasets according to the different intervals of each
wave parameter. The RMSE for the wind speed and the MAE for
the wind direction are calculated from sub-datasets, which are
considered as the function of wave parameters. Errors analyses
show that the wave has effects for the wind retrieval. For the
wind speed retrieval, (1) the moderate dpd (7–8 s) brings the
smallest RMSE, (2) the swh leads to a weak positive correlation
with the RMSE and the correlation coefficient is 0.63, (3) the
moderate apd (7–9 s) has a opposite effect on the dpd, and (4)
the angle brings no change for the RMSE. For the wind direction
retrieval, (1) both dpd and apd bring the same effects on the
retrieved wind direction as the wind speed, (2) the swh leads to
a strong negative correlation with the MAE and the correlation
coefficient is −0.81, and (3) the angle leads to a positive correlation with the MAE and the correlation coefficient is 0.95.
The collocated data are still divided into sub-datasets but according to the interval combinations of multiple wave parameters. On the basis of the similar error analyses on the RMSE and
the MAE, the optimal wave conditions on the wind retrieved
from the ASCAT are determined in terms of the dpd, the swh,
the apd and the angle. The estimated optimal wave conditions
are 7 s, 1.5 m and 5 s for the dpd, the swh and the apd on the
wind speed retrieval and 5 s, 1.0 m, 4 s and 0° for the dpd, the
swh, the apd and the angle on the wind direction retrieval.
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Abstract
Azimuth ambiguities (ghost targets) discrimination is of great interest with the development of a synthetic aperture radar (SAR). And the azimuth ambiguities are often mistaken as actual targets and cause false
alarms. For actual targets, HV channel signals acquired by a fully polarimetric SAR are approximately equal
to a VH channel in magnitude and phase, i.e., the reciprocity theorem applies, but shifted in phase about
±ʌ for the first-order azimuth ambiguities. Exploiting this physical behavior, the real part of the product of
the two cross-polarized channels, i.e. ( S HV S VH ), hereafter called A12r, is employed as a new parameter for a
target detection at sea. Compared with other parameters, the contrast of A12r image between a target and
the surrounding sea surface will be obviously increased when A12r image is processed by mean filtering algorithm. Here, in order to detect target with constant false-alarm rates (CFARs), an analytical expression for the
probability density function (pdf) of A12r is derived based on the complex Wishart-distribution. Because a
value of A12r is greater/less than 0 for real target/its azimuth ambiguities, the first-order azimuth ambiguities
can be completely removed by this A12r-based CFAR technology. Experiments accomplished over C-band
RADARSAT-2 fully polarimetric imageries confirm the validity.
Key words: azimuth ambiguities, polarimetric SAR, CFAR detection algorithm
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1 Introduction
The target detection based on aynthetic aperture radar
(SAR) images is an important research topic in remote sensing
because of its great importance to military application, fisheries
and so on (Novak and Burl, 1990; Lee et al., 1994; Kuttikkad and
Chellappa, 1994; Vachon et al., 1997; Jiang et al., 2000; Zhang et
al., 2012). SAR signals from objects, such as ships and oil rigs,
are mainly consisted by coherent scattering mechanisms. And
the scattering fields of the targets are generally larger than those
from the surrounding sea surface. Thus, a target at sea can be
separated from the sea surface with an appropriate choice of
threshold. Up to now, a number of methods have been developed to detect targets at sea with single-and multi-polarization
SAR images (Kuttikkad and Chellappa, 1994; Vachon et al., 1997;
Jiang et al., 2000). One of the best known and applied methods
is the constant false alarm rate (CFAR) in which the threshold
is calculated by a predefined probability function(Vachon et
al., 1997; Jiang et al., 2000). Recently, with the availability of polarimetric SAR sensors, fully polarimetric SAR images are also
used in targets detection (Novak and Burl, 1990; Zhang et al.,
2012). And some polarimetric detectors, such as polarimetric
whitening filter method, have been successfully applied in a
ship detection. In recent years, statistics of the intensity and
phase of multichannel SAR signals have been widely researched
(Lee, Hoppel et al., 1994; Lee, Miller et al., 1994; Gierull, 2004).
In SAR-polarimetry, these statistics help with the detection of
target signatures in sea clutter background. On the basis of the

generalized-K (GK) speckle distribution, a simple approach to
observe target in a full resolution SLC (single look complex)
SAR image is developed by Ferrara et al. (2011). Because the
scattering mechanisms of targets are generally different with
the surrounding sea surface, the eigendecomposition theory
of a polarimetric coherence matrix has also been employed to
detect targets. In (Chen and Chen, 2009), based on the Cloude
decomposition theory, a polarization cross-entropy has been
introduced for the ship detection. Although the methods mentioned above have been widely used to detect targets in the SAR
imageries, how to remove the azimuth ambiguities effectively is
still a stubborn question. Because the backscattered signals of
the azimuth ambiguities are generally greater than those from
the sea surface especially under a low wind condition, these azimuth ambiguities are often mistaken as real targets and cause
false alarms.
So far, many methods have been developed to suppress
the ambiguities in the polarimetric SAR images. However, the
procedures are quite complicated. Using the polarimetric SAR
data, a simple method has been proposed by Liu and Gierull
(2007) to distinguish the first-order azimuth ambiguities from
real targets. In their work, Liu and Gierull found that when HVVH image is formed, the scattering fields not only from sea surface but from real targets are suppressed, and the ambiguities
of targets become visible. On the basis of so-called ambiguity
free image HVfree (i.e. the intensity of HV plus VH image), Velotto et al. (2014) proposed a new parameter gamma, which is a
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simple combination of GK parameters, for targets detection at
sea. In their work, an experience value 10 is set as the threshold
of gamma to distinguish target from sea. The results in the work
of Velotto et al. revealed that the new parameter gamma can be
used to remove targets' azimuth ambiguities. Wang et al. (2012)
used the eigenvalues of the coherency scattering matrix to distinguish the ambiguities from the real targets. However, the
method proposed by Wang et al. (2012) will no longer perform
well if the depolarized scattering from target is strong.
In the present work, we selected the real part of the product
of the two cross-polarized channels (i.e., A12r) as a new promising indicator of targets. The discussion in Section 3 shows that
the higher contrast makes A12r to be a more suitable parameter
for target detection at sea. Meanwhile, based on the complex
Wishart-distribution (Lee, Hoppel et al., 1994; Lee, Miller et al.,
1994), the probability density function (pdf) of A12r is derived.
Then, an approach for target detection using the CFAR technology in combination with the derived pdf has been developed.
Just because the values of A12r for real targets are generally much
larger than those from sea surface and on the contrary the corresponding values for the first-order azimuth ambiguities are
smaller than the surrounding background, the azimuth ambiguities can be easily removed by the CFAR technology proposed
in this work.
This paper is organized as follows: in Section 2, the problem
of azimuth ambiguities is treated; in Section 3, the contrast of
A12r image has been discussed; Section 4 addresses the probability density function of A12r on the basis of the complex Wishart-distribution; in Section 5, the approach for detection is
proposed. Experiments and results are presented in Section 6
while summary and conclusions are drawn in Section 7.
2 Azimuth ambiguities of targets
The azimuth ambiguities in the SAR image are caused by the
discrete sampling of the Doppler signal at finite intervals of the
pulse repetition frequency fpr. The Doppler frequencies higher
than fpr would be folded into the azimuth spectrum and arise
aliasing. The azimuth ambiguities occur (Freeman, 1993) at
fixed along-track repeat positions with respect to the position
of the actual target, i.e.,

λR
x = x0 + n 0 f pr ,
2V

(1)

where x0 denotes the position of actual target; n=0, ±1, ±2,…
is the ambiguity index; Ȝ and R0 denote the radar wavelength
and the slant range, respectively; and V is the relative speed between the radar and the target. For radarsat-2 data applied in
this work, the theoretical distance between the first order ambiguity and the real target is about 4.19–4.36 km depending on
the range position.
For the fully polarimetric SAR system, the horizontal (H)
and vertical (V) pulses are transmitted alternately. Thus, we can
obtain a time interval between HH/HV and VV/VH as 1/2 fpr. If
the SAR system is flying along x axis and the HH/HV signals are
from target at position x0, the VV/VH signals are from the target
at position:
x = x0 +

V
.
2 f pr

(2)

Thus, if HH and HV ambiguous responses occur at positions
x=x0+n(Ȝ50/2V)fpr, it is obtained by Eq. (2) that the VV and VH

ambiguous responses would occur at x=x0+n(Ȝ50/2V)fpr+(V/2fpr).
For the SAR system, the azimuth phase history for a target positioned at x0 can be represented by
⎡ 2π
⎛ 4πR0 ⎞
2⎤
s ( x) = exp ⎜ j
⎟ × exp ⎢ j R ( x − x0 ) ⎥ .
λ
⎝ λ ⎠
0
⎣
⎦

(3)

Then, using Eq. (3), the phase difference between the ambiguous in HH and HV, and VV and VH images can be obtained as

θ′ =

λR
2π
V
( x0 + n 0 f pr +
− x0 ) 2 −
λ R0
2V
2 f pr
λR
2π
2π V 2
,
( x0 + n 0 f pr − x0 ) 2 = nπ +
2V
λ R0
λ R0 4 f pr2

(4)

For the fully polarimetric SAR systems, the VV and VH returns
from the actual target are resampled in order to register with
the HH and HV returns. For backscattering for the actual target,
the reciprocity condition, i.e., SVH=SHV, should be satisfied. This
means that the phase shift (2π/λ R0 )(V 2 / 4 f pr2 ) in Eq. (4) has been
removed by multiplying a complex number during the resampling processes. Here SHV and SVH denote the complex amplitudes obtained by HV and VH channels. Thus, after the resampling processes, the phase difference between the ambiguous
HH and HV, and VV and VH should be corrected as

ϕ = nπ.

(5)

Because the scattered fields of ambiguities are weighted by
the two-way azimuth antenna pattern, the intensities of the
cross-polarized channels of the higher-order (|n|ı2) ambiguities are generally lower than the surrounding background.
Thus, in the present work, only the first-order ambiguities are
focused on. Using Eq. (5), it is easily concluded that the phase
difference between the two cross-polarized channels is

ϕ =0

for actual target,

(6)

ϕ = ±π

for the first-order ambiguities.

(7)

Based on the property of the phase difference between the
two cross-polarized channels, a novel indicator of target is defined as
A12 r = Re( A12 ) = A12 cos ϕ ,

(8)

∗
. Using Eqs (6), (7) and (8), it is easily concluded
with A12 = S HV S VH
that the value of A12r is positive for the actual target while negative for the first-order ambiguities.
The probability density functions (pdfs) of ĳ for the real target, the first-order ambiguities, and the sea clutter are illustrated in Fig. 1. Here, the SAR image is acquired in the Bohai sea by
RS-2 at 10:52 (UTC) on August. 19, 2011. For the real target, it
is clearly shown that the phase difference between cross-polarized channels is very close to 0. For the sea clutter, the phase difference has been widely spread in an angle region [−ʌ, ʌ] due to
decorrelation effect of time varying sea surface. From the curves
in Fig. 1, we also find that the phase differences for the first-order ambiguities are distributed around ±ʌ. Compared with the
phase difference of the real target, we find that the phase difference of ambiguities has been widely spread. This is because the
field intensities of ambiguities are generally much lower than
those of the real target and can be easily affected by sea clutter.
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4 The probability density function of A12r for sea clutter
In this section, the probability density function of the new
parameter A12r for sea clutter is derived. In the following, we deK
fine a complex vector u as

real target
first-order azimuth ambiguity
sea clutter

1.00
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K ⎡ S HV ⎤
u=⎢
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(9)

Let the multi-look sample covariance matrix
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Fig.1. Phase differences between cross-polarized cha-

(10)

where L represents the look number; and the superscript T denotes the conjugate matrix transpose. Define a new matrix Z as

nnels for the real target (solid line), azimuth ambiguity
(dash dot line), and sea clutter (dashed line).

3 The contrast of A12r image
Not only for targets but for sea background, the scattering
fields for different pixels in the SAR image are generally considered incoherent with each other. However, because the
cross-polarized channels data from the actual target are in
phase, A12r image for the actual target would have a longer coherent length. Then, constructive interference will occur in a
moving window if A12r data from the actual target are processed
by the mean filtering algorithm.
As an example, the two-dimensional complex correlation
coefficients of A12, HVfree (i.e., the intensity of HV plus VH image), SHV and SVH images are all illustrated in Fig. 2. The utilized
SAR image was acquired in the Bohai Sea by RS-2 at 10:52 (UTC)
on August. 19, 2011. As shown in Fig. 2, HVfree, SHV and SVH images for the target or for the surrounding sea have short correlation lengths along range and azimuth directions. Therefore, the
signals from different pixels in HVfree, SHV and SVH images are
approximately incoherent with each other. However, as shown
in Figs 2a and e, although the correlation length of A12 data from
the surrounding sea surface is short, A12 data from the target
have a much longer correlation length along both range and azimuth directions. Thus, if a Mean Filtering Algorithm is proposed
on A12 data from actual target, constructive interference will occur in the moving window. Therefore, the contrast parameter
C A12r , which is defined as C A12r Re[mean ( A12t )] / Re[mean ( A12s )],
will be obviously increased when A12 image is processed by the
mean filtering algorithm. Here, the subscripts t and s denote the
signals from the target and the surrounding sea surface respectively, and the mean values are estimated in a m×m moving window. Nevertheless, the contrasts of HVfree, SHV and SVH images
will not be enhanced by the mean filtering algorithm. For direct
comparisons, Table 1 lists the values of the contrast parameters for different targets. T1–T8 and T9–T17 represent eight oil
platforms and nine ship targets in two quad-polarized RS-2 SAR
images acquired in the Bohai Sea on 19 August 2011 and on 15
February 2013, respectively. In Table 2, the detail information of
the oil platforms and ships is achieved through an ENC (electronic Navigation chart) C131170 and an AIS (automatic identification system) respectively. Just as expected, the contrast parameter C A12r for various targets is all obviously increased when
window's dimension is set to be 3. The higher contrast means
that the actual targets in A12r image can be separated more easily from the sea background.

1 L K K T
∑ u (i)u (i) ,
L i=1

⎡Z
Z = LA = ⎢ 11∗
⎣ Z12

Z12 ⎤
.
Z 22 ⎥⎦

(11)

Just as discussed by Lee, Hoppel et al. (1994) and Lee, Miller
et al. (1994), matrix Z satisfies the complex Wishart distribution,
i.e.
p ( Z) =

| Z |L−2 exp[−Tr (C−1Z)]
,
πΓ( L)Γ( L − 1) | C |L

(12)

where C is the covariance matrix and it can be expressed as:
⎡
C11
C=⎢
⎢⎣ C11C22 ρ exp(− jϕ )

C11C22 ρ exp( jϕ ) ⎤
⎥,
C22
⎥⎦

(13)

∗
∗
; C22 = S VH S VH
; and M denotes the phase
in which C11 = S HV S HV
mean difference between the two cross-polarized channels.
Substituting Eqs (11) and (13) into Eq. (12), it is obtained that

P( Z11 , Z 22 , Z12 r , Z12i ) =

( Z11Z 22 − Z122 r − Z122i ) L−2
×
πΓ( L)Γ( L − 1){C11C22 [1− | ρ |2 ]}L

⎡ 2 | ρ | C11C22 cos ϕ Z12 r − Z11C22 − Z 22C11 ⎤
exp ⎢
⎥×
C11C22 (1− | ρ |2 )
⎢⎣
⎥⎦
⎡ 2 | ρ | C11C22 sin ϕ Z12i ⎤
exp ⎢
⎥.
C11C22 (1− | ρ |2 )
⎥⎦
⎢⎣

(14)

Integrating Eq. (14) over Z11, Z22 and Z12i, and using the relationship A12r= Z12r/L, the pdf for A12r is obtained as:
P( A12 r ) =

2aLL
× exp{a ρ cos ϕ A12 r } ×
πΓ( L)(C11C22 ) L / 2
(a ρ sin ϕ ) 2 n
∑
( 2n)!
n =0
∞

A12 r

L + ( 2 n −1)/ 2

⎛ 2n + 1 ⎞
2( 2 n−1)/ 2 Γ ⎜
⎟
⎝ 2 ⎠×
( 2 n +1)/ 2
a

K L+( 2 n−1)/ 2 (a A12 r ),

(15)

where a = 2 L / C11C22 (1 − ρ 2 ) , and KL+(2n−1)/2 denotes a modified
Bessel function. The detailed derivation of Eq. (15) has been given in Appendix.
Generally, if the backscattering fields from the sea surface are
much higher than radar noise equivalent sigma-zero (NESZ), as
a result, the reciprocity condition should be satisfied and the
mean phase angle M in Eqs (13) and (14) should be centered at
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Fig.2. Two dimensional correlation coefficients of different channels data from oil platform named PL19-3E (a–d), and the surrounding sea clutter (e–h).
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Table 1. The contrast parameters for different window's dimensions
C A12r

Parameter
Window's dimension
T1

CHVfree

CSHV

CSVH

m=1

m=3

m=1

m=3

m=1

m=3

m=1

m=3

212.3

429.4

185.6

191.1

118.4

110.6

100.3

113.8
125.2

T2

242.5

469.6

205.2

195.7

114.6

105.5

126.3

T3

125.6

244.5

110.0

103.4

64.1

54.3

65.6

59.9

T4

143.7

298.9

128.5

143.4

69.6

73.2

76.2

68.9
104.0

T5

226.9

446.7

193.3

178.6

113.4

106.3

119.2

T6

93.8

189.3

84.4

61.5

46.4

35.9

48.2

40.3

T7

279.5

517.4

242.0

198.7

142.4

110.4

145.5

118.0

T8

157.7

313.9

138.6

175.1

T9

1.8×10 3

5.4×103

2.0×103

2.3×103

78.2

99.3

85.0

1.2×103

1.0×103

1.0×103

107.9
1.1×103

T10

486.9

988.0

489.8

490.1

239.3

216.5

260.4

254.2

T11

409.2

798.8

412.1

401.7

206.8

187.8

230.4

213.5

T12

558.6

1.1×103

543.7

526.9

285.4

251.6

271.4

278.8

T13

368.7

794.9

370.5

411.7

179.5

207.0

185.9

204.2
247.3

T14

492.3

1.2e+3

465.5

438.0

221.3

215.6

246.8

T15

1.4×103

2.9×103

1.4×103

1.6×103

748.0

881.5

720.1

837.0

T16

314.3

709.9

346.7

386.0

154.2

161.4

176.2

258.7

T17

168.9

335.9

170.3

159.4

97.6

90.2

79.5

77.6

Table 2. The information of the targets in Table 1
Target

Target's name

T1

oil platform (PL19-3E)

38.403 457°N

Position

T2

oil platform( PL19-3SPM)

38.392 841°N

120.081 199°E

T3

oil platform( PL19-3SPM)

38.390 769°N

120.110 801°E

120.102 157°E

T4

oil platform(PL19-3A)

38.378 410°N

120.100 700°E

T5

oil platform (PL19-3RUP)

38.368 801°N

120.115 501°E

T6

oil platform(PL19-3M)

38.367 805°N

120.008 742°E

T7

oil platform(PL19-3WHP-D)

38.360 111°N

120.093 498°E

T8

oil platform(PL19-3F)

38.317 424°N

120.140 731°E

T9

ship AALBORG

38.964 581°N

118.121 776°E

T10

ship TIAN SHAN HAI

38.956 699°N

118.103 622°E

T11

ship DA QING XIA

38.947 428°N

118.112 557°E

T12

ship MAPLE RUBY

38.949 818°N

118.129 448°E

T13

ship KAVALA SEAS

38.937 426°N

118.111 329°E

T14

ship DA FU

38.943 874°N

118.148 537°E

T15

ship M.V.SANGTHAI IRIS

38.931 187°N

118.150 238°E

T16

ship GREAT HAPPY

38.952 945°N

118.159 423°E

T17

ship AN SHENG16

38.926 121°N

118.166 473°E

0 rad. For this case, Eq. (15) can be simplified as
P( A12 r ) =

2aLL
πΓ( L)(C11C22 ) L / 2

A12 r

L −1/ 2

β=

∞

2aLL
exp{a ρ cos ϕ A12 r } ×
L/ 2
11C22 )

∫ πΓ( L)(C
ξ

×

(16)

exp{a ρ A12 r )K L−1/ 2 (a A12r ).
In Fig. 3, the theoretical pdfs of A12r calculated by Eq. (15)
are superimposed over the histograms. From Figs 3a–d, one can
see that the agreements of the histogram with the theoretical
distribution are very good.
5 A12r based CFAR target detector
The previously derived pdf of the sea clutter can be utilized
to define a CFAR target detector at sea. The detection threshold
ȟ is determined as the ȕ-percentile of the pdf in Eq. (15), here
ȕ=10−6, denotes a given false-alarm rate. Using Eq. (15) we can
obtain that

(a ρ sin ϕ ) 2 n
∑
(2n)!
n =0
∞

A12 r

L + ( 2 n−1)/ 2

⎛ 2n + 1 ⎞
2( 2 n−1)/ 2 Γ ⎜
⎟
⎝ 2 ⎠×
( 2 n+1)/ 2
a

K L+( 2 n−1)/ 2 (a A12 r )dA12 r .

(17)

Because the argument of the modified Bessel function in Eq.
(17) always satisfies the inequality: aA12r1, the value of KL−1/2(·)
can be calculated by the large-argument asymptotic expansion,
i.e.,
K L−1/ 2 (aA12 r ) ≈

M m
⎡
π
ν − (2n − 1) 2 ⎤
exp(− aA12 r ) × ⎢1 + ∑ ∏
⎥,
2aA12 r
⎣ m=1 n=1 8naA12 r ⎦

(18)

where the parameter ȣ=4(L−1/2)2. Then, substituting Eq. (18)
into Eq. (17) and performing the integration, an analytic expres-
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Fig.3. The theoretical distribution (solid line) and the histogram (pluses) of A12r Acquired by RADARSAT-2 at 10:52:36 (UTC) on

19 August. 2011 with C11=1.8×106, C22=1.8×106, ȡ=0.165 and ϕ = 0 .01 rad (a); at 10:13:39 (UTC) on 15 May 2010 with C11=3.89×104,
C22=3.89×104, ȡ=0.465 and ϕ = 0 .023 rad (b); at 09:17:22(UTC) on 30 July 2008 with C11=1.12×104, C22=1.10×104, ȡ=0.358 3 and
ϕ = −0.062 rad (c); and at 22:12:01 (UTC) on 18 August 2012 with C11=9.71×103, C22=9.18×103, ȡ=0.025 3 and ϕ = −2.5516 rad (d).

sion for Eq. (17) is obtained as:

β≈

L +1

(a ρ sin ϕ )
4L
×∑
(2n)!
2aπΓ( L)(C11C22 )( L+1)/ 2 (1 − ρ 2 ) n=0
∞

2n

1⎞
⎛
2n−1/ 2 Γ ⎜ n + ⎟
2⎠
⎝
×
a n+1/ 2

⎧⎪ M Γ( L + n − m, μξ ) m ν − (2q − 1) 2 Γ( L + n, μξ ) ⎫
+
⎨∑
⎬.
∏
8qa
μ L + n−m
μ L+n
q =1
⎭
⎩⎪ m=1

clutter area

guard area

(19)

If the mean phase angle ϕ ≈ 0 rad, Eq. (19) can be simplified as:

β≈

⎧ Γ( L, μξ ) M Γ( L − m, μξ ) m ν − (2n − 1) 2 ⎫
LL
+∑
⎬ , (20)
∏
L/ 2 ⎨
μ L −m
8na
Γ( L)(C11C22 ) ⎩ μ L
m=1
n=1
⎭

where ī(a, b) denotes the incomplete gamma function; and the
parameter μ=a−ap. In the derivation of Eq. (19), the following
integration identity from Gradshteyn and Phyzhik (2007) (p346,
Eq. (3)) has been utilized, i.e.,

∫

∞

ξ

x p−1 exp(− qx)dx = q − p Γ( p, qξ ) ξ > 0, Re(q)>0.

(21)

For a given polarimetric SAR image of ocean, the parameters
C11, C22 and ȡ are estimated using the data in the clutter area
shown in Fig. 4. Here, the guard area ensures that no target cells
are included in the clutter statistics. In this work, spatial size of
the guard area is 30×30.
Based on the analysis above, the procedure of the CFAR detection algorithm is illustrated in Fig. 5.
6 Experimental results
In this section, the proposed detection algorithm is validat-

target cell

Fig.4. The clutter area for estimating the parameters
in Eq. (19)

fully
polarized
SAR
image

target
pixel
local
sliding
window

estimate
the
parameters
C11, C22,
and ρ

false
alarm rate

CFAR
detection
threshold
ξ

target
A12rıξ
clutter
A12r<ξ

Fig.5. Flowchart of the new CFAR detection algorithm.
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≈4.35 km

≈4.23 km

b

a

c

d

e

f

Fig.6. The detection results of the CFAR algorithm for various parameters. a. HH slant range amplitude projection images; b. detection results by |SHV|2, c. detection results by |SVH|2, d. detection results by |SHH|2, e. detection results by |SVV|2, and f. detection results
by A12.

ed through the full polarimetric data acquired by RS-2 SAR. In
the following experiments, false-alarm rate ȕ and the dimension of the moving window are set to be 10−6 and 3 respectively.
The SAR data used in Fig. 6 are acquired at 10:52 (UTC) on
19 August 2011(up pattern) and at 10:12 (UTC) on 18 August
2012 (low pattern), respectively. In Fig. 6a, the positions of the
subimages have been marked by yellow rectangles. From Fig. 6
we can find that the azimuth ambiguities (pointed in subimages
with orange rectangles) of the oil platform PL19-3SPM (labeled
A9
A10
A11

A16

A12
A14

A13

A15

A17

T9
T10
T11

as OP) and of Dongsha Island can be removed effectively by the
A12r-based CFAR algorithm.
Figure 7a shows a subimage of the HH-polarized intensity
image acquired by RS-2 at 10:13 (UTC) on 15 February. 2013 in
the Bohai Sea. Not only the SAR signatures of the ships T9–T17
mentioned in Table 2 (red rectangles) but also their azimuth
ambiguities A9–A17 (orange rectangles) can also be observed. In
Fig. 7a, the symbols AO1 and AO2 denote two azimuth ambiguities induced by another two ships which are not shown in the
image. Figure 7b shows the detection results by the A12r-based
CFAR algorithm. The detection result indicates that all actual
targets have been detected and the azimuth ambiguities of the
ships are removed simultaneity. The detection result in this experiment again certifies that the new parameter A12r is a promising indicator for the target detection at sea.

T10
T16

T12

AO2

T14

T13

T15

AO1

a

T17

T11

T9
T16

T12
T14

T13

T15

T17

b

Fig.7. The ship detection results of the A12r-based CFAR
algorithm. a. HH slant range intensity projection image,
and b. detection results by A12r.

7 Conclusions
In SAR images, the azimuth ambiguities of targets are often
detected as the real targets by the traditional CFAR, therefore
cause false alarms. Exploiting the fact that, for targets, HV and
VH channels are approximately equal in magnitude and phase,
but opposed in phase for the first-order azimuth ambiguities,
the real part of the product of the two cross-channels is employed as a new indicator for objects detection in ocean areas.
Using the complex Wishart distribution, an analytical form of
the pdf for A12r has been derived. Comparisons between the histograms of the sea clutter and theoretical results show the correctness of the proposed statistic model. On the basis of this statistic model, a A12r-based CFAR algorithm has been developed
to detect targets in the SAR image of sea. Several experiment
results all certify that the new parameter A12r is a promising indicator for the target detection at sea.
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Appendix: The derivation of Eq. (15)
 f (a U sin M ) n
®¦
n!
¯n 0

First, integrating Eq. (14) over Z11 and Z22, and using the relationship A12=Z12/L, the joint pdf of A12r and A12i is obtained as:

(a U sin M ) n
n!
0

f

¦
n

⎧⎪ 2 L A2 + A2 ⎫⎪
⎧⎪ 2 | ρ | sin ϕ LA12i ⎪⎫
12 r
12 i
exp ⎨
× K L−1 ⎨
, (A1)
2 ⎬
2 ⎬
−
C
C
[
|
ρ
|
]
C
C
(
1
1
−
ρ
) ⎭⎪
⎪⎩ 11 22
⎭⎪
⎩⎪ 11 22

2 LL1
° 2 L U cos M A12r °½
u
u
P( A12r ) exp ®
( L 1)/2
2 ¾
(1  U 2 )
¯° C11C22 (1  U ) ¿° S*( L)(C11C22 )

0

n
A12i

2
2
 A12i
A12r

( L 1)

u

2
2
K L1 a A12r
dA12i 
 A12i

⎧⎪ 2 | ρ | cos ϕ LA12 r ⎫⎪
2 LL+1 ( A122 r + A122i )( L−1)/ 2
P( A12 r , A12i ) =
×
× exp ⎨
2 ⎬
πΓ( L)(C11C22 )( L+1)/ 2 (1 − ρ 2 )
⎩⎪ C11C22 [1− | ρ | ] ⎭⎪

where KL−1 denotes the modified Bessel function of (L−1) order.
Then the pdf P(A12r) is obtained by integrating Eq. (A1) over A12i,
i.e.,

f

³

³

f

0

n
A12i

2
2
A12r
 A12i

( L 1)

u

`

2
2
K L1 a A12r
dA12i .
 A12i

(A2)

Applying an integration identity from Gradshteyn and Phyzhik
(2007) (p693, Eq. (3)), Eq. (15) is obtained as
P( A12 r ) =

∞
(a ρ sin ϕ ) 2 n
2aLL
exp{a ρ cos ϕ A12 r } × ∑
×
L/ 2
( 2n) !
πΓ( L)(C11C22 )
n =0

⎛ 2n + 1 ⎞
2( 2 n−1)/ 2 Γ ⎜
⎟
⎝ 2 ⎠ A
12 r
( 2 n+1)/ 2
a

L + ( 2 n−1)/ 2

× K L+( 2 n−1)/ 2 (a A12 r ).

(A3)
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Abstract
The brightness reversal of submarine sand waves appearing in the small satellite constellation for environment and disaster monitoring and forecasting (“HJ-1A/B”) CCD sun glitter images can affect the observation
and depth inversion of sand wave topography. The simulations of the normalized sun glitter radiance on the
submarine sand waves confirm that the reversal would happen at a specific sensor viewing angle, defined
as the critical angle. The difference between the calculated critical angle position and the reversal position
in the image is about 1ƍ, which is excellent in agreement. Both the simulation and actual image show that
sand wave crests would be indistinct at the reversal position, which may cause problems when using these
sun glitter images to analyze spatial characteristics and migration of sand waves. When using the sun glitter
image to obtain the depth inversion, one should take the advantage of image properties of sand waves and
choose the location in between the reversal position and the brightest position. It is also necessary to pay
attention to the brightness reversal when using “HJ-1A/B” CCD images to analyze other oceanic features,
such as internal waves, oil slicks, eddies, and ship wakes.
Key words: “HJ-1A/B” CCD sun glitter image, submarine sand waves, brightness reversal, Taiwan Banks
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1 Introduction
The small satellite constellation for environment and disaster monitoring and forecasting (“HJ-1A/B” satellite) is a China's
small optical satellite constellation launched in September
2008. Both “HJ-1A” and “HJ-1B” carry a couple of multispectral
charge-coupled device (CCD) cameras, which has four bands
(blue, green, red, and near infrared) of spectral wavelengths.
The nadir pixel resolution is 30 m and the swath width is 360
km. “HJ-1A/B” satellites are operational satellites, with the advantages of a wide coverage and a high revisiting frequency,
which aid eco-environment and disaster monitoring (Wang et
al., 2010). Because of the large swath width, the view angle of
“HJ-1A/B” CCD camera spans a wide range between 0° and 35°,
which is an important factor for the sun glitter (near-specular
reflection of sunlight from the sea surface).
The sun glitter plays an important role in a wide range of
oceanographic studies, including internal wave detection
(Jackson, 2007), oil slick detection (Hu et al., 2009) and shallow
underwater topography mapping (Hennings et al., 1994; Shi et
al., 2011). On the basis of the sun glitter geometry model (Zhang
and Wang, 2010), signals are sensitive to view angles (Hennings
et al., 1994). The brightness reversal may occur when the observation geometry changes dramatically along the sensor
scan. Matthews (2005) discussed the brightness reversal of ship
wakes and internal waves between the nadir and back-looking views of the advanced spaceborne thermal emission and
reflection radiometer (ASTER). Chust and Sagarminaga (2007)

discussed the brightness reversal of oil slicks in the multi-angle
imaging spectroradiometer (MISR). Jackson and Alpers (2010)
interpreted the brightness reversal of internal waves and oil
slicks in the moderate resolution imaging spectroradiometer
(MODIS) images using the concept of the critical angle. None
of the above studies focused on the brightness reversal of the
submarine sand waves.
Sand wave features in the Taiwan Banks are often clearly
captured by “HJ-1A/B” CCD sun glitter images. Since the brightness reversal of sand waves can affect submarine topography
mapping, it is important to study the mechanism and influence
of the brightness reversal of sand waves when using “HJ-1A/B”
CCD sun glitter images for the observation and depth inversion
of the submarine sand wave topography.
In this study, the mechanism of the brightness reversal of
sand waves is interpreted by analyzing the sand wave imaging
mechanism and imaging geometry characteristics of “HJ-1A/B”
CCD camera. Suggestions for using the sun glitter images that
contain the brightness reversal are also provided in this study.
2 Observations
The Taiwan Banks are located in the southern entrance of the
Taiwan Strait. Sand waves are developed extensively under the
shallow water with a large wave height and can cause a strong
modulation to induce current convergence and divergence that
affect sea surface roughness. Thus, sand waves themselves become visible in the sun glitter images, and the sand wave fea-

Foundation item: The Marine Scientific Public Welfare Research Special Foundation under contract No. 201105001; the Key Laboratory of Ocean
Dynamic Processed and Satellite Oceanography under contract No. SOED1006.
*Corresponding author, E-mail: geo316@zju.edu.cn

95

HE Xiekai et al. Acta Oceanol. Sin., 2015, Vol. 34, No. 1, P. 94–99

tures in the Taiwan Banks are often clearly captured by the “HJ1A/B” CCD sun glitter images. Figure 1 is a true color (Bands
1, 2 and 3) image from the Taiwan Banks, acquired by the CCD
camera on board “HJ-1B” satellite at 02:44 UTC 17 August 2011.
At that moment, the tidal flow direction was from southwest to
northeast, which was almost normal to the crest orientation
(detailed data description is given in Section 3). According to
the famous model of Alpers and Hennings (1984) (the AH model), the sea surface roughness of a sand wave's upstream face
(smooth face) is relatively smaller than that of a sand wave's
downstream face (rough face). For each sand wave in the study
area shown in Fig. 1, the south side of the crest is the smooth
face and the north side is the rough face. The brightness reversal
of sand waves is obvious in the image: the smooth faces of sand
waves located in the left part of the study area are darker than
the rough faces, and become brighter (at about 118°11.8ƍE) than
the rough faces in the right part of the study area. Three profiles
are extracted from the green band of image, and the normalized
pixel values (pixel value divided by 255) corresponding to pixel
positions for each profile are shown in Fig. 2. Here the green
band radiance is used to diminish the scattering amount from
particles (comparing with the blue band) (Jackson and Alpers,
2010) and maintain enough energy from a water absorption
(comparing with the red band and the near infrared band). Profile 1 is extracted from the left part of the study area, and Profile 2, from the right part. Profile 3 is extracted from the eastern
edge of the Taiwan Banks. The shape of Profile 1 is almost the
mirror image to that of Profile 2, which confirms the brightness
reversal.
118°6ʹ

118°8ʹ

118°10ʹ

3 Theory and simulation
To interpret the brightness reversal, the best way is to calculate the sun glitter radiance and analyze its spatial characteristics. In this study, the absolute value of the radiance is not
considered because we are only interested in the variation of
the reflectance caused by a sea surface roughness variance.
Therefore, the normalized sun glitter radiance is adopted in this
study. As described by Gordon (1997), the normalized sun glitter radiance I is given by
I=

R(ω )
p ( z x , z y ),
4 cos θ cos 4β

(1)

where Ȧ denotes the local reflection angle (Zeisse, 1995); ș denotes the view angle; ȕ denotes the surface tilt angle of a facet
on the sea surface; R(Ȧ) denotes the Fresnel reflection coefficient; and p(zx, zy) denotes the probability density function
(pdf) of a wave slope.
From the spherical law of cosines, Ȧ can be obtained by
cos 2ω = cos θ cos θ 0 + sin θ sin θ 0 cosΦ ,

(2)

where ș0 denotes the sun zenith angle; and ĭ denotes the relative azimuth angle (sensor azimuth angle minus the sun azimuth angle).
Surface tilt angle ȕ is given by

118°12ʹ

118°14ʹ

cos β =

cos θ 0 + cos θ
.
2 cos ω

118°16ʹ

118°18ʹ

(3)
118°20ʹ

118°22ʹ E
23°20ʹ
N

23°15ʹ

23°10ʹ

Fig.1. “HJ-1B” CCD true color (Bands 1, 2 and 3) image for the Taiwan Banks, acquired at 02:44 UTC 17 August 2011. The study area
indicated by the small yellow box is enlarged. The green line oriented from west to east indicates the selected scan line. The three red
lines indicate the profiles extracted for analysis that are shown in Fig. 2. The current in the study area is from southwest to northeast,
which is almost normal to the crest orientation.
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Normalized pixel value

The variation of sea surface roughness įı2 is given by
0.12

Profile 1

kc

δσ 2 = ∫ k 2δ E (k )dk ,
k0

0.10

where k is the wave number of short gravity waves; k0 is the lower limit of the wave number producing the sun glitter radiance
modulation; and kc is the maximum wave number where the
effect of a surface tension is negligible (Hennings et al., 1994);
and įE(k) denotes the modulation of the spectral energy density
of waves and is given by
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Profile 3

4+γ
∂U
E (k )
,
μ
∂x

where Ȗ denotes the relation between the group velocity and
phase velocity of short wave numbers, for gravity waves, Ȗ= 0.5;
μ denotes the relaxation rate. According to Shao (2011), μ is
about 0.055 s−1 in the Taiwan Banks; E(k) denotes the spectral
energy density of waves; and wU/wx denotes a current velocity
gradient.
The spectral energy density E(k) is given by
E (k )

0.28
0.26

(9)

ap
k4

,

(10)

where ap is the Phillips constant.
In the sand wave region of the Taiwan Banks, wU/wx is given
by

0.24
0.22
0.20
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40
60
Pixel location

2πU 0
(r + 0.5k )sin t
∂U
,
=−
λ (1 − k cos t ) (r − cos t ) 2
∂x

80

Fig.2. Normalized pixel values of three profiles extracted from the green band of Fig. 1. Profile 1 is located in
the left part of the study area, and Profile 2 is in the right
part of the study area. Profile 3 is located in the eastern
Taiwan Banks.

The Fresnel reflection coefficient R(Ȧ) is given by
R(ω ) =

1 ⎡ sin 2 (ω  ω ′) tan 2 (ω  ω ′) ⎤
+
⎢
⎥,
2 ⎣ sin 2 (ω + ω ′) tan 2 (ω + ω ′) ⎦

(4)

where Ȧƍ denotes the refraction angle for water and is given by
sin ω ′ =

sin ω
.
1.34

(5)

According to Cox and Munk's (1954) model (the CM model), a
symmetric slope pdf is employed:
p( z x , z y ) = p( β ) =

⎛ tan 2 β ⎞
1
exp ⎜  2
,
2 ⎟
2
π(σ + δσ )
⎝ σ 0 + δσ ⎠
2
0

(6)

where ı02 denotes the wind-generated sea surface roughness
(background roughness); and įı2 denotes the variation of the
sea surface roughness modulated by the interaction of current
and bottom topography.
The background roughness ı02 is a function of the wind
speed W:

σ 02 = 0.003 + 0.00512W .

(7)

(11)

see Shao (2011) for detailed derivation. Here, the cycloid sand
wave morphology (Bridge and Beckman, 1977) is employed.
U0 denotes the mean current velocity in the direction normal
to the crest orientation; and Ȝ denotes the sand wave's wavelength; and r and k are morphology controlling parameters. The
pair of r and k determines a distinctive morphology of a sand
wave. t is the radian parameter. For one sand wave, t is in the
range of [0, 2ʌ].
Using the above equations, the local reflection angle (Ȧ)
and the surface tilt angle (ȕ) can be determined by the sun zenith angle (ș0), the view angle (ș) and the relative azimuth angle (ĭ). The relative azimuth angle has been shown to have no
importance for detecting the sun glitter patterns (Hennings et
al., 1994) and the sun zenith angle in “HJ-1A/B” CCD images
changes only a few degrees along the same scan line. The variances of the sea surface roughness įı2 and the normalized sun
glitter radiance I corresponding to different view angles are simulated.
The calculations are carried out for ap=0.004, k0=4.024 m−1,
kc=366.583 m−1 (Hennings et al., 1994), Ȗ=0.5, μ=0.055 s−1, r=2.0,
k=0.89, Ȝ=1 000 m, ș0=20°, ĭ=180°, W=4.5 m/s, and current
speed |U0|=0.5 m/s. The morphology parameters of r=2.0 and
k=0.89 are selected by comparing with the realistic morphology
generated by the multibeam bathymetric (MB) data in the study
area. The MB data were obtained from the voyage taken from
25 May to 28 June in 2012 by a R2Sonic 2024 broadband multibeam echo sounder device (He et al., 2014). The agreement
(about 90%) between the simulated morphology and the actual
morphology is the best when r=2.0 and k=0.89. The wavelength
Ȝ=1 000 m is a common value among sand waves in the Taiwan
Banks. ș0=20° and ĭ=180° are typical values in the observed ge-
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ometry. The sea surface wind of W=4.5 m/s is from the same
day as the CCD image, derived from the National Centers for
Environmental Prediction (NCEP) reanalysis data provided by
the NOAA. The current U0 is derived by a hydrodynamic model for the Taiwan Strait at the CCD image acquisition time. The
hydrodynamic model is constructed based on the semi-implicit Eulerian-Lagrangian finite-element (SELFE) model (Zhang
and Baptista, 2008). The current direction (about 30°) was from
southwest to northeast, which was almost normal to the crest
orientation (about 120°), and the current speed was about 0.5
m/s.
According to the simulation model and parameters given
above, the normalized sun glitter radiance is calculated under
a series of view angles ranging from 0° to 35°. Typical results derived by three different view angles (ș=0.5°, 1.68° and 20°) are
shown in Fig. 3. The roughness around the crest changes dramatically, and becomes smaller on the upstream face and then
increases rapidly on the downstream face. When setting the
view angle ș=0.5°, the minimum value of the normalized sun
glitter radiance I appears on the smooth face, while the maximum value of I appears on the rough face. This result is consistent with that from the synthetic aperture radar (SAR) image
(Hennings, 1990; Li et al., 2009; Li et al., 2010). However, when
setting the view angle ș=20°, the positions of the maximum and

minimum values of I are reversed. The difference (about 0.008)
between the maximum and minimum values is enlarged compared with the difference (about 0.000 03) when ș=0.5°. It means
the positions of dark strip and bright strip along the crest are
switched when the view angle is changed from 0.5° to 20°, and
the crest becomes more distinguishable since the difference between the maximum and minimum values is enlarged. Something interesting happens when the view angle ș=1.68°. The
morphology of I around the crest is like a “w”, and the maximum value appears exactly at the position of the crest and the
minimum value appears at both positions where the maximum
roughness and the minimum roughness appear. However, the
difference (0.000 03) between the maximum and minimum values of I is too small to be distinguished from each other. The
sand wave crest appears broken at this position in the image. As
described by Jackson and Alpers (2010), ș equaling 1.68° is the
critical angle in this simulation, and brightness reversal of sand
waves appears at the critical angle position.
4 Analysis and discussion
From the simulation results, we conclude that the brightness reversal does exist in the sand wave region when the view
angle covers a wide range of values. The brightness reversal
seen in Fig. 1 could also be interpreted by calculating the nor-
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Fig.3. Simulations of the variances of sea surface roughness įı2 and normalized sun glitter radiance I corresponding to three different view angles (ș=0.5°, 1.68° and 20°). Here, the cycloid sand wave morphology is employed.
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malized sun glitter radiance. The green line oriented from west
to east in Fig. 1 represents the scan line of the CCD camera selected for analysis. Figure 4 shows the sun zenith angle, the view
angle, the local reflection angle, the surface tilt angle, and the
relative azimuth angle corresponding to the scan line. The sun
zenith angle and the azimuth angle can be calculated using the
position (latitude and longitude) and imaging time. The view
angle and the azimuth angle are obtained from “HJ-1B” data
corresponding to the scan line. The sun zenith angle changed
by only a few degrees along the scan line, while the view angle
varied by about 35°. The above parameters are employed to replace the sun zenith angle, the view angle, the local reflection
angle, the surface tilt angle, and the relative azimuth angle in
the simulations to obtain the normalized sun glitter radiance
values for the smooth face and the rough face along the scan
line, respectively. The results are shown in Fig. 5. On the basis of
the wind speed and roughness variances used in the above simulations, the roughness for the smooth face is given by 0.024 54,
and that for the rough face is given by 0.027 54. At a location of
about 118.18°E, the radiances of the smooth face and the rough
face are equal; this gives the critical angle, and the difference
between the calculated reversal position and the real reversal
position in Fig. 1 is about 1ƍ, which is rather consistent. The
40
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Fig.4. Sun zenith angle, view angle, local reflection angle, surface tilt angle, and relative azimuth angle corresponding to the scan line in Fig. 1.
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sand wave features around the reversal position in image are
indistinct.
On the left side of the critical angle, the radiance of rough
face is larger (which means brighter) than that of smooth face,
and the gap is relatively small between the two faces. On the
right side of the critical angle, the radiance of rough face is
smaller (which means darker) than that of smooth face, and
the gap is enlarged toward east till at about 120°E where sun zenith angle and view angle are close in value; both radiances of
smooth face and rough face reach the maximum values and the
gap is the largest, which means the sand wave crest in this position is most distinguishable. This is confirmed by Fig. 2, which
shows Profile 3 is located closer to the brightest position than
the other two profiles and the difference (about 0.09) between
its maximum value and minimum values is larger than those
(about 0.06) of the other two profiles. According to Jackson and
Alpers (2010), there should be another critical angle at the right
side of brightest position. However, it is out of the range of this
image.
As the clarity of sand waves on the image plays an important
role in analyzing the data, it is necessary to discuss how to select
the sun glitter images for studying certain features in the ocean.
According to the simulations, the sand wave crest would appear
broken at the reversal position. So, it is vital to avoid such a position when analyzing spatial characteristics and migration of
sand waves. The crest in the position where the view angle is
close to the sun zenith angle is most distinguishable since both
the sun glitter radiance and gap between the radiances of the
smooth face and the rough face reach the maximum values.
However, the saturation of pixel values may occur at this position. Thus, when using sun glitter image to obtain the depth
inversion, one should take the advantage of image properties
of the sand waves and choose the location between the reversal
position and the brightest position. The gap between the radiances of the smooth face and the rough face is a vital factor for
the depth inversion of sand waves using the sun glitter images.
In other words, an inversion precision is seriously influenced by
the clarity of sand waves on the image. Therefore, when using
“HJ-1A/B” CCD images for qualitative and quantitative analysis
of the sand waves in the Taiwan Banks, the image on which the
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Fig.5. Calculations of normalized sun glitter radiance for smooth face and rough face with different roughness values.
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sand wave region is located between the brightness reversal position and the brightest position is preferred.
5 Summary
In this study, the brightness reversal of sand waves was interpreted by analyzing the sand wave imaging mechanism and the
imaging geometry characteristics of “HJ-1A/B” CCD sun glitter
images. The simulations of the normalized sun glitter radiance
corresponding to the several view angles were obtained, which
confirms that brightness reversal would happen at the critical angle. Calculation was also made for analyzing “HJ-1A/B”
CCD image containing the brightness reversal. The results show
that the difference between the calculated critical angle position and the reversal position on the image is about 1ƍ, and the
agreement is excellent.
We analyzed the spatial characteristics of the brightness
reversal of submarine sand waves in the “HJ-1A/B” CCD images, and suggest that the brightness reversal position should be
avoided when using “HJ-1A/B” CCD images to study the spatial
characteristics and migration of the sand waves in the Taiwan
Banks. When using sun glitter image to obtain the depth inversion, one should take advantage of image properties of the sand
waves and choose the location between the reversal position
and the brightest position.
The “HJ-1A/B” CCD images can also be used for other
oceanographic studies, such as internal waves, oil slicks, eddies, and ship wakes. All these oceanic features cause roughness changes, and brightness reversal may also occur around
them (Chust and Sagarminaga, 2007; Jackson and Alpers, 2010;
Matthews, 2005). Therefore, it is necessary to pay attention to
the brightness reversal when using the “HJ-1A/B” CCD images
to analyze these oceanic features.
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Abstract
The northern continental margin of the South China Sea (SCS) is located within the tectonic system of
Southeast Asia, an area with a great deal of tectonic migration due to the regional tectonic movements. The
available geological and geophysical data of the area are comprehensively analyzed in order to demonstrate
the typical migration patterns of the Cenozoic tectonics in the northern SCS caused by the episodes of the
Cenozoic tectonic movement. Furthermore, the lateral variation characteristics of the strata and the different evolution patterns of the main basins' features are assessed. It primarily focus on: (1) the Cenozoic episodic rifting from north to south in the continental margin of the northern SCS; (2) the rifting and depression
time of the main basins progressively become younger as one goes from north to south, signifying that the
migration of both the tectonics and the sediments within the northern SCS travelled from north to south
during the Cenozoic; and (3) the lateral tectonic migration on the direction of EW is not regular in total, but
in some local areas the trending of the tectonic migration is from west to east. The analysis of the tectonic
migration features of the northern SCS, in combination with the regional tectonic evolution background,
indicates that the observed remote lagging effect, resulted from the India-Eurasia plate collision, is the main
dynamic mechanism involved in the tectonic migration within the northern SCS. The tectonic migration has
significant influence on both the organization of petroleum deposits and on the hydrocarbon accumulation
within the basins in the northern SCS; comprehensive understanding of this dynamic system is of great
reference value in predicting the hydrocarbon accumulation and has the potential to have an enormous
impact in discovering new deep reservoirs for the future oil-gas exploration.
Key words: tectonic migration, Cenozoic, hydrocarbon accumulation, northern South China Sea
Citation: Yin Zhengxin, Cai Zhourong, Wan Zhifeng, LYU Baofeng. 2015. Features and dynamic mechanisms of Cenozoic tectonic
migration and its impact on the hydrocarbon accumulation in the northern South China Sea. Acta Oceanologica Sinica, 34(1):
100–109, doi: 10.1007/s13131-015-0603-1

1 Introduction
China's Mainland is home to a complex regional tectonic
movement that helps give rise to a tectonic plate migration, a
widespread geographic phenomenon critical in the process of
the hydrocarbon accumulation. The tectonic migration is defined as the summation of the tectonic movement in combination with the directional displacement of various geological,
geophysical, and geochemical activities along a certain direction, within a specific area, and during a particular evolutionary
stage of a lithosphere or a crust. The tectonic migration thus
reflects the formation of an ordered and dynamic motion flow
under the influence of different tectonic stages.
The northern margin of the SCS is the tectonic belt between
the South China continent and the South China Sea Basin and
distinguishes the borders between the Zhujiang River (Pearl
River) Mouth Basin, the Southeast Hainan Basin, the Yinggehai
Basin, the Beibu Gulf Basin, the Zhongjiannan Basin, etc. (Fig.

1). There are many differences in the structural and tectonic
development of the basins within the tectonic belt, thus forming a variety of structural systems such as the near EW trending
(the Beibu Gulf Basin), NW trending (the Yinggehai Basin), NE
trending (the Southeast Hainan basin), and near SN trending
(the Zhongjiannan Basin) (Neng et al., 2013; Song et al., 2011;
Xie et al., 2008). Even within the same basin there are multiple
differences in the structural and tectonic features between different tectonic positions. For example, the unbalanced nature
of the tectonic development within the eastern and western
parts of the Southeast Hainan Basin reflects that the influence
of the regional tectonic movement upon this basin changes regularly. This is a clear example of the tectonic migration.
The tectonic migration not only affects the evolution of the
basins' development, but also plays an important role in controlling the hydrocarbon accumulation. Discovering the natural regulation of deposition and tectonic development within
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this complex tectonic system in the northern SCS is of great
significance in guiding an oil and gas exploration. Changes in
the basins' structure and settlement within the northern SCS
have always been a major concern of geologists worldwide (Xu
et al., 2010; Zhang, 2010). However, there is still a lack of systematic studies of the tectonic migration. In recent years, the
acquisitions of new geophysical data of the deepwater continental slope area have allowed a much better understanding of
the strata development and the tectonic evolution of Cenozoic
basins in the northern margin of the SCS and further elucidate
the role of the tectonic migration as reflected in the deposition
and evolution of these basins.
In this paper we attempt to reveal the expression and dynamic mechanism of the tectonic migration in the northern
SCS using an integrated analysis of (1) episodic rifting processes
of the two major Cenozoic tectonic movements in the northern
SCS, (2) basins rifting, (3) depression evolution events, and (4)
the latest geophysical data of deepwater continental slope area.
Furthermore, we discuss the relationship between the tectonic
migration and the hydrocarbon accumulation, thus providing a
valuable reference for better understanding the natural petroleum geological law in the northern SCS and to further facilitating the oil and gas exploration in deepwater areas within these
basins.
2 Regional geological setting
The SCS is one of the most complex marginal seas in the
world. It is located among the Eurasian plate, India- Australian
plate, and the Pacific plate and is controlled by the Tethyan
tectonic domain and the Pacific tectonic domain. Under the
influence of this complex tectonic setting the continental mar-

gin of the northern SCS has also become one of the most complex passive continental margins. In addition, several tectonic
movements have taken place since the Cenozoic, resulting in
the formation of a series of sedimentary basins with an extensional type, shear type, and strike-slip-pull apart type in the
northern continental margin (Cui et al., 2005; Liu and He, 2001).
According to previous studies, the formation and evolution
of the northern margin of the SCS before the Cenozoic are as
follows. (1) Before the Early Mesozoic the three spreading ridges
of the Kula plate, the Farallon plate, and the Finike plate confined the Pacific plate from the northwest, northeast, and south
sides. (2) Since the Jurassic the ocean ridge system and transform fault system, which contact the Kula-Pacific plate and the
Tethys-Indian plate, have been extending approximately along
the EW trending fault and are offset by a series of near SN trending transform faults. In addition, the expansion of the EW trending spreading ridge led to a related motion of the plate along the
S-N direction transform faults. During this period, the Tethyan
plate dived northward while the Kula- Pacific plate dived north
by northwestward. The eastern and southern margins of the
South China continent were affected by the collision of the two
plate movements, which forced the margins of the South China
continent to creep and scatter towards the Pacific Ocean. (3) Finally, after the Late Cretaceous, with the continued expansion
along the plate boundary ridge, the range of the Pacific plate
extended. The western end of the Kula-Pacific ridge dived under
the edge of Asia near the Sea of Japan and the lithosphere dived
below the continental margin at a relatively low angle. Furthermore, this rock became molten due to the increasing internal
crustal temperature; this magmatic activity resulted in an unusually wide active belt of igneous rocks. Concurrently, influ-
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enced by Kula-Pacific ridge's oblique subduction into the continental margin and the tensile movement occurring in the Asian
shore zones towards the ocean side, the northern margin of the
SCS began to take shape (Zhan, 1993; Qiu and Liu, 1989; Yan et
al., 2005; Ren and Li, 2000). These three points demonstrate the
major processes of formation and evolution of the SCS as well
as its northern margin before the Cenozoic period. There are
many other theories regarding the formation mechanism of the
SCS (Ben-Avraham and Uyeda, 1973; Taylor and Hayes, 1980),
So we are not going to discuss this highly contended topic any
further in this paper.
During the Cenozoic period the SCS has been under the influences of the India-Eurasia plate collision, the subduction of
the Pacific plate towards the margin of the East Asian continent,
and the expansion of the central basin. Under these powerful
pressures the northern margins of the SCS has gone through
multiperiodic, complex tectonic movements with the NE and
NW trending fractures controlling the sedimentary evolution
of the basins in addition to their secondary depression, which
have resulted in the tectonic framework of S-N zoning and E-W
blocking in today's northern margins of the SCS (Wu et al.,
2001). The years of the oil and gas exploration have shown that
there are abundant petroleum resources in the shallow water
shelf area and the deepwater slope area within the northern
margin of the SCS (Zhu et al., 2008). Furthermore, the source
rocks and reservoirs of oil and gas are mostly located in the Cenozoic sedimentary strata (Guo et al., 1983; Huang, 1986; Chen
et al., 1992). However, it is difficult to grasp exactly how the
complex regional tectonic influences and multifarious tectonic
features of the basins’ structure facilitate in the regulation of the
hydrocarbon accumulation.
3 The features of tectonic migration
3.1 Episodic rifting process in the northern SCS
The tectonic migration emphasizes that tectonic movements of different geological periods are interrelated. Therefore, the tectonic migration in the northern SCS is first reflected
in the specific stages of these tectonic movements. The northern margin of the SCS has undergone multiperiodic tectonic
movements since the Cenozoic. Geologists have performed
many comparative studies on Cenozoic tectonic events through
earthquake, magnetic anomaly, and other geophysical data, as
well as through geochemistry, physical simulation, and many
other technologies and methods. The research on the SCS and
the regional tectonic evolution has shown that the Cenozoic
extensional process and tectonic events of the northern margin of the SCS evolved from different aspects (Lee and Lawver,
1994; Zhong et al., 1989; Wang and Burchfiel, 1997; Tapponnier
and Molnar, 1976; Burchfiel and Wang, 2003; Lin et al., 2009).
According to their own research, combined with the view of
foreign scholars, many scientific research groups in China have
redivided the tectonic development of the northern margin of
the SCS into several major Cenozoic extensional movements.
However, there are still relatively large bifurcations even within
these redefined project groupings (Fig. 2).
We can see from Fig. 2 that the projects have been divided
into four distinct groups (A–D). The reason behind these groupings is that the two tectonic movements at the end of Mesozoic and at the end of Middle Miocene are basically the same,
just with different names. The main purpose of Project B is to
illustrate the formation of the passive continental margin of
the SCS. It considers a number of factors: (1) that the tecton-

ic movement in the Late Mesozoic was an extensional faulting
tectonic movement; (2) that the tectonic movement at the end
of Middle Eocene was a separation tectonic movement; and (3)
that at the end of the Middle Miocene there was a local tectonic movement. However, a current research collected in shallow
water areas and the latest seismic geological interpretation in
the deepwater areas clearly show that from the end of Early Oligocene to the Late Oligocene the northern SCS, there exactly
exists a regional unconformity, which has significantly different
characteristics with its overlying strata. The strata below the
unconformity are obviously controlled by faults, while strata
above the unconformity are basically out of the fractures' control. Taken together, the presence of a large tectonic movement
in the northern SCS from the end of the Early Oligocene to the
Late Oligocene is consistent with the geological facts, which
indicates that there have been four large tectonic movements
in total since the Cenozoic. For example, there was a large tectonic movement throughout the entire SCS region at the end
of the Mesozoic period that can be compared with the Wild
Goose movement in the East China Sea Basin. The other tectonic movements were much more localized, such as the one at the
end of the Middle Miocene which only occurred in the northern
SCS and was more active in the east than the west.
There have been considerable controversies about the two
periods of the tectonic movements between the Eocene to the
Miocene. The main reason for this disagreement is that the impact of the regional tectonics of the northern margin of the SCS
has been shown to fall within a specific scale of time and space.
For instance, the duration time of the India-Eurasia plate collision, the Pacific plate subduction, the sea-floor spreading in
the SCS, and other tectonic events continued for much longer,
ranging from several million years to tens of millions of years.
Therefore, the responding time of different tectonic positions
within the northern margin of the SCS compared with regional
tectonic events have the potential to be significantly different.
This is known as a tectonic transport feature. The previous division plan of the tectonic movements in the northern SCS ignored this feature.
The division of the tectonic movement should also consider
the feature of the tectonic migration. The middle two tectonic
events have great continuity and succession in time and space
and therefore should not be divided into only a single time
point. It is more reasonable to use tectonic episodes to represent the tectonic migration, such as the first period of the Pearl
Joan movement, the second period of the Pearl Joan movement,
the first period of the Nanhai movement, and the second period
of the Nanhai movement, respectively. These periods reflect the
differences in the rifting process between the basins within the
northern margin of the SCS. This is the behavior of the tectonic migration and is consistent with the seismic profile features
reflected by the geophysical data (Fig. 3). The characteristics
of these profiles are reflected in both the east and west in the
northern SCS.
3.2 Features of the tectonic migration
The results of the episodic evolution discussed above lead to
the unbalanced tectonic development and the tectonic migration in the northern SCS.
In recent years, following extensive research on the formation of the northern SCS and the acquisition of numerous
geophysical data, the structure and the tectonic features of the
basins in the northern margin of the SCS have gradually become clearer. On basis of the analysis of three truck SN and SE
cross-sections selected, we know that the detachment of the
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Fig. 2. The comparison of different divisions of tectonic movements during the Cenozoic.
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Fig. 3. Division of the Cenozoic tectonic movement of the northern margin of the SCS and the seismic response comparison diagram. T60,
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T70. For the location of this section within the SCS, please see G–H in Fig. 1.
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normal faults controls the development of the basins within
the northern margin of the SCS. These faults mostly incline
SSE, few are NNW. And the subsidence centers controlled by
the faults migrated gradually to the SSE. These indicate that the
main tectonic migration direction is from north to south (Fig.
4). In addition, the analysis on magnetic anomaly belts from the
northern margin to the central basin of the SCS also shows that
the northern South China tectonic features have migrated from
north to south, the existence of a high NE magnetic anomaly
belt in the northern margin of the SCS may represent the Mesozoic magmatic zone (Liu et al., 2002; Gong and Wang, 1997).
This is consistent with the Yanshanian granitic basement in
the Pearl River Mouth Basin and Southeast Hainan Basin, and
suggests that the magmatism was active in the Mesozoic (Gong
and Wang, 1997; Zhu et al., 2010). The magnetic anomaly analysis on the oceanic basin shows that the three spreading ridges represent three stages of oceanic floor expansion of the SCS
(Briais et al., 1993; Zhou et al., 2002; Sun et al., 2006). The first
happened in the northwest sub basin at 32–30 Ma, the second
was in the central sub-basin along 17°N at 30–26 Ma, and last
in the southwest sub basin and Huangyan Island of the central
sub basin. And the three spreading ridges had migrated from
north to south regularly (see Fig. 1). Combining with the Mesozoic magmatic belt represented by a high magnetic anomaly in
the northern margin of the SCS, we supposed that deep mantle
activities mainly happened in the northern margin of the SCS
in the Mesozoic, and migrate to the current oceanic basin on its
south during the Cenozoic and continued to the south. Hence,
under the drag effect of the deep mantle material flowing southward, the tectonic movements in the northern continental margin of the SCS migrated regularly from north to south, until to
the central oceanic basin area.
Compared with the significant migration from north to
south, the lateral variation in the direction of EW is not obvi-
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ous within the northern margin of the SCS as a whole, and there
is abroad controversy. Suo et al. (2012) and Xia et al. (2007)
thought that the SCS was located in the junction among the
Eurasian Plate, the Pacific Plate and the India Plate. Influenced
by combined effects the squeezing of the India plate and the
retrogressive subduction of the pacific Plate, and the wedging
of Taiwan orogen, in the SCS there developed a broad retrusive
trench-arc-basin system from west to east. The total tectonic
migration in the northern SCS is characterized by progressive
eastward during the Cenozoic. And the fault activity, sedimentation, atrophy and extinct of rift, gradually also become younger from west to east, as well as six pool forming elements of hydrocarbon such as source, reservoir, seal, trap, migration and
preservation. But some people hold the opposite view (Liang
et al., 2013; Zhan et al., 2006). They think that the tectonic migration is from east to west due to the fact that the strata older
than Eocene were discovered by well drillings in the Pearl River
Mouth Basin and Southwest Taiwan Basin in the eastern part,
while they were not discovered in the Southeast Hainan Basin
in the west part.
The comprehensive analysis of the rifting and depression
stages' starting and ending time in the northern margin of the
SCS suggest that: (1) the Beibu Gulf Basin has entered the rifting
stage at some point since 60 Ma; (2) the Yinggehai Basin and the
Southeast Hainan Basin entered the rifting stage about 50 and
47 Ma, respectively; (3) the Pearl River Mouth Basin entered the
rifting stage in about 60 Ma; and (4) the Southwest Taiwan Basin
and the Western Taiwan Basin entered the rifting stage about 56
Ma and about 40 Ma, respectively (Cai, 2005; Du, 1994; Wu et al.,
2005) (Fig. 5). So, we can not get the law of lateral migration of
the entire northern margin of the SCS, because the contemporary old strata in the Pearl River Mouth Basin and the Beibu Gulf
Basin were both discovered. But in some basins in the eastern
part of northern margin, the tectonic migration is eastward, and

F

T60

5.0
7.0

Fig. 4. The trunk seismic sections of the northern SCS. T60 is the interface between faulting-rifting and depression stage. Under the
interface normal detachment faults inclined to the south controlled the development and subsidence of the strata, and the tectonic
subsidence center continually migrated to the south, the section locations are in Fig. 1.
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of the SCS. Another study suggested that this tectonic movement was related to the compression and torsion stress fields
formed by the counterclockwise rotation of the Philippine plate
in the northern SCS (Yao et al., 2004). The main driving force of
the Shenhu and Dongsha movements comes from the southeast Pacific plate and the Philippine plate. The dynamic range
of the Pacific plate is wide, involving the entire East Asia continental margin, and the northern SCS is only a portion of its
subduction. As the overall tectonic stress is relatively balanced,
in addition to occurring within the initial stages of rifting, there
is no obvious tectonic migration phenomenon in the northern
SCS. However, as the Philippine plate is located within the compression and torsion stress field formed in the northern SCS, its
tectonic migration feature is hard to reflect in the rifting basins.
The large-scale tectonic migration in the northern margin of
the SCS mainly occurred during the episodic rifting process of
the Pearl Joan movement and the Nanhai movement.
Since the Eocene, the subduction of the Pacific plate into
the continental margin of East Asia has weakened noticeably
(Yao, 1993, 1996) and the main driving mechanism of the largescale rifting and depression (Pearl Joan movement and Nanhai
movement) in the northern margin of the SCS is derived from
the remote tectonic effects of the Indian-Eurasian plate collision. According to the GPS monitoring data and the numerical
simulation results of the tectonic stress field (Fig. 6), there are
two possible effects produced by the Indian-Eurasian plate collision. The first effect is a direct result of the rotation and extrusion of the Indochina block which generated the Red River fault
zone. The second effect caused the South China deep mantle
materials to flow towards the southeast, the effect of which
made the northern lithosphere of the SCS stretch southward in
order to generate rifting. As the Indo-China block is a rigid body,
the former effect had a faster responding speed to the collision
relative to the latter effect, which lagged behind. Therefore, at
least within the northern margin of the SCS, the closer to the

the reason why a lateral variation is irregular is related to the
long span on the direction of EW and the unbalanced development of the regional tectonics.
Accoding to the above discussion, we know that the characterics of magritation from north to south are obvious in the
northern margin of the SCS, no matter in multiple basins (e.g.,
the Beibu Gulf Basin-Southeast Hainan Basin-Zhongjiannan
Basin) or in a single basin (e.g., the Zhunjiang River Mouth Basin or Southeast Hainan Basin). And the whole tectonic migration characterics of the lateral variation are irregular with a feature of the tectonic migration eastward in local areas (e.g., the
Pearl River Mouth Basin-Southwest Taiwan Basin-West Taiwan
Basin) (Fig. 5)
4 The dynamic mechanism of tectonic migration in the
northern SCS
In general, the northern margin of the SCS reflects a process of an episodic rifting evolution. Furthermore, three major
plates and two major tectonic domains are involved in restricting its geological development. Therefore, both scale and dynamic mechanism of the tectonic migration vary with regional
tectonic evolution during the different stages. At the end of the
Late Cretaceous, the Shenhu movement in the northern SCS
(visualized as folds and uplift denudation) marks the start of
the rifting stage within the basins on the northern shelf, thus
forming a series of small NE trending faults and depressions. A
previous study showed that the Indian plate and the Eurasian
plate have not yet had a hard collision at that time (Tapponnier
et al., 1986) and that the faults and depressions that developed
were related to the tensile stress field formed by the Pacific subduction as it retreated into the South China continental margin.
At the end of Middle Miocene a local tectonic movement, called
the Dongsha movement, developed within the northern SCS.
Its seismic reflection interface is equivalent to the T40 and the
main impact area was the eastern part of the northern margin
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3. tectonic migration and 4. local migration.

106

YIN Zhengxin et al. Acta Oceanol. Sin., 2015, Vol. 34, No. 1, P. 100–109

80°

90°

100°

110°

120°

130° E

70°

80°

90°

100°

110°

120° E

Eurasian plate

50°
N
30°
N

Urumqi
Beijing

40°

China

South China Sea

na
Pe

Changsha

hi

Indian plate

-C
ni

Lhasa

Hainan
Island

do

Shanghai

30°

In

20°

Lanzhou

ns

20 mm/a

fracture

a

20°

ul

10°

subduction zone
stress field
direction

Borneo

Fig. 6. The regional tectonic deformation pattern of the northern margin of the SCS. The GPS speed of the left figure is cited by
Zhang et al. (2002), the stress field direction of the right figure was modeled in FLAC software cited by Xia et al. (2006). The numerical
simulation results are consistent with the GPS monitoring data in China's mainland, which can remedy the deficiency of GPS data
in the study area to some extent.
west the more obvious the effect that the rotation and extrusion
of the Indochina block had upon the sub oceanic landscape,
such as the tectonic difference between the eastern and western regions of the Southeast Hainan Basin. Similarly, since the
mantle materials needed a process to creep southeastward, the
lithosphere separated periodically within the southeast under
the influence of the drawing effect of the mantle flow. Therefore, the most northerly aspect of the northern margin of the
SCS entered the rifting stage at an earlier period of time than
the southern part did, and the western part occurred closer to
present day than the eastern part in some local places rather
than the whole. Stress field modeling of northwestern South
China Sea since 5.3 Ma also indicates that the different movement velocity and direction was controlled by far-field effect of
the continental collision between the Indian Plate and the Tibetan Plateau, and subduction of the Pacific Plate underneath
the Eurasian Plate (Yang et al., 2013).
In summary, the regular tectonic migration feature is the
corollary of the remote effect caused by the Indian-Eurasian
plate collision. Furthermore, tectonic migration is a direct cause
of both the tectonic patterning found within the north-south
zonation and the basins' sedimentary and tectonic differences
seen within the northern margin of the SCS.
5 The influence of the tectonic migration on the hydrocarbon
accumulation
Among the four tectonic movements in the northern SCS
since the beginning of the Cenozoic period, three have been
identified as having typical extensional faulting tectonic movements of the passive continental margin. The fourth, i.e., Dongsha movement, has been shown to be that of local compression
and torsional tectonic movements. These periodic movements
indicate that the tectonic events of the northern SCS caused
the crust to thin gradually as it transitioned from a continental
crust to a sea shelf at different stages. The Shenhu movement,
at the end of Mesozoic, is the initial stage of rifting and resulted in the formation of a series of small NE trending faults and
depressions. Subsequently, large-scale rifting occurred during

the Pearl Joan movement and the Nanhai movement sometime
within the middle of Eocene to Miocene, which is also the same
period of time when the tectonic migration feature in the northern margin of the SCS is most obvious. Therefore, the tectonic
migration not only controls the deposition-tectonic evolution
process of basins in the northern SCS, but also plays an important role in the temporal and spatial arrangements of the basins'
source rock, reservoir, cap rock, and other important hydrocarbon accumulation factors (Li and Zhu, 2005; Lü and Yuan,
2008).
One of the major influences of the tectonic migration on the
hydrocarbon accumulation within the northern SCS is the creation of a regularly shifting system that has continually altered
the forming time of petroleum within the basins. As a result, the
rifting times of the basins in the northern SCS are different. For
example, the earlier the basins' rifting stage occurs (thus causing the developing strata of their source rock, tectonic trap, and
other accumulation factors to decrease) the earlier the formation time of the concurrent petroleum system. The Beibu Gulf
Basin, the Yinggehai Basin, and the Southeast Hainan Basin
(distributed from north to south) have all been strongly influenced by southeast trending tectonic migrations. Of these, the
Beibu Gulf Basin entered a large-scale rifting stage sometime
after the Early Paleocene and its source rock, reservoir strata,
and cap rock all developed relatively earlier. The Yinggehai and
Southeast Hainan Basins did not enter a large-scale rifting stage
until the Middle Eocene and consequently its forming time of
a petroleum system came relatively late. Therefore, it reflects
the trend that the forming times of the three basins’ petroleum
systems is gradually becoming evolutionarily younger as you go
from north to south. Among the Pearl River Mouth Basin, the
Southwest Taiwan Basin, and the Western Taiwan Basin (distributed from west to east) the large-scale rifting effect seen in
the Pearl River Mouth Basin occurred at the middle of Eocene,
while rifting in the Southwest Taiwan Basin and the Western
Taiwan Basin occurred after the late Oligocene. Concomitantly,
the forming time of their petroleum systems become younger from west to east. Similarly, the development of the strata
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within the deepwater areas of the northern SCS, established by
the geophysical data, shows that the petroleum systems in the
southern deepwater area of the western Southeast Hainan Basin formed earlier than those in the eastern Shuangfeng Basin,
reflecting that the forming time of the petroleum system in the
deepwater area tends to become younger as you go from west
to east. In addition, the forming time for the hydrocarbon accumulation factors of the basins' petroleum system also changes
regularly with the regional tectonic migration. For instance, the
earlier that the basins entered the rifting stage, the lower the developing stratum of a source rock, thus the longer the lasting
time is and the thicker the source rock is. This feature consistently changes from north to south and from west to east within
the basins in the northern SCS, responding to the local tectonic
features (Fig. 7).
The tectonic migration has greatly influenced the development of different combinations of hydrocarbon accumulation
within the northern SCS, causing the basins to have multi-episodic rifting features. Viewed horizontally, the tectonic patterning strata present themselves with alternate knurl and concave
basins, which forms a petroleum zonation to some extent. There
are much greater differences between the spatial and temporal
distributions of the basins' sedimentary sequence when viewed
vertically. Therefore, multi episodic rifting created basins in the

6 Discussion and conclusions
The northern SCS is one of the most complex passive continental margins in the world. This paper discusses this dynamic feature and its relationship with hydrocarbon accumulation
during the Cenozoic tectonic migration. Generally speaking,
within the the SCS, the tectonic migrations move from north to
south as a whole and from west to east in the local area, reflecting the dynamic feature toward southeast of the South China
continental margin caused by the Indian-Eurasian plate collision. However, due to its special tectonic position, the SCS is
strongly restricted in its migration by various complex geodynamic mechanisms. As such, the tectonic migration may not be
reflected similarly among all of the basins. For instance, even
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northern SCS of multiple sedimentary rhythms. The resulting
source rock, reservoir rock, and cap rock form multiple types
and combinations of hydrocarbon accumulation (Fig. 7). Concurrently, hydrocarbon accumulation events are shown to become evolutionarily younger from north to south within both
shallow water and deepwater areas and from west to east in local basins. The hydrocarbon accumulation feature of deepwater basins can be predicted by both the geophysical data and a
comparison of the oil-gas geological features within the shallow
water area.
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though the Southeast Hainan Basin and the Pearl River Mouth
Basin both form from west to east, there are obvious differences between their structure and tectonic features. Furthermore,
the evolution and hydrocarbon accumulation events within the
two basins can not indicate the southeast trending tectonic migration even within the neighboring basins of the northern SCS,
such as the Pearl River Mouth Basin, which probably entered
the rifting stage earlier than the Southeast Hainan Basin.
Despite these issues, by analyzing the tectonic migration
features of the entire northern SCS, we have still been able to attain an overall, systematic understanding of the tectonic evolutionary features of the basins in the northern margin of the SCS.
Furthermore, we have gained a better understanding of the effects of tectonic migration on the regulation of the hydrocarbon
accumulation within the region. We propose the following four
conclusions.
(1) There have been four major tectonic movements of the
basins in the northern margin of the SCS since the Cenozoic
began. The evolutionary process of episodic rifting reflects that
the northern SCS had a tectonic migration feature during this
time. Following a deeper analysis of the previous division plan
of tectonic movements, and with full consideration of the features of tectonic migration, we redefine the tectonic movement
in the northern SCS, dividing Pearl Joan movement and Nanhai
movement into two separate tectonic episodes. The new division plan can not only effectively resolve the current dispute
within the literature, but moreover it fully represents the regulation of tectonic development within the entire northern SCS.
(2) The rifting and depression evolution events of the basins within the northern SCS reflect that the tectonic migration
features migrate from north to south as the rifting and depression times tend to become evolutionarily younger southward.
And the latest geophysical data within deepwater areas show
that the whole tectonic lateral variation characteristics in the
northern SCS are of irregular, but in local areas in some basins
the strata is thinning (and is even completely absent in some
locations) as you go from west to east, perfectly reflecting the
tectonic migration within some basins are eastward.
(3) Following comprehensive analysis of the influence of
both the Pacific and Tethys tectonic domains on the evolution
of the basins' formation in the northern margin of the SCS, we
theorize that the large-scale tectonic migration occurred within the Pearl Joan movement and Nanhai movement sometime
within the Eocene to Miocene Periods. We concluded this primarily due to the observed remote lagging effect that resulted
following the India-Asia plate collision. Furthermore, the drawing effect of the southeast flow of the deep mantle materials in
South China towards the lithosphere in the northern SCS correspondently formed the tectonic migration from north to south
in the northern SCS.
(4) The tectonic migration has a pronounced influence on
the location of hydrocarbon accumulation within the northern
SCS, regularly altering the forming times of the basins' petroleum systems. Additionally, the analysis on the tectonic migration is helpful in the development of multiple combinations of
the hydrocarbon accumulation.
In conclusion, this paper provides an excellent reference
for determining the pattern of the hydrocarbon accumulation
within the northern margin of the SCS. Furthermore, the data
depicted herein will be of vital importance in the future oil-gas
exploration projects within the described basins.
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Abstract
The proteasome is a large, polymeric protease complex responsible for the degradation of intracellular proteins and generation of peptides that bind to class I major histocompatibility complex (MHC) molecules.
This study identified a new member of proteasomal subunits in turbots (Scophthalmus maximus). The fulllength cDNA sequence of turbot proteasomal subunit was obtained. Sequence analysis indicated that its
primary structure is highly similar to that of LMP7 from other vertebrates. The relationship between the
turbot LMP7 expression and immune responses to pathogen infection was reported. Quantitative reverse
transcriptase polymerase chain reaction showed that LMP7 was expressed differently in various tissues, with
higher expression in the spleen, liver, muscle, and skin. The LMP7 expression was the highest at 96 h after
challenge with lymphocyctis disease virus (LCDV) and at 12 h after challenge with Vibrio anguillarum in the
turbot liver, kidney, and spleen. Furthermore, the LMP7 expression distinctly increased in turbot kidney cells
at 24 h after challenge with V. anguillarum and at 96 h after challenge with LCDV. These results indicate that
the turbot LMP7 protein participates in immune responses and may play a significant role in the immune
process.
Key words: major histocompatibility complex (MHC), LMP7, qRT-PCR, immune response, turbot, Vibrio
anguillarum
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1 Introduction
Proteasomes are self-compartmentalizing, multicatalytic
protease complexes that play a key role in protein degradation
(Tanaka, 1998). A common feature among all proteasomes is
their central core, the 20S unit, that is responsible for their proteolytic activity (Baumeister et al., 1998). The 20S proteasome
subunit is a barrel-shaped molecule comprising four stacked
rings arranged in an ĮȕȕĮ orientation. The two inner rings are
made of ȕ subunits (ȕ1–ȕ7), and the two outer rings are made of
Į subunits (Į1–Į7) (Wilk and Orlowski, 1980; Tanaka et al., 1988;
Kopp et al., 1986; Puhler et al., 1992). In eukaryotes, both the
Į and ȕ rings comprise seven unique proteasome component
(PSM) 2 subunits (Groll et al., 1997). Of these, only three ȕ subunits, į (ȕ1), X (ȕ5), and Z (ȕ2), appear to be catalytically active
and interact with other ȕ subunits to form a proteolytic pocket in the center of the ring structure (Baumeister et al., 1998;
Tanaka, 1998; Wilk and Orlowski, 1980; Tanaka et al., 1988; Kopp
et al., 1986; Puhler et al., 1992). In cells stimulated by proinflammatory cytokine interferon-Ȗ (IFN-Ȗ), the composition of
the proteasome is altered such that the three active ȕ subunits
are replaced by inducible subunits lmp2 (ȕ1i), lmp7 (ȕ5i), and
mecl1 (ȕ2i) (Brown et al., 1991; Yang et al., 1992; Akiyama et
al., 1994a; Akiyama et al., 1994b; Früh et al., 1994). This modi-

fied proteasome is called immunoproteasome (Tanaka, 1994),
which comprises a specialized subset of proteasomes that is defined by the presence of three catalytic immunosubunits LMP2,
MECL-1 (LMP10), and LMP7. The proteasome system plays a
pivotal role in controlling immune responses. In general, proteasomes serve many cellular functions through protein degradation; however, the specific function of immunoproteasomes
is thought to be major histocompatibity complex (MHC) class I
antigen (Ag) processing.
The low molecular weight proteasome 7 (LMP7; currently
named PSMB8) is located within the MHC class II region and
encodes subunit of the proteasome complex involved in the
degradation of cytosolic proteins and generation of antigenic
peptides (Monaco et al., 1990; Brown et al., 1991; Ortiz-Navarrete et al., 1991; Dick et al., 1994; Fehling et al., 1994). Although
LMP proteolytic enzymes may not be essential for processing
peptides bound to MHC class I molecules (Arnold et al., 1992;
Yewdell et al., 1994), they do seem to amplify specific endopeptidase activities of proteasomes to generate peptides that
are suitable for MHC class I molecules ((Driscoll et al., 1993;
Gaczynska et al., 1993).
Extensive functions of LMP7 have been studied in humans,
mice, and other mammals (Childers et al., 2005). However, few
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studies have been conducted on LMP7 in teleosts, which are restricted to species such as medaka fish, zebrafish, and lungfish
(Clark et al., 2000; Murray et al., 1999; Mehta et al., 2009; Tsukamoto et al., 2009; Mayumi and Nonaka, 2010; Morten et al.,
2007; Leong et al., 2010; Miura et al., 2010).
Turbot (Scophthalmus maximus) is a large, left-eyed flatfish
belonging to the Scophthalmidae family. It is primarily found
close to shores in sandy, shallow waters throughout the Mediterranean, Baltic Sea, Black Sea, and North Atlantic. It is a valuable commercial species obtained by aquaculture and trawling
and is farmed in Bulgaria, France, Spain, Portugal, Romania,
Turkey, Chile, Norway, and China. Several immune genes such
as hepcidin, Nramp, MHC I and II, and IGF-I were considered
to clarify the mechanisms of immune response in turbots. Thus
far, no immune study involving LMP7 has been conducted in
turbots. In this study, we report the cloning, characterization,
and expression of LMP7 protein cDNA from S. maximus. The
expression level of the turbot LMP7 gene is analyzed in normal
tissues of adult turbot, infected turbot tissues, and infected turbot kidney cells (TK). The potential immunity function of turbot LMP7 was analyzed according to these above results.
2 Materials and methods
2.1 Fish and construction of turbot spleen cDNA library
Turbots were purchased from turbot hatchery (Hangu, Tianjin City, China) and were acclimated to laboratory conditions
for 1 week in aerated static seawater at 16–20°C. Next, cDNA library of turbot spleen cells was constructed according to a previously described method (Chen et al., 2004). In brief, total RNA
was extracted using TRIzol reagent (Qiagen) from the spleens of
four turbots, and poly(A)+RNAs were isolated using Oligotex™
spin-column kit (Qiagen). Next, cDNA was synthesized using
oligo(dT) primers, and a library was constructed using pBlueScript II (SK+) cDNA library kit (Stratagene).
2.2 Primer design
Two primers (GSP5ƍ and GSP3ƍ) were designed using the EST
sequence of LMP7, which was obtained from the turbot cDNA
library, to perform 5ƍ and 3ƍ rapid amplification of cDNA ends
(RACE). GSP5ƍ was used for the 5ƍ end, and GSP3ƍ was designed
for the 3ƍ end. Universal primer (UPM) used for 5ƍ and 3ƍ RACE
was a mixture of long and short primers (from SMART™ RACE
cDNA amplification kit; Clontech). A pair of degenerate primers, LMP7N and LMP7C, were designed on the basis of fulllength cDNA sequence of LMP7 and were used to amplify a 130bp cDNA fragment for expression analysis. All the primers are
listed in Table 1.
2.3 Isolation of RNA and amplification of full-length cDNA
Total RNA was extracted using TRIzol (Qiagen) reagent from
the spleen of turbots according to manufacturer's instructions.

Poly (A)+RNAs were isolated from the total RNA by using Oligotex™ mRNA mini kit. Next, 5ƍ and 3ƍ RACE-ready cDNA was
synthesized using random primers as described previously
(Chen et al., 2001). Both 5ƍ and 3ƍ RACE were performed using
SMART™ RACE cDNA amplification kit (Clontech) according
to manufacturer’s instructions. Touchdown polymerase chain
reaction (PCR) was used for RACE. The conditions for touchdown PCR were as follows: 94°C for 2 min, 94°C for 5 s, 70°C for
10 s, 72°C for 3 min, for 5 cycles; 94°C for 5 s, 65°C for 10 s, 72°C
for 2 min, for 30 cycles; 72°C for 10 min for elongation, kept at
4°C. The amplified fragments were separated and purified using Qiaex Į gel extraction kit (Qiagen). The fragments of interest
were then cloned into pMD18-T vector (TaKaRa), propagated
in Escherichia coli DH5Į, and sequenced using an ABI 3730 sequencer (Applied Biosystems, USA).
2.4 Sequence analysis and alignment
The DNA sequence was edited and analyzed using DNASTAR
5.0 (Dayhoff et al., 1978). Multiple alignments of the deduced
amino acid sequences were performed using Clustal W (Clustal, 1994). A phylogenetic tree was constructed using MEGA 3.1
(Saitou and Nei, 1987) by using neighbor-joining method (Kumar et al., 2004). Sequences used for phylogenetic analysis in
this study were retrieved from GenBank data libraries. Organisms, genes, and accession numbers of sequences used in this
study are as follows: Scophthalmus maximus LMP7 (ACM45577),
Paralichthys olivaceus LMP7 (AF321444_1), Osmerus mordax
PSMB8 precursor (AC010097), Anoplopoma fimbria PSMB8
(ACQ58835), Oncorhynchus mykiss PSMB5 (BAD89554), Xenopoecilus sarasinorum PSMB8 (BAH05029), Takifugu rubripes
PSMB8 (CAC13117), Salmo salar PSMB8 (ABQ01989), S. salar
PSMB7b (NP_001117007), S. salar PSMB7 (AF184937_1), S. salar
PSMB8 precursor (ACI67854), Oryzias curvinotus PSMB8 precursor (BAH05047), O. luzonensis PSMB8 (BAH05026), O. celebensis PSMB8 (BAJ51759), O. marmoratus PSMB8 (BAH05028),
O. dancena PSMB8 (ACN49144), O. minutillus PSMB8
(BAH05030), O. latipes PSMB8a (BAD93264), O. hubbsi PSMB8
(BAH05035), O. latipes PSMB8 (BAJ51778), O. javanicus PSMB8
(BAH05043), O. latipes LMP7 (BAA19767), Danio rerio LMP7
(AAB87679), D. rerio PSMB8 (NP_571467), Heterodontus francisci LMP7 (AF363583_1), Equus caballus PSMB8 (XP_001496055),
Oryctolagus cuniculus PSMB8 (XP_002714656), Sus scrofa LMP7
(ABI31729), Sus scrofa PSMB8 (NP_999100), Sus scrofa HA2B
(ABI97195), Macaca mulatta PSMB8 (XP_001115562), Pan troglodytes PSMB8 (XP_001167272), Bos taurus PSMB8 precursor
(NP_001035570), Ovis aries PSMB8 (NP_001124502), Pongo
abelii PSMB8 isoform 1 (XP_002809170), Homo sapiens PSMB8
isoform E2 (NP_683720), H. sapiens LMP7 (AAA56777), Ginglymostoma cirratum LMP7 (BAA10934), Rattus norvegicus PSMB8
(NP_542945), Ailuropoda melanoleuca PSMB8 (XP_002914391),
and Nomascus leucogenys PSMB8 (XP_003272205).

Table 1. Primers used in this study
Primer ID
Long primer
Short primer
GSP5ƍ primer
GSP3ƍ primer
LMP7N
LMP7C
RTactinN
RTactinC
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Primer sequences
5ƍ-CTAATACGACTCACTATAGGGCAAGCAGTGGTATCAACGCAGAGT-3ƍ
5ƍ-CTAATA CGACTCACTATAGGG-3ƍ
5ƍ-AACTCCGTGGGCAGATTCTTC-3ƍ
5ƍ-CATCGTTGGATGCTAAGTAACTGC-3'
5ƍ-AACTCCGTGGGCAGATTCTTC-3ƍ
5ƍ-CATCGTTGGATGCTAAGTAACTGC-3'
5ƍ- GCTGTGCTGTCCCTGTA-3ƍ
5ƍ- GAGTAGCCACGCTCTGTC-3ƍ
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2.5 Immune challenge and sampling
Turbots weighing 250 g were reared in 1 000-L tanks at 17°C.
For pathogen challenge, each turbot was anesthetized by immersion in MS 222 and was injected with 7×106 colony forming units (CFU) of V. anguillarum or ten 50% tissue culture infective doses (TCID50) of lymphocystis disease virus (LCDV)
intraperitoneally. V. anguillarum and LCDV were separately
isolated from diseased turbots and Japanese flounders with
lymphocytic disease, as described in a previous study (Xu et
al., 2000; Braun, 2000). The fish injected with pathogens were
sacrificed at 6, 12, 24, 48, 72, and 96 h after infection. Tissues
(the liver, spleen, and kidney) were removed and kept at −80°C.
In parallel, the phosphate solution (PS) was injected in turbots
to exclude the effects of injection itself and uninfected turbots
were sacrificed used as blank controls. Uninfected tissues (the
liver, spleen, intestine, head kidney, kidney, gill, gonad, muscle,
heart, brain, and skin) were collected from three control turbots
and were stored at −80°C.
For infecting TK cells, 2×103 CFU of V. anguillarum or 1
TCID50 of LCDV was added to each 25-cm2 cell culture flask
containing TK cells. At 6, 12, and 24 h after adding V. anguillarum and at 24, 48, and 96 h after adding LCDV, the cells were
digested and collected at −80°C for RNA isolation.
2.6 Gene expression analysis by quantitative real-time PCR
To analyze the expression pattern of LMP7 in normal and
pathogen-challenged turbots, quantitative reverse transcriptase PCR (qRT-PCR) was conducted using 7500 Real-Time PCR
System (Applied Biosystems) with SYBR® Premix Ex Taq™
(Takara). LMP7 expression patterns were determined using
cDNAs from V. anguillarum- and LCDV-infected tissues and
cells and from controls and primers LMP7N and LMP7C (Table
1). Expression of ȕ-actin, determined using primers RTactinN
and RTactinC, was used as an internal control (Table 1). The
20 μL qRT-PCR mixture comprised 1 μL cDNA sample, 10 μL
SYBR® Premix Ex Taq™, 0.4 μL ROX Reference Dye II, 0.4 μL (10
μmol/L) forward and reverse primers, and 7.8 μL nuclease-free
water. Fluorescence was detected after each extension step. The
reaction conditions were as follows: 95°C for 30 s and 40 cycles
of 95°C for 5 s and 58°C for 34 s. Dissociation protocol (95°C
for 15 s, 60°C for 1 min, 95°C for 15 s, and 60°C for 15 s), which
provides the melting curve, was used to assess the specificity
of target amplification. Each sample was analyzed in triplicate.
Gene expression was calculated using the following equation:
fold difference = 2−ᇞᇞt (Livak and Schmittgen, 2001). One-way
analysis of variance (ANOVA) and individual mean comparisons were performed using Duncan's test. Differences of P<0.05
were considered significant.
3 Results
3.1 Cloning and characterisation of LMP7 from turbots
The EST sequence of LMP7 is 264 bp long, with unknown
5ƍ and 3ƍ ends. This sequence was obtained from the turbot
spleen cDNA library. The full-length cDNA sequence of LMP7
(GenBank accession number: FJ617008) was obtained by performing 5ƍ and 3ƍ RACE by using two specific primers GSP5ƍ and
GSP3ƍ (data not shown). The obtained cDNA had a 117-bp 5ƍUTR, 825-bp open reading frame (ORF), and 330-bp 3ƍ-UTR.
The 3ƍ-UTR included a canonical polyadenylylation signal
(AATAAA), followed by an additional 24-bp poly (A) tail. Amino
acid sequence of turbot LMP7 was deduced from the nucleotide sequence of the obtained cDNA. The 825-bp ORF encoded

a protein containing 274 amino acid residues, with an expected
weight of 30 170 Da and isoelectric point of 8.22 (Fig. 1).
3.2 Phylogenetic analysis and alignment
The deduced amino acid sequence of LMP7 was aligned with
that of other vertebrate genes to examine its potentially important characteristic. From the figure, LMP7 proteins were more
conserved in the middle part than the C and N end. BLASTp
search on the NCBI website showed that the turbot LMP7 protein had the closest homology to the flounder LMP7 protein,
with 90% identity. In addition, the turbot LMP7 protein was 65%
identical to the zebrafish LMP7 (AAB87679.1) and 54% identical
to human LMP7 (AAA56777; Fig. 2). The phylogenetic tree for
the LMP7 protein and other members of the PSMB8 subfamily, which was constructed using the neighbor-joining method,
showed that turbot LMP7 protein was closest to the flounder
LMP7 protein in the phylogenetic tree (Fig. 3).
3.3 Expression of LMP7 mRNA in different tissues of turbots
Semi-quantitative real-time PCR was performed to analyze
the tissue expression level of turbot LMP7, and each data point
was normalized with ȕ-actin mRNA (Liu et al., 2007; Lindenstrom et al., 2004). Based on the fold changes relative to ȕ-actin,
the data showed high variation in LMP7 expression among different tissues (p<0.05). Turbot LMP7 mRNA was the most abundant in the spleen followed by the muscle, liver, kidney, and
head but was deficient in the intestine followed by the heart,
brain, and gills (Fig. 4). The expression level of LMP7 was analyzed in kidney, liver and spleen after injection with V. anguillarum suspensions (Fig. 5). Upon challenge, the expression level
of LMP7 in PS injected turbot increased in liver and decreased
in spleen and kidney relative to the non-injected fish (control
fish less than 0.05). Comparing with the non-injected samples,
the expression level of LMP7 increased initially (p<0.05). In the
spleen and liver, LMP7 expression reached the highest level at
12 h after injection and then fluctuated at other time points. After LCDV challenge, LMP7 expression fluctuated in the spleen,
kidney, and liver and reached the highest level at 96 h (Fig. 6).
TK cells were used to study in vitro LMP7 expression. After infection of TK cells with V. anguillarum, LMP7 expression increased at all time points (p<0.05) and reached the highest level
at 24 h, after which the cells collapsed to the floor of the cell culture flasks. After infection of TK cells by LCDV, LMP7 expression
increased (p<0.05) and reached the highest level at 96 h (Fig. 7).
4 Discussion
To the best of our knowledge, this is the first study to report the cloning and expression of immunoproteasome subunit LMP7 in turbots. The EST sequence of turbot LMP7 was
obtained from the cDNA library. In the present study, 5ƍ and 3ƍ
RACE were performed to obtain the complete cDNA sequence
of turbot LMP7. BLASTp analysis showed that turbot LMP7 was
more similar to other known LMP7 and that it shared significant
homology with flounder LMP7 (AAB87679.1).
The MHC class I Ag presentation pathway relies on several
stages. In the cytosol, proteasomes degrade Ags into peptides
that are 8–9 amino acids long. These peptide fragments are then
transported across the rough endoplasmic reticulum membrane by specialized peptide transporter proteins and are loaded into the peptide-binding domain of the MHC class I molecule. The MHC class I/Ag complex is then transported to the cell
surface for destruction of the Ag by cytotoxic T cells. Thus, the
proteasome plays a pivotal role in adaptive immune response

113

ZHANG Bo et al. Acta Oceanol. Sin., 2015, Vol. 34, No. 1, P. 110–118

1

ACGCGGGGAAGGAAATTATAACCGGACACGTCGTCGAACGCCTTCGTCGTTTTTGAAAGC

61

TTATGCACCTTCGATATAGAAATAGATAAAAGTACATATTTTGCACCACGTTCATACATG

1

M

121 ATGGCTCTTTTCGACGTAAGCGGATTCAAGACGTATTCCGAACTCCGTGGGCAGATTCTT
2

M A

L

F

D

V S

G

F

K T Y

S

E

L R G

Q I

L

181 CCAGCGGGACCGACGCACCTCGTGGACCGAACCAACCACTACAGTTTTGGGACCAAAACT
22

P

A

G

P T H

L

V

D R T

N

H

Y S

F

G

T K T

241 CAAGAGTTTGCTGTTCCTCCGGGTGTCGACCCCTCGGGGTTTCTCAAGTCCTGCAACCGA
42

Q

E

F

A V P

P

G

V D

P

S

G

F L K

S

C

N R

301 GACGGAGGTGTGTGCATTGACCTGGACCACGGGACGACCACGCTGGCCTTCAAGTTCAAA
62

D

G

G

V

C I

D

L

D H

G

T

T

T L

A

F

K F

K

361 CATGGAGTCATCGTGGCTGTGGACTCCAGAGCCTCAGCTGGCAGTTACTTAGCATCCAAC
82

H

G

V

I V A

V

D

S R

A

S

A

G S

Y

L

A

S N

421 GATGTCAACAAGGTGATAGAGATCAACCCCTACCTGCTGGGCACCATGTCGGGCAGCGCC
102

D

V N

K

V

I

E

I

N

P Y

L L

G

T

M S G

S

A

481 GCAGACTGCCAGTACTGGGAGAGACTGCTGGCCAAAGAATGCAGACTGTACAGGCTGAGG
122

A

D C Q

Y

W E R L

L

A K E

C

R

L Y R

L

R

541 AACAACCACAGGATCTCTGTGGCTGCTGCTCCAAGCTGCTGCCAACATGATGCTGGGTTA
142

N

N H R

I

S

V A A

A P

S C C

Q H

D

A

G

L

601 CAGAGGCATGGCCTCTCCATGGGAAGCATGATCTGTGGATGGGACAGAGAGGGCCCCGGT
162

Q

R H G

L

S

M

G

S

M I

C G W

D R

E G

P

G

661 TGTACTATGTGGATGATAACGGGACGCGTCTGTCTGGCCGCATGTTCTCTACCGGCTGTG
182

C

T

M

W

M

I

T G R

V

C

L A A

C

S

L P

A

V

721 GGAGCAGCTTCGCCTACGGCGTGGTGGCAGCGGTTTCCGGGAAGACATGCGACAGAGGAA
202

G

A A

S

P

T

A W

W

Q R

F P G

R

H

A T E

E

781 GCGTATGAGCTGGGTCGCCGGGGCATAGTTCACGCTACGCACAGGGACGCCTACTCCGGC
222

A

Y

E L

G

R

R G I

V

H

A T H

R

D

A Y

S

G

841 GGAGTGGTCAACATGTACCACATGCGGGAGGACGGATGGATAAAGGTGTGTAAGGACGAC
242

G V V N

M

Y

H M R

E

D

G W I

K

V

C K

D D

901 GTATCAGAGCTGATCCATCGCTACAGGAAGGGAATGTTCTGAGTTTGACCCCGACACACG
262

V S E

L

I

H

R Y R

K

G

M F *

961 GATCAACCTCCACAGTCTGAAAATGGTCCAATCACAGGTTTCTGTTGAAAATGATGTAAC
1021 TTTGTTTTAATATTGATTGAGAGATGAAAACTATATTGTGGGGGTGAGTGCATAACGTAG
1081 TGAGCGGTGAAGGAAAATGTAATAGAACAGTGAATGTGAACTGACCTTTGTTTAGTTATT
1141 GTTCTTTATTTTATGTCATGTCCTGTACATGTTGACACTGTAGCTCTTCAGTGTAGAATT
1201 TTGTCTCCGCTCACACACGGATCCTAATAAAGACTGTTGTTCTGCTTAAAAAAAAAAAAA
1261 AAAAAAAAAAAA
Fig. 1. Nucleotide and deduced amino acid sequences of turbot LMP7 cDNA. The amino acid sequence is shown below the nucleotide sequence with a single letter code. Translation start codon and stop codon are marked with M and asterisk (*), respectively.
Polyadenylation signal and poly (A) tail are underlined.
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Fig. 2. Alignment of amino acid sequences of LMP7 proteins from various species. Different amino acid residues among the species
are presented by a black background. Residues that diverge between species are aligned by a hyphen. Identical residue sequences
are shown in white letters with a black background. Sequence accession no.: S. maximus LMP7 (ACM45577), P. olivaceus LMP7
(AF321444_1), O. latipes LMP7 (BAA19767), D. rerio LMP7 (AAB87679), H. francisci LMP7 (AF363583_1), Sus scrofa LMP7 (ABI31729),
H. sapiens LMP7 (AAA56777), and G. cirratum LMP7 (BAA10934).
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Fig. 3. Phylogenetic analysis of LMP7 and homologous proteins from turbots and other vertebrates. Minimal and maximal bootstrap values obtained using the neighbor-joining method are indicated around the branches. The bottom scale refers to percentage
divergence.

(Monaco and Nandi, 1995). LMP7 is a major immunosubunit
responsible for assembling active homogenous immunoproteasomes and for processing peptide Ags both in vitro and in vivo.
This is supported by the observation that LMP7-knockout mice
show reduced levels of the three inducible proteasome subunits
and MHC class I expression (Fehling et al., 1994; Grifﬁn et al.,
1998) and that proteasome inhibitors block the formation of
peptides presented on MHC class I molecules (Rock et al., 1994).
LMP7 is constantly expressed in different organs of turbot
and can be induced under conditions without experimental
stimulation. Under physiological conditions, LMP7 is present
in large amounts in organs that are tightly associated with immune responses, such as the liver, spleen, and kidney. These

results are similar to those obtained in other species (Eleuteri
et al., 1997; Noda et al., 2000), suggesting that LMP7 subunits
appear in various organs during systemic responses to infection
and inflammation. More studies have demonstrated that immunoproteasome subunits are highly expressed in an inﬂamed
liver during bacterial infection in mice (Khan et al., 2001), and
in certain organs, including the kidneys undergoing a reduction
in mass during lipopolysaccharide (LPS) induced endotoxemia
in rats (Nelson et al., 2000). Immunoproteasomes are stimulated not only by IFN-Ȗ but also by proinflammatory cytokines
and tumor necrosis factor, which induce LMP immunosubunits
in some cultured cells (Aki et al., 1994; Hallermalm et al., 2001;
Loukissa et al., 2000). Many studies have focused on the signif-
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Fig. 4. Quantitative analyses of LMP7 expression profiles in different tissues of turbots. 1–11: tissues of the liver, spleen, kidney,
head kidney, intestine, fin, muscle, skin, gill, heart, and brain harvested from PS-injected turbots. LMP7 expression was analyzed using the 2−ᇞᇞt method and one-way ANOVA followed by Duncan's test (ANOVA, *p<0.05). ȕ-actin gene was used as an internal control
to calibrate cDNA templates of all the samples. Vertical bars represent the mean ± SD (n=3).
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Fig. 5. Quantitative RT-PCR analysis of LMP7 mRNA

Fig. 6. Quantitative RT-PCR to determine LMP7 mRNA

expression in the liver, spleen, and kidney of turbots infected with V. anguillarum. 1–8: ȕ-actin control and turbot LMP7 mRNA expression levels at 0, 6, 12, 24, 48, 72,
and 96 h after injection. ȕ-actin was used as the internal
control. Vertical bars represent mean ± SD (n=3).

expression in the liver, spleen, and kidney of turbots infected with LCDV. 1–8: ȕ-actin control and turbot LMP7
mRNA expression levels at 0, 6, 12, 24, 36, 48, 72, and 96
h after injection. ȕ-actin was used as the internal control. Vertical bars represent mean ± SD (n=3).
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Fig. 7. Quantitative RT-PCR to determine LMP7 mRNA expression relative to ȕ-actin mRNA expression in TK cells after infection
with V. anguillarum (a) and LCDV (b). a. 1–4: uninfected TK cells as controls and infected cells at 6, 12, and 24 h after challenge with
V. anguillarum. b. 1–4: uninfected TK cells as controls and infected cells at 24, 48, and 96 h after challenge with LCDV. All data are
expressed as mean ± SD (n=3).
icance of immunoproteasomes in efficient immune response
against viruses (Khan et al., 2001; Kloetzel and Ossendorp,
2004). In our study, LMP7 expression was upregulated during
response to infections by V. anguillarum and LCDV.
Immunosubunits cannot exchange with constitutive subunits in preformed proteasomes but require de novo synthesis
of new proteasomes (Akiyama, Yokota et al., 1994; Groettrup et
al., 2001; Groettrup et al., 1996). Half-life of rat liver proteasomes
is approximately two weeks in vivo (Tanaka and Ichihara, 1989)
while that of mouse hepatoma cell proteasomes is 2 d in vitro
(Khan et al., 2001; Tanaka and Ichihara, 1989). However, Khan et
al. (2001) reported faster kinetics of immunoproteasome turnover in vivo after LCMV and Listeria infection. In turbots, LMP7
production was upregulated to the peak value, especially in the
infected liver, at 12 h after infection by V. anguillarum. LMP7 expression increased 26 times in the infected samples compared
to that in controls. LMP7 expression increased to the tiptop at
96 h after infection by LCDV. During infection, immunoproteasomes, including LMP7, are synthesized in turbots to resist
environmental invasion. This dramatic effect on proteasome
subunit composition may profoundly influence the quality and
quantity of peptide epitopes presented to T cells during infection in turbots.
The findings of the present study showed that LMP7 expression was upregulated exclusively in TK cells after bacterial and
viral challenge. This provides insights into the potential role
of LMP7-containing proteasomes in immune response. It has
been proven that epithelial and endothelial cells express MHC
class I molecules and become antigen-presenting cells during
inflammatory responses (Nandi et al., 1997). Moreover, proinflammatory cytokines promoting cellular immunity strongly induce LMP7 expression in endothelial and epithelial cells in vitro
(Aki et al., 1994; Loukissa et al., 2000) and in rat kidneys during
LPS-induced endotoxemia (Nelson et al., 2000). Therefore, it is
likely that after V. anguillarum and LCDV infection, LMP7-containing proteasomes were induced and resulted in efficient
degradation of damaged proteins in TK cells by helping short
peptides with C-terminal hydrophobic amino acids to bind to
MHC class I molecules.
In summary, we cloned, characterized, and expressed a novel gene encoding the proteasomal subunit LMP7 in turbots.
LMP7 was expressed in different tissues, and its contribution
to immune response against bacterial and viral infections was
obvious. Because LMP7 is a highly conserved gene, its function
in turbots may be similar to that in other species such as humans and mice. These results form the basis for studying immune response mechanisms in turbots and for improving their
resistance to harsh environmental conditions. At present, we

have no deep research for this result, but at least two possibilities should be taken into account in the further studies. First,
whether IFN-Ȗ or other inflammatory cytokines were formed
in turbots after LCDV and V. anguillarum infections. Second,
whether and what sort of the T cells increased when turbot
LMP7 expression increased. The immune system of fish is very
different from that of mammals. In fish, the innate immune system is regarded as the fundamental defense mechanism; on the
other hand, limited information is available about the adaptive
immune system. More detailed studies are need to study the
role of LMP7 in adaptive immune response in turbots to harsh
environmental conditions.
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Abstract
The Shacheng Bay (SCB) is one of the most complex coastal bays in southeast China and due to the fact
of complicated geometry and dynamic coastal processes, it is considered as a challenging area for the numerical simulation of its hydrodynamic characteristics. The most advanced finite volume ocean model, finite-volume coastal ocean model (FVCOM), has adopted to simulate this hydrodynamic system, where tidal
currents, tidal residual current and dye diffusion processes were studied and analyzed quantitatively. The
validation of this numerical model matches well with various observation data, including elevation and
current data. The misfit of a tidal elevation has a relative standard error of 3.66% and 4.67% for M2 and S2
tide components. The current validation shows a good match with an average error of 10 cm/s and 8° in the
speed major axis and its direction respectively between the simulation and the measurement. This proves
the robustness and reliability of this model. It is also found that the cape effect is significant and important
in this system. The dye diffusion simulations show a 53 d flushing period for the whole inner bay waterbody.
The results are of its first kind for understanding the hydrodynamic system in the SCB and they can provide
helpful and trustful scientific information for others.
Key words: FVCOM, Shacheng Bay, circulation, dye diffusion
Citation: Yu Huaming, Wang Zhaohua, Kuang Liang, Wang Lu, Bao Xianwen, Wu He, Wang Xin, Deng Xiaodong. 2015. A numerical
study on the circulation and tide in a zigzag bay. Acta Oceanologica Sinica, 34(1): 119–128, doi: 10.1007/s13131-015-0604-0

1 Introduction
The Shacheng Bay (SCB) is a zigzag bay located in southeast
China with an average depth of 20 m and a maximal depth of 58
m; it is an important harbor for fishery, aquaculture, tourism,
and shipping (China Gulf Compiling Committee, 1994). The
SCB is surrounded by mountains and has a quite irregular and
curving coastline which is 35 km long and only 1–2 km wide.
The area of the SCB is 76.62 km2, with 46.79 km2 intertidal salt
marshes. There are also many natural islands spread across the
bay entrance, including Nanguan Island, Beiguan Island and
the Nanzhen Peninsula. These islands are the natural offshore
barrier for various environmental hazards and this makes the
SCB as one of the sediment-free bays in the world. All of these
features make the SCB the best natural shelter harbor in the
southeast coastal region of China. More than 3 000 ships take
shelter from strong winds in the SCB every year. However, the
Super Typhoon Sangmei happened with a central pressure 920
hPa and a maxima wind speed 60 m/s in August, 2006. During

this disaster, 952 ships sank, and 148 people died. It is one of the
largest disasters in the history in Shacheng City.
In recent years, many marine projects are going to be established in the SCB and this will inevitably affect the hydrodynamic environment and the ecological environment. Particularly, the Bachimen (BCM) in the west of the SCB is honored
as the best location for tidal power plants all over the world,
because the 6.9 m maxima tide range with the narrow width of
just 200 m. It is estimated that one tidal power plant with 30 MW
can be constructed in the BCM. In order to investigate the basic
characteristics of hydrodynamic environment in BCM, it is necessary to study its circulation and tide by use of a fine resolution numerical model in the SCB. However, such an irregularly
shaped ocean-land margin harbor, which is characterized by
complex barrier islands, a small inlet connecting the open sea,
extensive intertidal salt marshes and large tidal range, presents
a grim challenge for the hydrodynamic numerical simulation.
To date, relatively few studies have used unstructured grid nu-
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merical models to simulate the circulation and the tide in the
SCB besides some field observation data analysis. In this paper, we conduct a comprehensive numerical study by using the
FVCOM model to simulate the circulation and tide characteristics in the SCB, expecting to provide some scientific evidence
for the future economic development, ocean energy exploitation and the marine environment protection.
The content of this paper is organized as follows: in Section 2, we describe the model configuration and the field data;
Section 3 discusses the model validation against observations;
Section 4 presents the tidal wave characteristics, the residual
current, the dye diffusion and the horizontal distribution of the
tidal currents in the SCB. A brief summary and discussion are
provided in Section 5.

FVCOM code has been parallelized using a single process multiple data (SPMD) approach. So the parallel calculation ability
assures the calculation's efficiency for a fine grid system. From
the above discussion, we can say that the FVCOM is a suitable
model for the numerical realization in the SCB.
The equations in the barotropic ocean are adopted here:
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2 Brief descriptions of the model and field observation data
2.1 Model description
A three-dimension (3D) unstructured grid, free-surface,
primitive equation, finite-volume coastal ocean model (FVCOM,
Chen and Niu, 1992; Chen et al., 2003; Chen et al., 2006; Chen
et al., 2007) is used in this paper. This model has been widely
used in ocean modeling (Dick, 1994; Xue et al., 2009; Yu et al.,
2010; Ding et al., 2011; Ding et al., 2012; Gao et al., 2012). The
FVCOM combines advantages of both finite difference (computational efficiency) and finite element (geometric flexibility)
models (Chen et al., 2003). In comparison with the differential
form used in finite-difference and finite-element models, the
FVCOM dispersed the integral form of the governing equations.
Since these integral equations can be solved numerically by
flux calculation (like those used in the finite difference method) over an arbitrarily-sized triangular mesh (like those used
in the finite element method), the finite-volume approach
guarantees a mass conservation both in the individual control
element and in the entire model domain. In the vertical direction, the sigma-coordinate transformation is used in order to
obtain a smooth representation of an irregular bottom depth in
the FVCOM. Thus, it is a better choice to use FVCOM for solving the difficulty in fitting irregular coastal lines, barrier island
complexes and a complicated bottom depth for the numerical
simulation in the SCB. It is possible to simulate the tidal current
on a smaller scale near the coast and islands, and there solution
can be higher in the concerned area. Furthermore, a new wet/
dry point method has been developed in the FVCOM to provide
an accurate simulation of the water transport flooding onto and
draining out of the intertidal zone, which can solve the numerical simulation difficulty on a large intertidal salt marsh zone
in the SCB. This method has been validated in a series of tidal
simulations on an idealized semi-enclosed estuary with an intertidal zone (Chen et al., 2007). The criteria used for validation
is mass conservation, which is a prerequisite condition for an
objective evaluation of the wet/dry point treatment technology
in the estuary bays such as the SCB. We provide a summary of
the model here, and the full description could be found in Chen
et al. (2003).
The FVCOM solves the three-dimensional primitive equations and uses the Mellor and Yamada level-2.5 turbulent closure scheme (Mellor and Yamada, 1982; Galperin et al., 1988).
Horizontal mixing is represented with a Smagorinsky eddy parameterization with a constant coefficient of 0.2. The model is
formulated with a mode-splitting method (where currents are
solved in external and internal modes and with two different
time steps) popular with finite difference ocean models. The
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where f is the Coriolis parameter; Km is the vertical eddy viscosity coefficient; and Fu and Fv represent the horizontal momentum diffusion terms.
The surface boundary conditions for u, v, and w are
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The bottom boundary conditions for u, v, and w are
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where (W bx ,W by ) Cd u 2  v 2 u , v , is the x and y components of
bottom stresses.
The open boundary condition is
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Equations (1)–(8) close the whole finite solution system of
equations of a three-dimensional barotropic tidal wave in the
Epeiric Sea.
The tracer-tracking Eq. (9) adopted here is the same as the
water temperature equation to simulate dye diffusion.
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2.2 Model configuration
The model domain is shown in Fig. 1, and the mesh of the
model is shown in Fig. 2. Compared with the grids in the open
ocean, the grids in the model interior of the SCB, especially
those in the inlets, around the island, irregular boundary and
concerned areas, are much more refined. There are totally 20
644 nodes and 38 265 triangular elements with a minimum grid
resolution of 18 m and a maximum grid resolution of 2 800 m.
Eleven sigma layers are set in the vertical direction.
In order to reduce the boundary effects, the open boundary is extended to the open ocean far away from the inlet of
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the bay. Since it is difficult to observe the tide levels on all the
open boundary nodes of the studied area, the open boundary
conditions adopt the tidal amplitudes of eight dominant tidal
constituents (M2, S2, K1, O1, N2, K2, P1 and Q1) generated by a
global inverse tidal model (Egbert and Erofeeva, 2002) at all the
open boundary nodes.
The initial temperature field is set to a constant value of
11.5°C,and the salinity field 25.5 according to the field measured data. The external time step used is 0.5 s and the ratio of
the internal mode time step to the external mode time step is
6 s (called “mode splitting”, the currents are divided into the
external and internal modes that can be computed using two
distinct time steps. This approach has been successfully used
in the Princeton ocean model (POM) and the regional ocean
model system (ROMs). The numerical simulation is from December 16, 2005 to January 23, 2006 covering the whole period
of marine survey.
2.3 Observation data
The SCB is such a zigzag, narrow fjord that the hydrological
conditions in different parts are quite unique. In order to validate the model results, the Ocean University of China (OUC)
designed ten observing stations including six stations (T1–T6,
Fig. 1) for 1 month's synchronous consecutive sea level observing and four stations (C1–C4, Fig. 1) for 25 h current observing
covering one spring tide and one neap tide. It is 2–3 scale north
wind with a 1-grade sea state in the observing period. During

the field observation, the temperature and the salinity tend to
be uniform with the low wind speed, thus, the barotropic tidal dynamics dominates the SCB hydrodynamic environment.
The OUC has observed the sea levels with a sampling interval
of 2 min using Alec wave height logger and the currents with
a sampling interval of 1 h using the intelligent ocean current
meter SLC9-1 designed by the OUC. The global position system
(GPS) is used to pinpoint the stations. The current observation
is conducted on the surface, 0.2H, 0.4H, 0.6H, 0.8H, and bottom
layers. The surface layer is 1.0 m under the surface, while the
bottom layer is 1.0 m above the bottom. These data will be used
for a model validation in this work.
3 Model validation
3.1 Tidal elevation verification
By comparing the observed data derived from Stas T1–T6
with the simulated values at their corresponding points, as
shown in Fig. 3, the tidal elevations at six points are consistent with the observed values. The maximum tidal elevation
difference between the simulated value at Stas T1–T6 and the
observed value is 10, 8, 12, 15, 18 and 16 cm. The comparison
between the observed and model-predicted amplitudes and
phases of semidiurnal tides at tidal measurement stations
around the SCB shows a good agreement, especially for the M2
tidal constituent with 3.65% relative standard deviation (Table
1). The standard deviation for the M2 and S2 tidal simulations is

4
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Fig. 3. Observed and computed tidal elevation. The solid line represents the FVCOM result and the plus sign represents the observation data.
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Table 1. Model-data comparison of the tidal amplitude and phase in the SCB
Station

M2

S2

K1

O1

ǻȗ/cm

ǻĳ/(°)

ǻȗ/cm

ǻĳ/(°)

ǻȗ/cm

ǻĳ/(°)

ǻȗ/cm

T1

−5.2

−1.4

−3.1

−3.5

−7.1

12.6

−5.5

ǻĳ/(°)
1.0

T2

−6.3

−1.5

−3.3

−4.8

−6.2

13.2

−5.7

0.5

T3

−6.1

−2.7

−3.4

−5.1

−6.7

12.9

−5.9

0.5

T4

−7.7

−2.9

−2.2

−6.0

−8.1

10.9

−6.4

1.1

T5

−8.4

−5.8

−1.9

−9.5

−8.6

9.4

−6.5

2.1

T6

−5.6

−9.4

−2.4

−12.6

−7.3

7.1

−6.0

3.0

Std dev

6.6

4.9

2.8

7.6

7.3

11.2

6.0

1.6

Rel dev/%

3.65

—

4.67

—

15.55

—

20.00

—

Notes: — means none; std dev is short for standard deviation; and rel dev is short for relative deviation.

6.6 and 2.8 cm in amplitude and 4.9° and 7.6° in phase. Taking
into account the largest tidal range of about 6.9 m, it can be concluded that the computed tidal elevation agrees well with the
observed data and the model is reliable.
3.2 Tidal current validation
By comparing the observed current data at Stas C1–C4 with
the computed value at its corresponding location, as shown in
Fig. 4, the computed current's phase and amplitude at the four
locations are consistent with the data. The maximum tidal current velocity difference between the computed value at Stas C1,
C2, C3 and C4 and the observed value in different layers is 7.8,
12.6, 16.5 and 8.9 cm/s respectively. The difference of the tid-

al current direction between them is 8.6°, 15.4°, 7.8° and 6.3°.
The comparison between the observed and model-predicted
M2 tidal current ellipse major axis and its direction at the tidal current measurement stations around the SCB shows a good
agreement. The standard deviation of the numerical simulation
results for the M2 tidal current ellipse major axis and its direction is 3.3 cm/s and 4.0° respectively (Table 2). Compared the
errors with the largest velocity about 1.00 m/s, the result indicates that the computed current agrees well with the observed
data and the computed result is credible.
3.3 Residual current validation
The comparison between the observed and model-predict-

u/m∙s−1

1.0
0

C1

v/m∙s−1

−1.0
1.0
0

C1

u/m∙s−1

−1.0
1.0
0

C2

v/m∙s−1

−1.0
1.0
0

C2

u/m∙s−1

−1.0
1.0
0

C3

v/m∙s−1

−1.0
1.0
0

C3

u/m∙s−1

−1.0
1.0
0

C4

v/m∙s−1

−1.0
1.0
0
−1.0
380

C4
385
t/d

Fig. 4. Observed and computed tidal current velocities (surface tidal current velocity comparison).

— observation
--- simulation

390

124

YU Huaming et al. Acta Oceanol. Sin., 2015, Vol. 34, No. 1, P. 119–128

Table 2. Model-data comparison of tidal current property and the elliptical parameters for M2 tidal constituent
Calculated major

Major axis

Calculated major

axis/cm·s−1

direction/(°)

axis direction/(°)

57.4

59.3

40

41

58.2

62.6

47

47

Station

Layer

Criteria K

Major axis/cm·s−1

C1

surface

0.177 9

middle

0.137 8

C2

C3

C4

bottom

0.193 7

40.7

43.5

60

58

surface

0.199 1

47.8

45.6

83

89
88

middle

0.045 8

45.2

42.3

83

bottom

0.284 5

26.7

22.8

86

88

surface

0.332 5

75.7

73.6

139

136

middle

0.204 8

69.4

65.5

134

131

bottom

0.165 9

62.0

58.9

128

129

surface

0.193 2

91.7

88.7

123

128

middle

0.153 7

85.7

81.7

116

122

bottom

0.277 1

68.2

63.9

115

—

—

Std dev

121

3.3

ed velocities and directions of Euler residual current at tidal
current measurement stations around the SCB shows a good
agreement (Table 3). The max standard deviation for the velocity and direction of Euler residual current simulations is 4.0 cm/s
and 6.7° respectively, appearing in the middle layers. Compared
the errors with a large velocity about 18 cm/s, the result indicates that the computed current agrees well with the observed
data and the computed result is believable.

4.0

4.2 Tidal residual current
The numerical simulation results indicate that the residual current velocity in the SCB is between 1.0 and 19.8 cm/s.
Compared with the surface residual current field, the pattern of
residual current field of the other layers shows little difference.
Figure 6 shows the pattern of the surface residual current where
residual current eddies can be found in the SCB, especially two
symmetrical eddies around the capes: one rotates anticlockwise and the other rotates clockwise. That is called a cape effect
caused by a nonlinear effect. This finding is very important for
a marine environmental disposal, because the choice of dump
location will result in totally different pollutant dispersion and
transport. The simulation results suggest that it is beneficial for
the pollution discharge to set at the point of the cape, because
the waste can be carried to the outside of the SCB along with
the residual current. In opposite, it is adverse closed to the bank
without capes, since the waste can only be diffused by the tide
mixing in the long run while the velocity of mixing diffusion is
very slow.

4 Results and discussion
4.1 Tidal wave system
The numerical study shows that the tide range ratio
(( H K1  H O1 ) / H M 2 ) (Ye et al., 1991; Shi et al., 2004) in the SCB is
between 0.31 and 0.38, which is less than 0.5 and means that the
type of tide is the normal semidiurnal tide. The motion mode
of M2—the main semidiurnal tidal-constituent—represents the
main motion mode in this area. The model-predicted time series of the surface elevation at each grid point was fitted by a
least squares harmonic analysis method. The cotidal chart of
M2 is shown in Fig. 5. The cotidal lines and isoamplitude lines of
M2 tidal constituent indicate that the tidal waves in the open sea
propogate from northeast to southwest, which belongs to the
counterclockwise system and is consistent with the data in the
Atlas of the Bohai Sea, Yellow Sea and East China Sea, published
in 1992. Figure 5 also shows that the tidal waves propagate from
the inlet to the interior of the SCB and the cotidal line has a 20°
phase gap, and the time of climax delays about 40 min. Owing
to a bottom friction and wave energy accumulation, the amplitude of tidal a wave increases gradually when the tidal wave
enters the SCB from the open sea. The tidal wave is significantly
affected by the islands in the SCB, which caused the rotation of
tidal wave around them.

4.3 Dye diffusion calculation
Given the fact that this is a dynamic coastal system, it is important to understand the environmental capacities by carrying
out dye studies to obtain flushing time. The dye numerical experiment can be used to analyze the pollution diffusion and the
water exchange in the SCB. As the initial condition, the water
dye concentration in the SCB is set as 100% west of 120.43°E
while it is set as 0% in the rest of model area. Figure 7 shows
the distribution of the dye concentration at the 30th model
day under the tidal influence, the dye concentration decreases from the inner area to the outer area of the SCB. The largest
dye concentration in the inner SCB is around 80% while the dye
concentration decreases to 30% at the entrance. The daily water
exchange rate is calculated as 1.9%. That is, assuming no other

Table 3. Velocity and direction of Euler residual current
Station

Surface

Middle

Bottom

V0

Vc

D0

Dc

V0

Vc

D0

Dc

V0

Vc

D0

Dc

C1

18.1

23.5

40.3

44.4

10.0

14.6

42.3

46.8

5.0

9.7

38.7

43.4

C2

12.5

10.4

140.9

147.5

10.8

12.6

155.4

167.0

7.4

10.2

154.2

161.0

C3

13.4

11.2

320.9

316.1

16.3

10.2

335.4

330.5

14.8

9.5

334.2

326.2

C4

5.2

3.1

60.4

63.6

5.1

4.6

56.1

54.8

5.4

4.2

49.2

Std dev

3.3

4.8

4.0

Notes: V0 and D0 are quasiharmonic results; and Vc and Dc are calculated results.
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Fig. 5. Cotidal lines and isoamplitude lines of M2 tidal constituent in the whole domain (a) and cotidal lines and isoamplitude lines
of M2 tidal constituent in the inlet (b).

pollutant added, 57% of pollutant in the SCB can be transported
to the open sea after 30 d by the tidal residual current and diffusion effect. In other words, it will translate into a 53 d flushing
time for the whole water in the bay to renew itself.
4.4 Current field
The tidal current ellipses are analyzed in this section for
quantitative evaluation of the model performance and also
understanding of the current pattern for the SCB. The numerical study shows that the tidal current ellipse majoraxis ratio
in the SCB is between 0.042° and 0.38°, which is less than 0.5°
and indicates that the type of the tidal current is the normal
semidiurnal tide. The motion mode of M2—the main semidiurnal tidal constituent represents the main motion mode in this

area. The simulated elliptical parameters of M2 tidal constituent
show that the K of M2 tidal constituent current is between 0.001
and 0.139. That indicates that the rotation property of the tidal
current in the SCB is very weak, and the tidal current is mainly
the reversing current. Figures 8 and 9 show the calculated tidal
current field in the half tide during flood and ebb respectively
in the study area.
Figure 8 is the calculated current field of half tide during
flood. At that time, the seawater flows along the bank from
outside to inside. The current velocity in the mid-line of the
sea-route is faster than the current velocity near the side of
the bank. The minimum velocity in the sea-route appears near
LJ, which is about 30 cm/s, because the topography becomes
deeper, while the maximum velocity appears near HMY, which
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Fig. 9. Distribution of surface tidal current field (half tide during ebb) (a) and distribution of bottom tidal current field (half tide
during ebb) (b).

reaches 120 cm/s, because the boundary becomes narrower.
Figure 9 shows the calculated current field of half tide during
ebb. At that time, the seawater flows along the bank from inside
to outside. The current velocity in the mid-line of the sea-route
is faster than the current velocity near the side of the bank. The
minimum velocity in the sea-route appears near HMY is about
70 cm/s, while the maximum velocity reaches 110 cm/s as the
bathymetry becomes shallower. Generally, the current velocity
during ebb is obviously larger than that during flood almost everywhere except HMY area.
4.5 Cross-section circulation
Figure 10 shows the cross-section circulation of the BCM
during flood and ebb. The vertical distribution of the flood
process is diminishing from the surface to the bottom, which
is consistent with the ebb process. The maximum flow velocity
is almost the same, which is about 1.25 m/s. However, the horizontal distribution is adverse. The maximum velocity is found
in the southern part, on the contrast, is in the middle part.
5 Conclusions
On the basis of numerical study of the circulation and the

tide in the SCB using the FVCOM, an extensive study of the hydrodynamic condition is performed. The main conclusions are
as following.
(1) The motion mode of M2: the main semidiurnal tidal constituent represents the main motion mode in the SCB. Tidal
waves spread from the inlet to the interior of the SCB and the
time of climax delays for about 40 min. The amplitude of tidal
wave increases gradually when the tidal wave enters the SCB
from the open sea. When the tidal wave meets the islands in the
SCB, the tidal wave rotates.
(2) The direction of the main tidal current is along the SCB's
bank and the tidal current is mainly the reversing current. The
current during ebb is larger than that during flood almost everywhere, except for the HMY area. Owing to the topography
and boundary influences, a strong-current zone appears in the
HMY counter fort area. The maximum tidal current velocity in
the surface reaches 110 cm/s.
(3) The velocity of a tidal-induced residual current is large,
and changes slightly in the vertical direction. In the surrounding
of cape, there are always two symmetrical eddies, also known as
cap effect where one rotates anticlockwise and the other rotates
clockwise, because of the nonlinear effect.
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Fig. 10. Distribution of cross-section circulation during flood (a) and distribution of cross-section circulation during ebb (b).
(4) The daily water exchange rate is calculated as 1.9% in the
SCB. Without other pollutant considered, 57% of the pollutant
in the SCB can be transported to the open sea after 30 d by the
tidal residual current and diffusion effect. In other words, it will
take 53 d for the whole water in the bay to renew itself.
The SCB is complex and difficult for the numerical simulation. Our work is the first successful attempt for systematically
simulating the circulation and the tide in the SCB. By the way of
the numerical simulation, the tidal wave system, the tidal residual current, the dye diffusion distribution and the current field
are detailed analyzed for the SCB. We found that the cape effect because of the nonlinear effect is obvious and important in
the SCB. The SCB could renew itself by the tidal diffusion effect
fleetly at present. These results provide some scientific basics
for the future study.
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Abstract
The results on the uniaxial compressive strength of Arctic summer sea ice are presented based on the samples collected during the fifth Chinese National Arctic Research Expedition in 2012 (CHINARE-2012). Experimental studies were carried out at different testing temperatures (−3, −6 and −9°C), and vertical samples
were loaded at stress rates ranging from 0.001 to 1 MPa/s. The temperature, density, and salinity of the ice
were measured to calculate the total porosity of the ice. In order to study the effects of the total porosity and
the density on the uniaxial compressive strength, the measured strengths for a narrow range of stress rates
from 0.01 to 0.03 MPa/s were analyzed. The results show that the uniaxial compressive strength decreases
linearly with increasing total porosity, and when the density was lower than 0.86 g/cm3, the uniaxial compressive strength increases in a power-law manner with density. The uniaxial compressive behavior of the
Arctic summer sea ice is sensitive to the loading rate, and the peak uniaxial compressive strength is reached
in the brittle-ductile transition range. The dependence of the strength on the temperature shows that the
calculated average strength in the brittle-ductile transition range, which was considered as the peak uniaxial
compressive strength, increases steadily in the temperature range from −3 to −9°C.
Key words: Arctic sea ice, compressive strength, porosity, density, temperature
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1 Introduction
The Arctic climate has been changing rapidly over the past
few decades; the Arctic sea ice has undergone dramatic changes
in recent years, with considerable thinning of the ice pack (Rodrigues, 2008; Zhang et al., 2008; Comiso et al., 2008). From 1953
to 2006, the extent of the Arctic sea ice at the end of the summer
melt season in September has declined at a rate of −7.8% per
decade (Stroeve et al., 2007). Previous studies have suggested
that a summer ice-free Arctic Ocean would be likely before 2050
(Holland et al., 2006). With the rapid changes in the Arctic sea
ice, the Northern Sea Route has opened up as a possible avenue of trade for containerized products between Asia and Europe (Verny and Grigentin, 2009; Liu and Kronbak, 2010). The
presence of sea ice is clearly the main factor contributing to the
safety of the navigation of ships in the Arctic Ocean, and so the
engineering properties of sea ice are important for ships and
ice-resistant structures.
The most important mechanical properties of ice are the
tensile, flexural, shear, and compressive strengths, the borehole
strength, the failure envelope, the creep properties, the elastic
and strain moduli, and Poisson's ratio (Timco and Weeks, 2010).
The formation of large compressive pressure ridges involves
the compressive properties. Small-scale compressive failures
can occur when an icebreaker is working on ice and floating

ice cover is in contact with resistant structures. Because of the
importance of the compressive properties in providing design
data pertinent to the problem of ice forces on offshore structures, many investigators (Sinha, 1984; Eicken et al., 1991; Kondo et al., 2004; Moslet, 2007; Li et al., 2011) have measured the
compressive strength of sea ice. Sea ice is a multiphase material
and is not solid throughout; it contains liquid brine inclusions,
solid salts, microalgae, trace elements, gases, and other impurities, which all exist in the interstices of a porous, solid ice matrix
(Hunke et al., 2011). The compressive properties of sea ice may
depend on the temperature, the salinity, the grain size, the crystal structure, and the density.
In addition to these factors, the loading rate also affects the
brittle and viscoelastic failure mechanisms of ice. Many investigators have conducted compression tests to understand the
ductile and brittle behavior of the sea ice (Moslet, 2007; Sodhi
et al., 1998). Schulson (2001) presented a theoretical model for
the ductile-to-brittle transition strain rate and found that the
compressive strength of ice reached a maximum in the range of
the brittle-ductile transition. Jones (1997) studied the compressive strength of freshwater ice and “Baltic” sea ice in the strain
rate range of 10−1 to 101 s−1 at −11°C, and found that the compressive strength increased with the strain rate for both types of
ice. However, the strain rate range of 10−1 to 101 s−1 is not suffi-
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cient for a comprehensive study of the relationship between the
strain rate and the compressive strength. Li et al. (2011) reported the effects of porosity on the uniaxial compressive strength
of sea ice in the Bohai Sea, where the samples were loaded along
the direction parallel to the ice surface at different test temperatures (−4, −7, −10, −13 and −16°C) and at the strain rates ranging from 10−6 to 10−2 s−1, within which the ductile region, the
ductile–brittle transition, and the brittle region are contained.
The results support the curved-surface relationship between
the uniaxial compressive strength and the porosity over a wide
range of the strain rate. Timco and Frederking (1990) reviewed
the compressive properties of a first-year sea ice. The information provided in that review includes the temperature, the salinity of the ice, the bulk density, the grain structure, the loading
direction, the number of tests, the test results, and the investigators. These authors derived equations relating the uniaxial
compressive strength of a sea ice explicitly to the loading strain
rate and the total porosity for several different grain structures.
Moslet (2007) performed a series of tests on a columnar sea ice
conducted in the field at Svalbard, Norway. These tests show
that the relationship between the strengths of horizontal and
vertical samples does not seem to be constant, but rather is dependent on the temperature.
In the study presented here, we investigated the uniaxial compressive properties of samples of Arctic summer sea
ice that were collected at six short-term ice stations during
the fifth Chinese National Arctic Research Expedition in 2012
(CHINARE-2012). The dependence of the uniaxial compressive
strength on a number of parameters, including physical indices
(porosity and density) of the ice, the loading rate (stress rate),
and the temperature, are discussed in this paper.
2 Data and observations
2.1 Sampling
During the expedition, six short-term (|2 h) ice stations were
set up, as shown in Fig. 1. All of the short-term ice stations were
set up on medium or vast ﬂoes. In order to study the regional
differences in the uniaxial compressive properties of the sea ice,
specimens for mechanical testing were sampled with a Kovacs
drill (Kovacs Enterprise, Roseburg, OR, USA) with a corer 9 cm
in diameter at each of these ice stations. The specimens were
collected as full-length ice cores. Temperature and salinity measurements were obtained from one core, and another core was
used for density measurements and crystal structure analysis.
The temperature of the sea ice was measured immediately af-
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Fig.1. The cruise track of CHINARE-2012 (solid line)
and the six short-term ice stations (triangles).

ter the ice core was removed from the ice cover. A Pt100 needle probe with an accuracy of ±0.1°C was used to measure the
temperature in holes drilled into the side of the core at 5 cm
intervals. Following this, the core was cut lengthwise to obtain
vertical sections 5–10 cm thick and sealed in plastic boxes, to be
used for the salinity measurements.
2.2 Experimental method and results
All of the specimens were labeled and stored in a cold laboratory (−15˚C) on board the RV Xuelong. Before strength testing,
one core was cut lengthwise to obtain vertical sections 5–10 cm
thick for the density measurements and the crystal structure
analysis. The density of the ice was measured using a volume
method. After the density measurements, the thick vertical
sections were cut into two layers with a sawing machine for
the crystal structure analysis. The vertical sections were cut to
a thickness of 0.5–0.2 mm and placed on a universal stage to
observe the crystal structure between crossed polarizing ﬁlters.
The salinity was measured with an SYA2-2 salinometer with a
precision of 0.005×10−3 after the ice samples were melted.
The temperature, salinity, and density of the sea ice at the six
short-term stations are shown in Fig. 2. The Arctic sea ice has a
relatively low salinity and density during the summer, and the
temperature of the ice was relatively high at all six stations. The
temperature of the ice decreased slightly with depth except for
the top 0–20 cm layer, where the temperature was influenced
by a solar radiation and the air temperature; the temperature of
the sea ice approached −0.2°C at the top and about −1.6°C at the
bottom. Huang et al. (2013) studied the physical structure of the
Arctic sea ice during the summer of 2010; the results showed ice
temperatures in a range from −0.2 to −1.4°C, which were warmer than the freezing point of the local upper seawater. As the
sea ice warmed, its structure disintegrated, allowing individual
brine pockets to reconnect. The melt water and brine migrated,
leading to a relatively low salinity in the uppermost ice layers
at all the stations, and the salinity of the ice increased slightly
with depth. For example, in the ice core collected at Sta. 2, the
salinity was relatively small (<0.22) from the top to a depth of 80
cm, and the salinity at the bottom was 1.65. In a previous study
(Vancoppenolle, Fichefet and Goosse, 2009), it was shown that
the salinity of the Arctic sea ice had a large-amplitude seasonal cycle with an average amplitude of 2.00, characterized by a
maximum in winter and a minimum in summer.
The crystal structure of the sea ice is relatively complex and
is influenced by thermodynamic and kinetic factors (current,
waves, and wind) during the process of formation. The sea ice
usually consists of a congelation ice, a frazil ice, and snow. The
congelation ice can be divided into granular and columnar ice
in accordance with differences in the ice crystals. The granular
ice can be considered as an isotropic material, and the columnar ice as anisotropic. As shown in Fig. 3, a thin granular ice layer occurred at the top of the ice core at Stas 1–5, and at Sta. 6 the
granular ice layer reached a thickness of 80 cm. In most of the
ice cores, there was a transition layer between the top granular ice layer and the lower columnar ice layer, but Sta. 4 was an
exception. At Sta. 4, the ice crystal structure was relatively complex in that an inclined layer occurred between two granular
ice layers, which was influenced by the effect of kinetic factors
during the process of formation.
On the basis of the crystal structure analysis, ice specimens 9
cm in diameter in cross section and 20 cm in length were cut for
mechanical tests. The mechanical-testing specimens were cut
from the transition layer and the columnar ice layer; the thin
granular ice layer at the top of the ice core was cut off. The spec-
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Fig.2. Vertical profiles of field temperature, salinity, and density of ice cores. The origin of the y-axis refers to the ice surface.

imens from Stas 1, 4 and 5 were measured at a temperature of
−3°C, and those from Stas 2, 3 and 6 were measured at temperatures of −3, −6 and −9°C. There was a thermal equilibration process before the mechanical tests. The specimens were put into a
low-temperature cabinet with a precision of 0.1°C, and the storage time was over 24 h to ensure that the inside and outside of
the specimen had a consistent temperature. The upper platen
was attached to a hydraulic actuator (100 kN capacity) to provide a pressure for the tests. A PPM226-LS2-1 load sensor was
used to measure the force; the maximum capacity of this sensor
was 50 kN, with a linearity of 0.2%. An LM10 microlaser sensor
was used to measure the deflection of the loading point. The
range of measurement was 130 mm, the linearity was 0.2%, and
the resolution was 0.02 mm. The uniaxial compressive strength
ıc was calculated from the equation

σc =

P
,
A

(1)

where P is the applied load; and A is the initial cross-sectional
area to which it is applied.
The mechanical properties of ice are sensitive to the strain
rate, and previous investigations (Schwarz et al., 1981) have
shown an appreciable dependence of the strength on the strain
rate. Figure 4 shows stress-strain curves at different strain rates
measured in tests at a temperature of −6°C. The results show
that the uniaxial compressive strength is not the same at different strain rates; increasing the strain rate can either increase
or decrease the uniaxial compressive strength. A previous study
(Li et al., 2011) showed that the uniaxial compressive strength
of the sea ice depends on many parameters, such as the temperature, the porosity, and the strain rate. The porosity of the ice
consists of both air and brine and depends on the temperature,
the salinity, and the density (Cox and Weeks, 1983), so that the
effects of three physical-evaluation indices (temperature, salinity, and density) on the uniaxial compressive strength of the sea
ice need to be quantitatively analyzed.
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Fig.3. Sequence of vertical thin sections, photographed in natural light and polarized light (a), and textural structures of sea ice
cover at the six short-term stations (b). The origin of the y-axis refers to the ice surface.

3 Test results and discussion
3.1 Relationship between uniaxial compressive strength and
physical indices
Cox and Weeks (1983) developed an equation to estimate the
porosity of ice based on the salinity, the density, and the temperature in a temperature range from −2 to −30°C. However, the
temperature of the ice cores in the present study was warmer
than −2°C: it approached −0.2°C at the top and about −1.6°C at
the bottom for all six short-term ice stations. So, this equation
is not suitable for calculating the porosity here. Leppäranta and
Manninen (1988) revised the work of Cox and Weeks (1983) by
extending the equation up to 0°C so that it could be used to determine the brine and gas contents of the sea ice at high temperatures (0 to −2°C) and low salinities, as shown in the follow-

ing equations:

ν = ν a +ν b ,

(2)

ρ Si
,
F1 (θ )

(3)

νb =

νa = 1−

F (θ )
ρ
+ ρ Si 2
,
F1 (θ )
ρi

(4)

F1 (θ ) = −4.1221× 10−2 − 1.840 7 × 101θ −
5.840 2 × 10−1θ 2 + 2.145 4 × 10−1θ 3 ,

(5)
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F2 (θ ) = 9.031 2 × 10−2 − 1.6111× 10−2 θ +

Compressive strength/MPa

6

0.01

2
1

ρi = 0.917 − 1.403 × 10−4 θ ,

(7)

6

(8)

Moslet (2007) performed a series of tests on the columnar sea
ice that gave the following recommended equation for the uniaxial compressive strength of the sea ice tested at a nominal
strain rate of 10−3 s−1:
2

⎡ ⎛ ν ⎞0.5 ⎤
σ c = 24 ⎢1 − ⎜
⎟ ⎥ ,
⎢⎣ ⎝ 0.7 ⎠ ⎥⎦

(9)

predictions based on Eq. (8) suggest that sea ice will lose its
bearing capacity when the total porosity increases above
198×10−3. However, Eq. (9) shows that sea ice has a substantial
compressive strength at higher porosities, in contrast to what
was suggested by Timco and Frederking (1990). As can be seen

r2 = 0.501 1

3

0
100

σ c = 34.1 − 76.6ν 0.5 .

σc = −0.015 3v + 4.988 3

4

(6)

where Ȟ is the total porosity; Ȟa is the volume ratio of gas; Ȟb is
the volume ratio of brine; ȡi is the density of pure ice (g/cm3); ȡ
is the density of the ice specimen (g/cm3); Si is the salinity of the
specimen; and ș is the temperature (°C) of the specimen.
The density of each mechanical-testing sample was measured before the test and ice fragments were collected after
failure of the specimen for the salinity measurement. The field
temperatures of the ice cores were used to estimate the porosity.
On the basis of the three physical-evaluation indices (temperature, salinity, and density), Eqs (2)–(7) were used to determine
the total porosity of each sample. In order to study the effects
of the total porosity on the uniaxial compressive strength, the
measured strengths for a narrow range of stress rates from 0.01
to 0.03 MPa/s were selected for analysis. Figure 5 shows the relationship between the uniaxial compressive strength and the
total porosity at a temperature of −3°C. As the total porosity
increases, the uniaxial compressive strength decreases linearly.
Timco and Frederking (1990) proposed an equation to estimate the compressive strength of vertically loaded columnar
ice based on the total porosity. The form of this equation was
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Compressive strength/MPa

0

150

200
250
Porosity/10−3

300

350

Sta. 5

σc = −0.020 5v + 7.503 6

5

r2 = 0.437 9

4
3
2
1
0
100

150

200
250
Porosity/10−3

300

350

Fig.5. Uniaxial compressive strength of sea ice as a
function of total porosity, at a temperature of −3°C and
stress rates from 0.01 to 0.03 MPa/s. The specimens were
collected at Stas 1, 4 and 5, as indicated.

in Fig. 5, the total porosity of the sea ice in our measurements
lies in an interval of about 150×10−3–330×10−3. We infer that
Eq. (8) is not suitable for evaluating the uniaxial compressive
strength of the Arctic summer sea ice. Our results show that the
uniaxial compressive strength is greatly reduced when the total
porosity is increased to about 300×10−3.
Previous studies (Timco and Weeks, 2010; Moslet, 2007) have
generally focused on the effect of the total porosity on the uniaxial compressive strength of the sea ice. The density, salinity,
and temperature of the ice must be known for the calculation of
the porosity. It is relatively tedious work to determine the porosity of the sea ice. The density is used to describe the quantity of
material per unit volume. The density of the sea ice is affected
by the temperature and the total porosity. Relatively speaking,
the total porosity plays an important role in the density, especially in the case of the Arctic sea ice during the summer, which
has a relatively low salinity and a high temperature. The density
has an inverse relationship to the total porosity, meaning that a
high density corresponds with a low porosity and a low density
to a high porosity. As shown in Fig. 2, the density ranged from
0.62 to 0.88 g/cm3 at Stas 1 and 5. These results are supported by
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3.2 Effects of stress rate and temperature on uniaxial compressive strength
The compressive properties of the sea ice are sensitive to
the loading rate and the temperature. Therefore, several review
articles have been written to summarize the loading-rate-sensitive properties of ice (Sinha, 1982, 1988; Cole, 1987; Dutta et al.,
2003; Yue et al., 2005). Sea ice is a viscoelastic material (Sjölind,
1987); failure occurs mainly in a ductile or brittle mode, and
the ductile-to-brittle transition depends on the temperature
and microstructure of the ice, as well as on the state of stress
(Dutta et al., 2003). Figure 7 shows comparative results for the
uniaxial compressive strength of the Arctic summer sea ice tested at different temperatures (−3, −6 and −9°C). The ice shows
ductile behavior at low stress rates, and brittle behavior at
high stress rates. In the brittle range, the uniaxial compressive
strength decreases with increasing stress rate; however, the results are completely opposite in the ductile range. The uniaxial
compressive strength reaches high values in the range of the
brittle-ductile transition. It shows similar behavior at different
testing temperatures. The brittle-ductile transition occurs in a
narrow range of the stress rates; this range does not show a regular variation with the temperature. For Stas 2 and 3, the transition region is relatively stable at different temperatures (−3,
−6 and −9°C). However, for Sta. 6, the transition region changes
greatly as the temperature decreases. The transition region here
is between stress rates of 0.005 and 0.025 MPa/s at −3°C. With
decreasing ice temperature, the transition region migrates to
higher stress rates, in a range of 0.06 to 0.15 MPa/s at −6°C and
0.10 to 0.25 MPa/s at −9°C. In the low-temperature region, as
shown for −6 and −9°C, the uniaxial compressive strength decreases rapidly with increasing stress rate in the brittle range.
The calculated average strength in the brittle-ductile transition range was considered as the peak uniaxial compressive
strength. From the trends observed in Fig. 7, it can be seen that
the peak uniaxial compressive strength increases steadily as the
temperature decreases. Li et al. (2011) introduced an equation
to estimate the peak uniaxial compressive strength of the sea ice
based on the ice temperature. They found that the peak uniaxial compressive strength increased steadily according to a logarithmic relationship over a temperature range from −4 to −16°C.
As reported by Kermani et al. (2007), the compressive strength
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the findings of Huang et al. (2013), who found that the average
density of the Arctic summer sea ice above the water level was
(0.768±0.052) g/cm3, and that of the ice below the water level
was (0.842±0.072) g/cm3. Timco and Frederking (1996) also reported that the density varied over a wide range, from 0.72 to
0.94 g/cm3.
The uniaxial compressive strength of the sea ice can be expected to show some response to changes in the density of the
ice over a wide range. We explored the relation between the
uniaxial compressive strength and density of the sea ice. There
is clearly (Fig. 6) an effect of a decrease in strength when the
density decreases at a temperature of −3°C at stress rates between 0.01 and 0.03 MPa/s. When the density is lower than 0.86
g/cm3, the uniaxial compressive strength increases in a power-law manner with density. When the density increases above
0.86 g/cm3, the uniaxial compressive strength is essentially constant at 4.75 MPa for Sta. 1, 3.92 MPa for Sta. 4 and 5.10 MPa for
Sta. 5. This shows that the effect of the density on the uniaxial
compressive strength tends to be weak between 0.86 and 0.91
g/cm3. In the lower-density region, the uniaxial compressive
strength is greatly reduced and, essentially, is less than 1 MPa
when the density is lower than 0.70 g/cm3.
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Fig.6. Relation between uniaxial compressive strength
and density at a temperature of −3°C and stress rates
from 0.01 to 0.03 MPa/s. The specimens were collected
at Stas 1, 4 and 5, as shown. The solid line shows the power-law regression of the uniaxial compressive strength
versus density obtained with a least-squares method,
and the dotted line shows the upper limits of the uniaxial compressive strength under the test conditions.

of an atmospheric ice also increases with decreasing testing
temperature. As shown in Fig. 7, for Sta. 6, the peak uniaxial
compressive strength of the Arctic summer sea ice was found to
be 2.84 MPa at a testing temperature of −3°C. At a testing temperature of −6°C, there was a 45% increase in the peak uniaxial
compressive strength relative to −3°C; the value was found to
be 4.11 MPa. At a testing temperature of −9°C, the peak uniaxial
compressive strength was 4.98 MPa. The compressive strength
of the sea ice depends on the microstructure. Although the sea
ice was in the melting phase at all of the stations investigated,
the uniaxial compressive strength still showed differences due
to the influence of the microstructure.
4 Conclusions
During the CHINARE-2012 cruise, the icebreaker R/V Xuelong sailed though the Northern Sea Route for the first time, and
we studied the physical and uniaxial compressive properties of
the Arctic summer sea ice during this expedition. The results
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Fig.7. Uniaxial compressive strength of Arctic summer sea ice tested at different temperatures (−3, −6 and −9°C).

showed the following.
(1) The Arctic summer sea ice had a relatively low salinity
and density, and a relatively high temperature. At all of the six
short-term ice stations used, there was a relatively low salinity
in the uppermost ice layers, and the salinity of the ice increased
slightly with depth. The temperature of the sea ice decreased
slightly with depth except in the top 0–20 cm layer; the sea ice
temperature was in a range from −0.2 to −1.6°C.
(2) The porosity can be used as a comprehensive physical-evaluation index for estimating the uniaxial compressive
strength. The total porosity of the sea ice was in an interval of
about 150×10−3–330×10−3. We studied the effects of the total
porosity on the uniaxial compressive strength at a temperature
of −3°C, and found that the uniaxial compressive strength decreased linearly with an increase in the total porosity. The density of the ice has an inverse relationship with the total porosity,
so the density can be used to estimate the uniaxial compressive
strength. When the density was lower than 0.86 g/cm3, the uniaxial compressive strength increased in a power-law manner
with the density. The uniaxial compressive strength reached a
stable value when the ice density was above 0.86 g/cm3, and
was greatly reduced and essentially less than 1 MPa when the
density was lower than 0.70 g/cm3.
(3) The compressive properties of the sea ice are sensitive to

the loading rate and the temperature. The Arctic summer sea
ice shows ductile behavior at low stress rates and brittle behavior at high stress rates. When the loading rate is in the range of
the brittle-ductile transition, the ice reaches its peak uniaxial
compressive strength. The peak uniaxial compressive strength
increases steadily as the ice temperature decreases.
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Abstract
Profiles of tidal current and suspended sediment concentration (SSC) were measured in the North Branch
of the Changjiang Estuary from neap tide to spring tide in April 2010. The measurement data were analyzed
to determine the characteristics of intratidal and neap-spring variations of SSC and suspended sediment
transport. Modulated by tidal range and current speed, the tidal mean SSC increased from 0.5 kg/m3 in
neap tide to 3.5 kg/m3 in spring tide. The intratidal variation of the depth-mean SSC can be summarized
into three types: V-shape variation in neap tide, M-shape and mixed M-V shape variation in medium and
spring tides. The occurrence of these variation types is controlled by the relative intensity and interaction of
resuspension, settling and impact of water exchange from the rise and fall of tide. In neap tide the V-shape
variation is mainly due to the dominant effect of the water exchange from the rise and fall of tide. During
medium and spring tides, resuspension and settling processes become dominant. The interactions of these
processes, together with the sustained high ebb current and shorter duration of low-tide slack, are responsible for the M-shape and M-V shape SSC variation. Weakly consolidated mud and high current speed cause
significant resuspension and remarkable flood and ebb SSC peaks. Settling occurs at the slack water periods
to cause SSC troughs and formation of a thin fluff layer on the bed. Fluxes of water and suspended sediment
averaged over the neap-spring cycle are all seawards, but the magnitude and direction of tidal net sediment
flux is highly variable.
Key words: suspended sediment concentration, intratidal and neap-spring variation, impact of water
exchange, resuspension, settling, Changjiang (Yangtze River) Estuary
Citation: Li Zhanhai, Li Michael Z, Dai Zhijun, Zhao Fangfang, Li Jiufa. 2015. Intratidal and neap-spring variations of suspended
sediment concentrations and sediment transport processes in the North Branch of the Changjiang Estuary. Acta Oceanologica
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1 Introduction
Suspended sediment concentration (SSC) in estuaries plays
an important role in the evolution of local geomorphology,
land-ocean interaction, maintenance of turbidity maximum
zone, dredging of navigational channel and transport of pollutants. Due to the important scientific and engineering implication, the characteristics of the temporal variation of SSC
have been studied in many estuaries of the world such as the
Mandovi and Zuari Estuaries (Rao et al., 2011), the Tamar Estuary (Grabemann et al., 1997; Tattersall et al., 2003), the Weser Estuary (Grabemann and Krause, 2001), the Elbe Estuaries
(Grabemann et al., 1995), the Ems-Dollard estuary (Van de
Kreeke et al., 1997; Ridderinkhof et al., 2000) and the Trent Estuary (Mitchell et al., 2003).
Previous studies reveal that estuarine SSC varies at different time scales, ranging from seconds to years (Fettweis et
al., 1998; Grabemann and Krause, 2001; Schoellhamer, 2002;
Patchineelam and Kjerfve, 2004; Cook et al., 2007). Seasonal
and annual variations are mainly determined by river runoff,
wave climate and climate change (Fettweis et al., 1998; Uncles

et al., 2006a). The intratidal and neap-spring variations of estuarine SSC are highly dependent on the tidal current speed,
sediment resuspension and settling processes (e.g., Grabemann and Krause, 2001; Chen et al., 2006; Shi, 2010). Resuspension can increase the SSC level during high velocity period, the
magnitude of which is highly related to the strength of current
velocity, sediment consolidation and availability (Dyer, 1986;
Velegrakis et al., 1997; Whitehouse et al., 2000; Scully and Friedrichs, 2007). Settling process can decrease SSC level during the
slack water period and form new deposited sediment on the
bed (Cook et al., 2007; Grabemann and Krause, 2001; Uncles et
al., 1994). Flocculation and flocs settling usually play important roles on settling process because estuarine suspended sediments are mainly composed of fine cohesive particles (Gibbs,
1985; Dyer and Manning, 1999; Shi and Zhou, 2004; Xia et al.,
2004). Although resuspension and settling are established as the
main processes affecting the intratidal variation of SSC, studies examining the detailed temporal variation of SSC and how
this variation is determined by the interplay of current speed,
resuspension, settling, and bed sediment condition are limited.
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Due to the influence by the regional geomorphology, hydrodynamics and sediment dynamics conditions, the variations
of SSC are complex and have different features, processes and
mechanisms in different estuaries. Thus studies of sediment
resuspension and suspended sediment dynamics in estuaries
with different characteristics are still needed.
The Changjiang Estuary is a globally important estuary because of its high water and sediment discharges, construction
of up-stream dams, dense population around the estuary, and
its enormous influence on the economy of China. Many studies have been carried out on sediment dynamics mainly in the
North and South Passages of the Changjiang Estuary (Fig. 1),
including formation and maintenance of turbidity maximum,
occurrence of fluid mud, qualitative correlation between SSC
and resuspension, and floc settling within turbidity maxima
(e.g., Li and Chen, 1998; Li et al., 2001; Shi, 2004; Shi and Zhou,
2004; Shi et al., 2006; Shi, 2010). However, continuous SSC measurements long enough to cover a neap-spring cycle are rare
in the Changjiang Estuary. The North Branch is an important
channel of the Changjiang Estuary (Fig. 1). The funnel-shape,
shallow water, strong tidal currents and high SSC distinguish it
from most other parts of the Changjiang Estuary. However, little
attention has been given to the North Branch in past research.
Even the basic understanding of the temporal variation pattern
of SSC and the associated mechanisms is lacking (Chen et al.,
2006). Owing to the shallow depth and large tidal range in the
mesotidal North Branch, large amount of water enters and exits
the North Branch in each tidal cycle. The influence of such huge
water exchange on the variation of SSC in the North Branch is
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Fig. 1. Map showing the study area of the North Branch
of the Changjiang Estuary and the location of the measurement station.

unclear.
Continuous measurement of current velocity and SSC profiles from neap tide to spring tide were carried out in the main
channel of the North Branch in April 2010. Through analyses
and interpretation of the measurement data, this study addresses the following scientific issues: (1) what are the intratidal and
neap-spring variation patterns of SSC; (2) how does the large
water volume exchange from the rise and fall of tide impact SSC;
(3) how do current speed, resuspension, settling, and bottom
sediment texture interplay to determine the SSC variation, and
(4) what is the magnitude and direction of the suspended load
flux in the North Branch. This study will broaden our understanding of tidal and sediment dynamics processes in estuaries.

The continuous measurements of velocity and SSC profiles also
form valuable field data for calibrating estuarine models, and
contribute to understanding regional variations of currents and
SSC in the North Branch. The results on SSC variations, tidal
current process, and suspended load flux should be useful for
estuarine scientists, engineers and environmental managers
to study oceanographic and biological processes, predict sediment and pollutant transport, manage channel dredging, assess
and predict water quality in the Changjiang Estuary.
2 Study area
The Changjiang Estuary is the largest estuary in China,
which has three bifurcations and four outlets (Fig. 1). The North
Branch is an important channel of the Changjiang Estuary. It
is 83 km long, and is typically funnel-shaped with about 12 km
width at the mouth and 2.5 km width at the head. The North
Branch is a semidiurnal, mesotidal estuary with a mean tidal
range of 3.1 m at Santiaogang (Cao et al., 2003). Affected by the
transformation of tidal wave, the tidal range increases from the
estuary mouth to Santiaogang. Current speed and SSC during
spring tides are generally higher than those in neap tides. The
maximum current speed in spring tide is more than 3.0 m/s and
the maximum SSC is 80 kg/m3 (Qu, 2010). Due to the strong
current velocity and the intensive movement of fine sediments,
the fluid mud often appears in the main channel of the North
Branch.
The annual water discharge of the Changjiang River is
2.9×104 m3/s, and about 3%–5% of this goes through the North
Branch (Cao et al., 2003). Influenced by river discharge, the direction of the net water transportation is seaward in the North
Branch. Sediment samples collected in a 2007 survey (Min et
al., 2010) show that sediments in the main channel in the lower
half of the North Branch are generally fine grained with mean
grain sizes from 8 to 32 μm. Sediments in the upstream half are
coarser with mean grain sizes of 32–63 μm.
3 Method
The SSC and current speeds were measured at a fixed location in the middle region of the North Branch for 12 tidal cycles from neap tide to spring tide from April 24 to 30, 2010. The
measurement station is located in the main channel near the
Santiaogang (Fig. 1). The current speed was measured using a
shipboard acoustic Doppler current profiler (ADCP 600 kHz)
with 1 min time interval and 30 cm vertical resolution. Water
samples were collected hourly at 0.0H, 0.2H, 0.4H, 0.6H, 0.8H
and 1.0H (H denotes the total water depth) using a horizontal
steel tube. The SSC was obtained by filtering water samples in
the laboratory. In order to investigate the general variation of
SSC, the analysis was focused on the depth averaged SSC and
current speed calculated by averaging the data through the water column.
Bed sediments were collected at the measurement station
using a box corer during the low-slack water period between
the ninth and tenth tidal cycles when current velocity was less
than 30 cm/s. The median grain size of bed sediments was obtained by the laboratory analysis of the bed sediment samples
using a Malvern Mastersizer 2000. Additionally, the grain sizes
of suspended sediments were also analyzed in the laboratory
based on the water samples collected at the station during the
study period.
In order to evaluate the impact of river runoff on SSC in the
North Branch, water samples were collected daily at 0.0H, 0.5H
and 1.0H during the measurement period at Jiangyin in the up-
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per stream of Changjiang River, about 150 km away from the
measurement station. The mean SSC at Jiangyin was only 0.09
kg/m3 due to the negligible tidal effect, which was only 1/22 of
the mean SSC in the North Branch.
4 Results
4.1 Characteristics of tidal elevation, current speed and direction
Time series of tidal elevation, current speed and direction
during the measurement period are presented in Fig. 2 for 12
tidal cycles in April 2010. The time series was about 7 d but included the end of neap tide, medium tide and the start of spring
tide condition. The North Branch is characterized by the big tidal range and the shallow water depth. During the study period,
the tidal range increases from 2.5 m in neap tide, to 4.8 m in
spring tide, with a mean value of 3.9 m (Fig. 3a). The mean water
depth at the station is only 6.7 m.
The tidal currents are strong in the North Branch, with a
maximum surface current of 2.6 m/s. The directions of the tidal currents are approximately parallel with the axis of the main
channel of the North Branch. During a tidal cycle, there are two
remarkable speed peaks appearing at the middle stages of flood
and ebb respectively. The difference between flood peaks and
ebb peaks is noticeable. In most tidal cycles, the flood peak
is generally higher than the ebb peak. The maximum depthmean flood current reaches nearly 2.0 m/s, while the maximum
depth-mean ebb current is about 1.5 m/s (Fig. 2). However, the
duration of flood is notably shorter than that of ebb due to the
impact of the river runoff. The minimum speed often occurs at
the reverse of the tidal current direction and lags behind the
highest and lowest water levels for 0.5 to 1.0 h (Fig. 2).
Phase asymmetry between the flood and the ebb is significant. The mean flood and ebb phases are 5.1 and 7.3 h respectively. Such asymmetry is mainly related to the river runoff
entering the North Branch, which can reduce the flood cur-

Depth/m

10.0

1

2

3

4

5

6

rent speed and shorten the flood phase, and vice versa for the
ebb. During the study period, the runoff of Changjiang River is
strong, with a mean rate of 3.9×104 m3/s (http://yu-zhu.vicp.
net/), and about 3%–5% of it flows into the North Branch (Cao
et al., 2003; Qu, 2010). Using the cross-section area at the measurement station, the mean current due to runoff was roughly
estimated to be 14–23 cm/s at the station. Over a flood-ebb cycle, the net water movement is seaward, with a mean water flux
of 2.6×104 m3/m at the station. The characteristics of current
speeds, phases and net water transport suggest that the North
Branch is ebb-dominated during the study period.
Current speed increases gradually from neap tide to spring
tide (Fig. 2). The tidal mean current speed increases from 0.75
m/s in neap tide to 1.27 m/s in spring tide (Fig. 3b). Statistical
results show a strong positive linear relationship between the
tidal mean current speed and the tidal range with an r-square
of 0.93 during the measurement period (Fig. 3d). This strong relationship suggests that the neap-spring variations of the tidal
current are largely due to the change of tide range in the North
Branch.
The vertical profile of velocity is variable during a tidal cycle. Under the peak flood and ebb conditions (when the surface
current is greater than 1.2 m/s), the relationship of decreasing
current speed with increasing depth is well established and the
profiles show a greater gradient (Fig. 4a). At the tidal reversals,
this relationship still exists but the velocity profiles tend to be
more variable with the reduced gradient (Fig. 4b).
4.2 Characteristics of bed sediments
Bed sediments collected at the measurement station reveal
that the surface sediment is a fluff layer with a thickness of 3 to
4 cm, and the sublayer is weakly-consolidated softmud with a
thickness greater than 30 cm. Limited by the height of the box
corer, the total thickness of the softmud layer was undetermined. Field examination of the box cores shows that the consolidation of the softmud layer is weak and varies slightly with
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cording to previous observations (Qu, 2010), the measurement
station is located at the central part of the turbidity maximum
zone. Therefore the SSC level was fairly high during the measurement period with a mean value of 2.0 kg/m3. The maximum
measured SSC in the bottom layer during medium tide was 8.4
kg/m3, indicating that fluid mud occurred in the North Branch.
Fluid mud is often observed in the Changjiang Estuary due to
the intensive sediment movement (Li et al., 2001).
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Fig. 4. Examples of velocity profiles for peak flood and
ebb conditions (a) and for tidal reversal conditions (b).
Relative depth is defined as measurement depth h normalized by the total depth H.
depth. Grain size analyses performed on the samples from the
fluff layer and the softmud reveal that the grain sizes of the two
layers are almost the same, with a median grain size of 8 μm. In
the study period the texture and physical property of the bed
sediments have an important influence on the resuspension
process and the SSC variation.
4.3 Temporal variation of SSC
Time series of SSC during the study period in the main
channel are presented in Fig. 2. Like many other estuaries in the
world (e.g., Wolanski et al., 1995; Hughes et al., 1998; Guezennec
et al., 1999), SSC in the North Branch exhibits strong intratidal
and neap-spring variations. The North Branch belongs to a high
turbidity area of the Changjiang Estuary (Chen et al., 2006). Ac-

4.3.1 Intratidal variation of SSC
In order to better illustrate the features of intratidal variation
and interpret the associated mechanisms, the variation of the
depth-mean SSC in a flood-ebb cycle is categorized into three
types according to the shape of the temporal SSC variation
(Fig. 2). The first type is V-shape variation that only occurred
during the neap tide (the first and second tidal cycles). The SSC
decreases gradually with the rise of the tidal elevation in flood
and increases gradually with the fall of the tidal elevation in ebb
to create a V-shape pattern (Cycles 1 and 2 in Figs 5a, b and c).
There is no correlation between the SSC peaks and the peaks
of current speed (Figs 5b and c). This variation type can also be
found in previous studies (Shi, 2010; Wang et al., 2012).
The second type is M-shape variation that predominantly occurred in medium tide (e.g., Cycle 7 in Figs 5d, e and f ).
During the early and middle flood stages, SSC increases gradually and reaches a peak when the flood current peaks. As the tide
approaches the high-tide slack, SSC decreases with the decrease
of the tidal current and reaches a minimum at high-water slack.
This process repeats during ebb so that the SSC variation forms
a M shape during a flood-ebb cycle (Cycle 7 in Fig. 5). There are
two peaks of SSC in each tidal cycle and they are correlated with
the peaks of the flood and ebb current respectively. Similar variation pattern can also be seen in other studies (Cook et al., 2007;
Ridderinkhof et al., 2000; Wang et al., 2013).
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The third type is the M-V shape variation that appears to
be the mixture of V-shape and M-shape variations and occurs
in both medium and spring tides (Fig. 2). For example, in the
eighth tidal cycle (Figs 5 d, e and f), the increase and decrease of
SSC correlate with the current speed during flood in the M-pattern variation, and SSC then increases during ebb in the V-pattern variation. The M-V shape variation can also be seen in the
work of Li et al. (2001).
The detailed description of intratidal variation of SSC is
sparse in the literature and the M and V letter characterization
has not been used in previous studies (e.g., Dyer, 1986). These
observed intratidal SSC variation patterns are dependent on the
inter-play of current speed, resuspension, settling, and water
exchange from the rise and fall of tide. These mechanisms are
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discussed in Section 5.
SSC generally increases from the water surface to the bottom layer (Fig. 6). Statistical results reveal that during the measurement period, the averaged profile of SSC in each tidal cycle
shows nearly linear distribution in the water column. The mean
SSC in the bottom layer is 2.4 times of that in the surface layer.
The temporal variation of the SSC profile, however, is complex
during the flood and ebb phases. The time series of the SSC profile of two tidal cycles for the medium tide in Fig. 6 show that
at the end of ebb (low-water slack, 07:00 of Fig. 6a), concentration and SSC profile gradient are both relatively low. As the
flood current starts to increase (08:00 of Fig. 6b), resuspension
of bottom sediment causes rapid increase of SSC in the bottom
layers and the profile gradient is dramatically increased. When
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Fig. 6. Vertical distribution of SSC in two flood-ebb cycles for medium tide condition. a. ebb of sixth cycle, b. flood of seventh cycle,
c. ebb of seventh cycle, and d. flood of eighth cycle. Relative depth is as defined in Fig. 4 and the lowest point was approximately 0.4
m above bottom. See current speed and mean SSC data in Fig. 2.
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flood current reaches its peak (09:00 and 10:00), vertical mixing
under strong currents advects suspended sediment from the
bottom layers to the surface so that SSC decreases close to the
bottom and increases in the upper water column, resulting in
the reduced profile gradient. As the end of the flood phase is approached (11:00 and 12:00), the decrease of current speed leads
to settling of suspended sediment and significant reduction of
SSC though the profile gradient is maintained. As the ebb flow
starts at 14:00 (Fig. 6c), bottom sediment erosion starts again
and this causes increase of SSC in the bottom layers. When ebb
current reaches the peak (15:00 and 16:00), SSC is increased
over the entire depth and the profile gradient becomes steep
again. Relatively high current speed is maintained in the late
ebb stage (17:00 and 18:00) and vertical mixing advects suspended sediment from the bottom layers towards the surface
layers. This causes decrease of SSC in the bottom layers and increase of SSC in the surface layers which leads to the decrease of
profile gradient. The increased resistance to erosion in the softmud sublayer of bottom sediment (see discussion in the later
section) may also contribute to this change. This profile pattern
is maintained when low-water slack is reached at 19:00 until the
start of next flood phase (20:00 and 21:00 of Fig. 6d) when the
increased flood current starts to erode the seabed again and the
entire process repeats itself.
4.3.2 Neap-spring tidal variation of SSC
Time series of the depth-mean SSC in Fig. 2 demonstrate
the significant variation of SSC over the neap-spring cycle. The
mean SSC was only 0.5 kg/m3 in neap tide and this value increased to 3.5 kg/m3 in spring tide. From neap tide to spring
tide, the variation of the tidal mean SSC can be divided into
three phases (Fig. 3c): (1) from the first to the fifth tidal cycles,
SSC increased rapidly from 0.5 kg/m3 to a high level of 2 kg/m3;
(2) from the fifth to the 11th tidal cycles, i.e., during the most
time of medium and spring tides, SSC fluctuated around 2.4 kg/
m3 within a small range; and (3) at the end of the measurement
(i.e., from the 11th to the 12th tidal cycles), SSC again increased
rapidly to 3.5 kg/m3 as the spring tide was reached.
Previous observations show that tidal range is an important
factor influencing the spring-neap variation of SSC in many estuaries (Uncles et al., 1994; Lindsay et al., 1996; Fettweis et al.,
1998; Grabemann and Krause, 2001). At the measurement station of this study, the tidal mean SSC clearly varies with tidal
range (Figs 3a and c) and a good linear positive relationship exists between them (Fig. 3e). This relationship suggests that the
increase of SSC over the neap-spring cycle in the main channel
of the North Branch is due to the increase of the tidal range.
4.4 Relationship between current speed and SSC in the study
period
The variations of SSC and current speed in Fig. 2 show that
the relationship between them is complicated. In the first two
tidal cycles (under neap tide), high SSC does not correlate with
high current speed (Fig. 5a). This reflects that the influence of
current speed on SSC is weak in neap tide. In the rest of the tidal cycles (medium and spring tides), the influence of current
velocity on SSC is pronounced. In most flood and ebb phases,
SSC forms a positive correlation with current speed so that two
SSC peaks occur in each tidal cycle and they generally coincide
with the peaks of current (Fig. 2). However, ebb current peaks
often are considerably wider and maximum SSC values sometimes occur towards the later part of the current peaks (e.g., Cycles 4 and 5). In most tidal cycles, SSC troughs generally occur
around the reverse of current direction, coinciding well with the

troughs of current velocity (Fig. 2).
Statistical analysis shows that the relationship between instantaneous current speed and SSC is poor when current speed
is less than 0.6 m/s (Fig. 7a). This indicates that the effect of
tidal current on SSC is insignificant when current is weak. But
when current speed is higher than 0.6 m/s, there is a positive relationship between current speed and SSC (Fig. 7a). Therefore,
0.6 m/s is taken as the estimated critical current speed above
which increasing current speed starts to positively affect SSC.
However, there exists a stronger positive linear relationship
between the tidal mean current speed and the tidal mean SSC
with a r-square of 0.85 (Fig. 7b). The intercept of the regression
line with x axis is also about 0.6 m/s, and above this velocity
SSC increases linearly with the current velocity. Furthermore,
the flood/ebb averaged current speeds also have a good positive
linear relationship with the corresponding mean SSC (Figs 7c
and d). These relationships suggest that at the flood, ebb and
flood-ebb tide cycle time scales, the variation of SSC is highly
affected by the current speeds.
The critical erosion velocity of cohesive sediment is mainly
controlled by the physical property of bed sediment, including
bulk density and consolidation (Dyer, 1986; Whitehouse et al,
2000). It is very difficult to obtain the critical erosion velocity
of cohesive sediment in situ. Using the correlation between the
current velocity and SSC to estimate the critical velocity is an
effective method (Lindsay et al., 1996; Cook et al., 2007). In the
study area, the relationships presented in Figs 7a and b clearly
suggest that the mean critical erosion velocity for the softmud
layer should be about 0.6 m/s. In the Forth Estuary, the correlation between SSC and current speed reveals that the critical
erosion velocity is about 0.6 m/s (Lindsay et al., 1996), identical
to this study. But in the upper Delaware Estuary, the critical erosion velocity is only about 0.3 m/s due to easily resuspendable
sediment (Cook et al., 2007).
Current speed is the link between tidal range and SSC. The
good correlation between tidal range and current speed shown
in Fig. 3a and that between tidal mean SSC and current speed
shown in Fig. 7b, suggest that in the North Branch the tidal
range controls the variation of current speed which in turn affects the variation of SSC.
4.5 Suspended load transport
The fluxes of suspended sediment are calculated based on
the data measured at the station by integrating the product of
SSC and current velocity through the water column. Under the
mean tidal condition of the sixth tidal cycle, the maximum suspended-load flux is 30 kg/(m·s) at peak flood and 18 kg/(m·s)
at peak ebb. However there are strong variations in the magnitude and direction of the net suspended sediment flux averaged over the flood-ebb tidal cycle (Fig. 8). The magnitude of
tidal mean suspended load flux increases from 0.2 kg/(m·s) in
neap tide (the first tidal cycle), to 1.0 kg/(m·s) in medium tide
(the seventh tidal cycle), and further to 3.1 kg/(m·s) in spring
tide (the 12th tidal cycle). From the first to fourth and ninth to
12th tidal cycles, the fluxes of suspended sediment are seaward,
which are consistent with the direction of water flux. In the fifth,
seventh and eighth tidal cycles, the sediment flux direction is
landward, which is opposite to the water flux direction. In the
flood of these tidal cycles, the occurrence of high SSC and high
velocity generally coincide with high tidal elevation (see Fig. 2).
But in ebb phases high SSC and velocity generally coincide with
the low tidal elevation. These different phase correlations determine that the flux in flood is bigger than that in ebb and hence
the net transport is landward in these tidal cycles.
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The general pattern is that the tidal-mean suspended load
flux increases from neap tide, through medium tide, to spring
tide. The net suspended load flux is seaward for neap and
spring tides but landward for medium tide. However the maximum flux in spring tide (the 12th) is 17 times of the neap tide
and about three times of the medium tide. Thus the direction
and magnitude of the net suspended sediment transport at the
study site is dominated by the flux under spring tide, and the
net flux averaged over the neap-spring tidal cycle was 1.7×104
kg/m and directed seaward.
Using the decomposing method, the components of the sediment transport flux in the North Branch are calculated by Zhao
et al. (2013). This calculation shows that in the first and second
tidal cycles the contribution of the transport term by the advection is significantly lower, and the contribution of the transport
term by the correlation of the tidal variations of SSC and current
velocity is significantly higher than that in the other tidal cycles.
This clearly suggests that the sediment transport mechanism
for the V-shape variation is significant different from that for the

5 Discussion
Field measurements from this study demonstrate three
intratidal variation patterns of SSC, i.e., V-shape variation,
M-shape variation and mixed M-V shape variation. Like many
other estuaries in the world (e.g., Cook et al., 2007; Grabemann
and Krause, 2001; Patchineelam and Kjerfve, 2004), resuspension and settling are the main physical processes affecting the
intratidal variation of SSC in the North Branch. Besides these,
the water exchange from the rise and fall of tide is also recognized to affect the intratidal variation of SSC. However, the
mechanism of this effect has not been explored in previous
studies.
5.1 Impact of water exchange from the rise and fall of tide on
SSC
In the North Branch, the water depth is shallow and the tidal range is large. So in a tidal cycle the water volume changes
significantly with the rise and fall of tide. At the measurement
station, the water volume will increase by 57% in a flood phase
and decrease by 57% in an ebb phase relative to the lowest
water level. With the low current speeds under neap tide, the
effect on SSC due to the water volume change caused by the
rise and fall of tide can be assumed more important than that
of bed sediment erosion. During the flood phase, large volume
of water with the low SSC enters the North Branch to decrease
the depth-averaged SSC through changing the water volume.
During the ebb phase, large volume of water with the low SSC
exits the North Branch and this increases the depth-averaged
SSC. So there should be a negative relationship between SSC
and water depth. The statistical analysis indeed demonstrates
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that there exist good negative linear relationships between
depth-averaged SSC and water depth during the flood and ebb
phases under neap tide (the first and second tidal cycles) with
an averaged r-square of 0.85 (Fig. 9).
The intratidal variation of the depth-mean SSC in neap tides
is V-shape (Fig. 5), i.e., SSC first decreases with the rising tide
in flood, and after reaching the minimum at high-tide slack, it
increases with the falling tide in ebb. This variation pattern can
be explained by the dominant effect of the water exchange from
the rise and fall of tide in neap tide. As mentioned above, there
are significant decrease of velocity and increase of SSC from
the surface to the bottom in the North Branch. Affected by this,
the amount of water entering the North Branch from the surface layer with lower SSC during the rise of tide is much more
than that in the bottom layer. SSC in the North Branch will be
diluted significantly by the entered waters with lower SSC. Peak
flood current velocity reaches only about 1 m/s in the middle
flood, and slight resuspension may occur during this period.
But the increase of SSC by resuspension is much smaller than
the decrease of SSC by the rise of tide so that SSC does not correlate with tidal current speed (Fig. 5). For example, from 12:00
to 15:00 in the Cycle 2, the water volume is increased by 40%
due to the rise of tide. Mean current speed during this period
reached about 1 m/s and marginally exceeded the estimated
critical erosional velocity of 0.6 m/s. The weak resuspension
increased the total SSC mass in the water column (calculated
based on the SSC profile) only by 5%. Therefore massive water
with low SSC flowing into the North Branch is the main mechanism that causes SSC to decrease with the rise of tide in the
flood phase.
During the fall of tide, the vertical variations of SSC and current speed determine that the amount of water flowing out of
the North Branch from the surface layer with the lower SSC is
much more than that from the bottom layer. This process associated with the decrease of depth, increases the depth-mean
SSC in the North Branch. In addition, the duration of current
speed greater than 0.6 m/s in the ebb is longer than in the flood
(Fig. 5a). This causes slightly stronger resuspension of bed sediment which also contributes to the increase of SSC level. Therefore, massive surface water with lower SSC flowing out of the
North Branch and addition of SSC from weak resuspension are
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current velocities are strong, with maximum depth-averaged
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The weak consolidation and the fine gain size determine that
the bed sediment can be easily eroded and resuspended by the
strong current during the medium and spring tides.
The bed sediment texture in the low slack water period (i.e.,
fluff layer and softmud layer) indicates that in a tidal cycle the
bed sediment will experience several resuspension processes.
During the early flood and ebb phases, the increasing current
velocity resuspends the fluff layer first. Owing to the fine grain
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the intratidal variation pattern of SSC is much different from
that in neap tide.
The above analysis reveals that the water exchange from the
rise and fall of tide has important effect on the intratidal variation of SSC, particularly in neap tide conditions. This effect
likely has a general significance for other mesotidal and macrotidal estuaries with a large ratio between the tidal range and
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size and negligible consolidation, the critical erosion shear
stress of the fluff layer is very low (Ganaoui et al., 2004). Owing to the small thickness of the fluff layer, the resuspension
amount is so low that there is no distinct or perceptible peak of
SSC at the early flood and ebb phases (Figs 2 and 5b). Similar resuspension patterns of newly-formed fluff layers have been observed in other estuaries (Fettweis et al., 1998; Cook et al., 2007).
When the fluff layer is quickly depleted, the softmud layer will
be exposed to the tidal current. The erosion threshold for the
softmud layer is much higher than that for the fluff layer due to
stronger consolidation, and was estimated to be about 0.6 m/s
(Fig. 7). The peak currents in flood and ebb are significantly
larger than 0.6 m/s, especially during medium and spring tides
(Fig. 5b). Hence, erosion and resuspension of softmud should
occur during high-velocity periods in flood and ebb. The high
concentration values and clear correlation between SSC and
current speed in medium and spring tides (Figs 2 and 5b) imply that the resuspension of softmud is intensive under these
conditions. The formation of SSC peaks in each flood and ebb
phase are primarily due to the resuspension of softmud.
Sediment consolidation and hence erosion resistance, usually increasing with the sediment depth, are key factors influencing the resuspension process (Dyer, 1986; Whitehouse et al.,
2000). The vertical distribution of sediment consolidation or
erosion resistance in the bottom sediment should be studied
further to better interpret the temporal variation of SSC in the
North Branch.
5.3 Impact of settling on SSC in slack water period
Settling process, which mainly occurs at the slack water periods with lower current velocity, can reduce the SSC level significantly and lead to the formation of new deposited layers on
the bed (Ganaoui et al., 2004; Uncles et al., 2006a; Cook et al.,
2007). During this study, the presence of the fluff layer on the
bed and the significant decrease of SSC at slack water periods
(Fig. 2) clearly demonstrate that the settling process is significant in the North Branch.
The impact of settling process is highly related to the duration of slack water. In this paper, slack water period is defined
as the period when the depth-mean current speed is lower than
0.3 m/s around the reverse of tidal current direction. This definition was also used by Lindsay et al. (1996). During the measurement period, the mean slack water duration (i.e., high slack
water plus low slack water) in a tidal cycle is about 53 min. The
averaged high-water slack period lasts 34 min and the averaged low-water slack period is 19 min. This difference means
that more suspended sediment can be deposited onto the bed
during the high-water slack period and that the SSC in high-water slack is generally much lower than that in the low-water
slack (Figs 2 and 5b).
At the neap-spring scale, the slack water in neap tide is 30
min longer than that in spring tide. The lower current speed under neap tide causes a weaker resuspension and hence a lower
SSC level. However, the longer slack water periods allow most
of the suspended sediment to settle onto the bed (particularly
at the transition from flood phase to ebb phase) and thus the
concentration in SSC troughs is very low, and the minimum
value is only 0.15 kg/m3 (Figs 2 and 5a). Under medium and
spring tides, higher current speeds produce a higher SSC level.
The shorter slack water periods also means shorter time for settling and incomplete settlement. The combined effect of these
factors is that considerable suspended sediment is sustained in
the water column during the slack water in medium and spring
tides. SSC during slack is generally higher than 1.0 kg/m3 and
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sometimes reaches 4.0 kg/m3 (Figs 2 and 5b).
High SSC-induced hinder settling can reduce the settling
velocity, and is often observed in high turbidity estuaries
(Wolanski et al., 1995; Winterwerp, 2002; Uncles et al., 2006b).
In the slack water of medium and spring tides, SSC sometimes
increases in the bottom layer and decreases in the upper layer
simultaneously (Fig. 6). High SSC greater than 4.5 kg/m3 and
strong density gradient are formed in the bottom layer. In such
case, hinder settling thus should have affected the settling process during high SSC periods.
At the station, grain-size analysis shows that the suspended
sediment is composed of fine cohesive particles with a mean
grain size of 6 μm during the measurement period. During slack
water periods, fine cohesive particles, high SSC level and weak
current are suitable conditions for the formation of flocs. Therefore, flocs probably existed in the water column and floc settling
likely was the main way of settlement. The research by Shi and
Zhou (2004) shows that settling velocity of flocs ranges from
0.1 to 0.3 cm/s in the North and South Channels of Changjiang
Estuary. The in-situ size and settling velocity of flocs should be
measured simultaneously with current and SSC measurements
in future studies in the North Branch so that the impact of flocculation on the settling process and SSC variation can be quantified.
5.4 Mechanisms responsible for M-shape and M-V shape SSC
variation
Resuspension flux is proportional to the square of the current velocity when the critical velocity for resuspension is exceeded (Dyer, 1986). The tidal cycles with the M-shape and M-V
shape variations of SSC occur under medium and spring tide
conditions. Peak currents reach 1.5 to 2 m/s and exceed 0.6 m/s
(the critical erosional velocity for the softmud layer) for significant portion of the flood and ebb phases (Fig. 5b). Therefore the
interaction and relative importance of resuspension and settling processes likely control the variation of SSC and the effect
of water exchange from the rise and fall of tide is less significant.
In the third to seventh, tenth and 12th tidal cycles (Figs 2 and
5b), both resuspension and settling processes are important. In
each flood and ebb phase, resuspension and SSC increase with
the increase of current speed once the current speed exceeds
the critical erosional velocity 0.6 m/s. The peaks of SSC occur
respectively at the peak of flood current and ebb current. As the
high-tide slack and the low-tide slack are approached, current
speed decreases to less than 0.6 m/s. Resuspension becomes
weak and settling becomes dominant so that the troughs of SSC
occur at the slack periods (Fig. 5b). Therefore two SSC peaks
corresponding to the flood and ebb current peaks are observed
in these tidal cycles (M-shape variation; Cycle 7 of Fig. 5b).
The eighth, ninth and 11th tidal cycles (Figs 2 and 5b) are
different from other tidal cycles under the medium and spring
tides in that high current speed is maintained for most of the
ebb phase and the low-water slack in the ebb to flood transition (e.g., 100 and 125 h) is very short. For example, the slack
water duration between Cycles 8 and 9 is only 10 min, the shortest in the whole measurement period. The extended period of
high current speed during the ebb phase causes the high SSC.
At the low-water slack, the period of slack is so short that the
high volume of suspended sediment has little time to settle before resuspension starts again due to the current acceleration of
the following flood cycle. The hindered settling under the high
SSC may also contribute to maintaining the high suspended
sediment concentration at the low-water slack. The combined
effect of these processes determines that there is little decrease
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of SSC at the transition from ebb to flood phases in these tidal
cycles (Cycle 8 of Fig. 5b). Thus only one SSC peak and one SSC
trough occur in these tidal cycles (M-V shape variation).
In the Changjiang Estuary tidal asymmetry and gravitational
circulation are the major mechanisms for the formation of turbidity maximum (Shi, 2010). Owing to the funnel shape and the
shallow water depth, tidal deformation in the North Branch is
significant, causing the maximum current velocity and turbidity maximum to occur around Santiaogang (Qu, 2010). For the
M-shape and M-V shape variation in medium and spring tides,
the peaks of current velocity usually coincide with the peaks of
SSC, indicating that significant local resuspension occurs in the
North Branch. In the study period the intensive resuspension
induced by the strong current plays an important role in the formation of turbidity maximum. In addition, the short slack water
periods in some medium and spring tides lead to considerable
SSC sustained in the water column, which also contributed to
the development of turbidity maximum in the North Branch.
6 Conclusions
The tidal currents in the North Branch are strong, the maximum observed surface current is 2.6 m/s. In a tidal cycle, the
flood current peak is generally larger than the ebb current peak,
but the duration of the former is notably shorter than the latter.
Influenced by tidal range, the tidal mean current increases from
0.75 m/s in neap tide to 1.27 m/s in spring tide.
Strong tidal currents produce high turbidity in the main
channel of the North Branch. The mean depth-averaged SSC
is 2.0 kg/m3. Modulated by the tidal range and associated current speed, the neap-spring variation of SSC is remarkable. The
mean SSC is only 0.5 kg/m3 in neap tide and increases to 3.5 kg/
m3 in spring tide. SSC also increases from the water surface to
the bottom layer, but the temporal variation of the SSC profile is
complex and is controlled by the inter-play of current speed, resuspension, vertical mixing, settling as well as the resistance to
erosion in the sediment layers. The tidal mean suspended load
flux increases from 0.2 kg/(m·s) in neap tide to 3.1 kg/(m·s) in
spring tide. The tidal mean flux averaged over the measurement
period was 1.7×104 kg/m and directed seaward.
Three types of intratidal variation of SSC were observed.
V-shape occurs in neap tides, and M-shape and M-V shape occur in medium and spring tides. The relative intensity and interaction of resuspension, settling and water exchange from the
rise and fall of tide determine which variation type is dominant.
The V-shape variation is mainly due to the dominant effect of
the water exchange from the rise and fall of tide in neap tide.
Such effect is likely to be common in other similar estuaries
with high ratios of the tidal range to the water depth. The relative importance of resuspension and settling processes control
the occurrence of M-shape variation. The interaction of resuspension and settling processes, together with the sustained
high ebb current speed and shorter duration of the low-tide
slack, is responsible for the M-V shape variation.
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Abstract
The Zhujiang River (Pearl River) Estuary (ZRE) is a very complicated and large-scale estuarine system in
China. It consists of two parts: the river networks and the estuarine bays. Not only is the network system one
of the most complicated in the world, but also each estuarine bay has a very special morphodynamic feature
due to the geological settings. Morphological boundary conditions have direct effects on the energy dissipation and balance. On the basis of a three-dimensional (3-D) barotropic model whose domain includes the
river networks and the estuarine bays, the energy budget is discussed under the influence of topography in
the ZRE. The elevation and discharge of this model are validated by the observations collected in July 1999
and February 2001. The results show that (1) the source of energy in the ZRE is mainly generated by tides
and river runoffs, which have an obvious seasonal change, and (2) there are some typical hotspots where the
energy dissipation is 1–2 orders higher than those in the immediate upstream and downstream sections in
the ZRE. These hotspots are linked with the small-scale dynamic structures (SSDS) and morphological units.
On the basis of the characteristics of the morphology and the energy dissipation, the hotspots can be categorized into three types: the outlet of the ZRE, the meandering river, the branch and junction.
Key words: three-dimensional barotropic model, energy dissipation, momentum balance, topography,
Zhuijang River (Pearl River) Estuary
Citation: Liu Huan, Wu Chaoyu, Wu Yaju. 2015. The energy budget under the influence of topography in the Zhujiang River Estuary
in China. Acta Oceanologica Sinica, 34(1): 148–158, doi: 10.1007/s13131-015-0606-y

1 Introduction
Estuaries are very complicated systems subject to a variety
of physical effects including tides, waves, winds, riverine flow
and so on (Scarlatos, 1993). In general, the main source of the
energy for estuaries comes from the astronomical tides. Particularly, it also includes the impact of runoff in the river networks.
Meteorological sources such as winds are other possible sources, which are overshadowed under normal conditions owing to
the constancy of the tidal action. Tides are the major source of
the energy for the turbulence and the mixing in estuaries and
they play an important role in the movement of dissolved and
particulate matter, creating oscillatory fluxes in physical and
chemical properties. As the tidal wave is damped by the friction
as it moves up along the estuary, the energy is withdrawn by the
turbulence and the tidal range decreases. The conversion and
dissipation of the tidal energy causes changes in the vertical stability of the water column (Mao et al., 2004).
The Zhujiang River Estuary (ZRE) is a very complicated and
large-scale estuarine system in China. It consists of two parts:
the river networks and the estuarine bays. The Xijiang River, the
Beijiangh River and the Dongjiang River, which are the three

main tributaries of the ZRE, bifurcate continuously and form
the complicated network system. Not only is the network system one of the most complicated in the world, but also each estuarine bay has a very special morphodynamic feature mainly
due to the geological settings including deep channels, shoals
and islands. Thus tides are strongly confined by the coastlines
and the water depth in the ZRE. The river networks and the
estuarine bays are connected by eight major outlets, which
are constrained by the rock-bound gorges on both sides. Tidal
stream through these outlets are highly energetic, characterized
by strong currents and jet systems (Wu and Zhou, 2001; Wu et
al., 2010). Small-scale dynamic structures (SSDS) with Rossby
number from 1 to 10 including density-driven circulation, jet
current, river mouth horizontal circulation and large scale eddies have profound effects on the overall dynamics, the energy
balance, the tidal wave, the sedimentation and more broadly,
the ecosystem (Wu and Wu, 1994). For instance, there are four
SSDS in the Huangmaohai estuary: (1) a vast bi-directional jet
system in Yamen, (2) a density-driven circulation migrating
from the head of estuary in dry season to mid estuary, (3) the
efflux system developed near the gorge, and (4) the horizontal
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circulation in the lower estuary (Wu and Zhou, 2001). Therefore,
it is important to provide an improved quantitative understanding of the energy flux and dissipation in the ZRE, in order to gain
insight into the estuarine dynamic processes and the energy
budget.
Several attempts have been made to estimate the conversion
and dissipation of the tidal energy in different coasts and estuaries. One pioneering effort by Taylor (1919) was based on energy-budget considerations for the Irish Sea, where the net deficit
of the energy was attributed to the dissipation due to the bottom
friction. Tidal models have been developed for understanding
the tidal energy flux and dissipation in recent years (Davies et
al., 2004; Barthel et al., 2004; Seim et al., 2006; Abdennadher and
Boukthir, 2006; Foreman et al., 2006; Zhong and Li, 2006; Li et
al., 2010). For example, Barthel et al. (2004) used a 3-D baroclinic model to quantify the components of the mechanical energy
budget; they found that most of the input tidal energy are dissipated in the shallow region. Seim et al. (2006) estimated the
tidal energy dissipation rates from the divergence of the energy
flux in a shallow, sinuous estuary. In the simulation of the Chesapeake Bay, Zhong and Li (2006) indicate that turbulent mixing
is highly non uniform, and 40% of the tidal energy dissipation is
concentrated in the four topographic hotspots including headland and sill. These investigations suggest that most of the tidal
energy may be dissipated around isolated topographic features
rather than the uniformly distributed bottom boundary layer.
Thus it is timely to examine the spatial distribution of the energy conversion and dissipation in a complicated estuarine system such as the ZRE.
In recent decades, numerical modeling technologies have
been widely applied to the ZRE to simulate physical processes
(Mao et al., 2004; Wang et al., 2006), biological transfers (Ning
et al., 2004), chemical transformations (Chau and Jiang, 2003)
and so on. Since the river networks are comprised of narrow
and shallow river channels and primarily dominated by river
discharges, the physical processes are simulated by a one-dimensional (1-D) model. Regarding the estuarine bays, it has
several different circulation regimes coexisting and various
types of fronts from the circulation regimes, the value of using
two-dimensional (2-D) or 3-D models has been clearly demonstrated previously (Wong et al., 2003a, b; Mao et al., 2004). More
recently, a 1-D and 3-D coupled model has been applied to simulating both physical and biogeochemical processes (Hu and Li,
2009). However, the majority of the modeling work in the past
has focused on the river networks or the estuarine bays separately, with few studies integrating them as an entity (Bao et al.,
2005; Hu and Li, 2008). As the river networks and estuarine bays
are affecting each other and closely interrelated, it is essential to
use a full 3-D model to simulate these two parts as a whole. Furthermore, previous studies have mainly focused on the hydrodynamic features in the ZRE. As far as we know, the numerical
study about the fluxes, conversion and dissipation of energy is
still lacking. The objective of this study is to examine the temporal and spatial distribution of the energy flux and dissipation
by a numerical model in the ZRE, and to answer the questions
such as what the patterns of the energy dissipation in the ZRE
are and how the energy budget responds to the topography.
The estuarine and coastal ocean model with sediment module
(ECOMSED) is a flexible and versatile model; it has been developed to a stable and reliable 3-D baroclinic nonlinear hydrodynamic model, especially for the coastal ocean and estuarine
situation (Jing et al., 2009; Zhang and Li, 2010). As this study
mainly focuses on the barotropic dynamics including tide and
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runoff, which was believed as the dominant processes in controlling the energy balance in the ZRE. Some important hydrodynamic processes like the thermohaline circulation (Wong et
al., 2004) and the wind-driven current (Dong et al., 2004) cannot
be addressed; it can be considered as a first phase of modeling
study of the energy balance in the ZRE.
The paper is organized as follows: The model configuration
and verification are described in Section 2; in Section 3 we will
calculate energy flux and estimate energy dissipation, and a discussion is given in Section 4; and in Section 5 we summarize the
whole paper and make conclusions out of them.
2 Model set up and verification
2.1 Model configuration
We have configured the ECOMSED for the ZRE. The ECOMSED is a three-dimensional hydrodynamic and sediment transport model. The hydrodynamic module solves the conservation
of mass and momentum equations with a 2.5-level turbulent
closure scheme on a curvilinear orthogonal grid in the horizontal plane and ı-coordinate in the vertical direction. A water circulation, salinity, and temperature are obtained from the
hydrodynamic model (Chen et al., 2010). Figure 1 provides an
overall view of the model’s bathymetry and its horizontal grid
system. We have selected a model domain that includes the
river networks and the estuarine bays. The domain covers not
only the whole ZRE but also part of the coastal ocean so that the
model can be driven by the tidal constituents at the open sea
boundaries. Upstream boundaries are at the Boluo, Laoyagang,
Shijiao, Gaoyao and Changsha.
The orthogonal curvilinear coordinate grids used in this
study are designed to match the complicated coastal line of
the ZRE. Grid lines are curved along main land boundaries and
channels to reduce artificial diffusion by “stair case” boundaries. The model domain consists of 274×354 grids with a high
resolution that vary from approximately 75 m in the networks
to 3 km near the open boundary. This resolution is satisfactory
for the purpose of resolving the main energy dissipation pattern
in the ZRE. There are five equidistant sigma layers in the vertical
to represent the irregular bottom topography.
In the 3-D model, the minimum water depth is set to be 2
m and the bottom friction coefficient is 0.002. The coefficient
of the bottom roughness is 0.001 4 m for the entire region. The
vertical eddy viscosity is computed by using the Mellor-Yamada (1982) turbulence parameterization scheme. The horizontal
eddy viscosity is calculated through the grid-dependent formulation of Smagorinsky (1963) and the Smagorinsky's coefficient
is set equal to 0.01. The model also contains a background level
of vertical mixing to parameterize unresolved shears which is
set to 10−6 m2/s. The time step of 4s for the internal mode is utilized in this study.
On the basis of the results of previous studies in regard to
the tidal characteristics of the ZRE, the hydrodynamic model is
driven by the combination of M2, S2, K1 and O1 tidal constituents at the open boundaries (Mao et al., 2004). The amplitudes
and phases of the tides were extrapolated on the basis of measurements or predictions at two stations, namely Shangchuan
Island and Dawanshan, which are located close to the model
boundary towards the ocean. At the upstream boundaries in
each river, the hourly discharge or elevation is prescribed according to the observations in Changsha, Gaoyao, Shijiao, Laoyagang and Boluo. The temperature and the salinity are constant
due to adopting the diagnosis calculation in the model. Because
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Fig.1. The bathymetry (m) of the study area (a) and the orthogonal curvilinear coordinate grids (b) (HUM: Humen outlet, JM: Jiaomen outlet, HQL: Hongqili, HM: Hengmen outlet, MDM: Modaomen outlet, JTM: Jitimen outlet, HTM: Hutiaomen outlet, YAM:
Yamen outlet).

the meteorological sources are not the focus of this study, all
meteorological parameters are set to 0.
2.2 Model verification
Two simulation periods are selected for the purpose of a
model verification and analysis, including July 15–24, 1999 (wet
season) and February 7–16, 2001 (dry season). The total average discharge of the Gaoyao and Shijiao is 30 590 m3/s in wet
season, which is 2 592 m3/s in dry season. In all cases the simulation period is 211 h. We have selected the last 200 h (eight
tidal cycles) for the analysis of tidal simulation results. The
hourly tidal elevation and discharge are compared with the
observed data at 17 stations within the ZRE; eight of them are
located in outlets, namely Guanchong (Yamen outlet), Xipaotai
(Hutiaomen outlet), Huangjin (Jitimen outlet), Denglongshan
(Modaomen outlet), Hengmen (Hengmen outlet), Fengmamiao
(Hongqili), Nansha (Jiaomen outlet) and Dahu (Humen outlet),
four (namely Sanshui, Makou, Tianhe, Nanhua) in branches of
river networks and the other five (namely Hebaodao, Shizui,
Chiwan, Sanshakou, Huangpu) in the Lingding Bay and Huangmaohai estuarine bays (Fig. 1b).
The statistics of the mean error, relative error and rootmean-square error of the tidal elevation are collected. At most
stations, the mean error is less than 10cm and the relative error
is less than 10%. We also made a comparison of the average discharge in the flood tide and the ebb tide between the observation and model results for the lack of tidal flow data. The relative
error is less than 20% for most stations (Liu et al., 2011). The
processes of the hourly elevation and discharge at two stations
(Dahu and Guanchong) in the wet season and the dry season
are compared with the observation data in Fig. 2. Though the
simulated results show some deviations from the observation
data, it indicates that the simulated results are in reasonable
agreement with the measurements. Therefore it may be concluded that the ECOMSED can simulate the tidal flows in the
ZRE reasonably well.

3 Energy flux and dissipation
3.1 Energy flux
A rate at which the energy is withdrawn from the barotropic
tide may be determined by examining changes in the characteristics of the tidal wave as it interacts with the topography. The
vector of the energy propagation per unit time and width (Harari and Camargo, 2003) is given by
⎡U 2 + V 2
⎤
ψ (U ) = ρUD ⎢
+ gη ⎥ ,
2
⎣
⎦

(1a)

⎡U 2 + V 2
⎤
ψ (V ) = ρVD ⎢
+ gη ⎥ ,
2
⎣
⎦

(1b)

where ȡ is the density; g is the acceleration due to gravity; U and
V are the depth-average velocities; Ș is the surface elevation;
and D is the water depth of each cell.
Therefore, the total amount of the energy entering the ZRE
can be estimated by integrating the energy flux across the section for a certain period using Eq. (2):

(E

fx

, E fy ) =

1
[ψ (U ),ψ (V )] dLdt ,
T ∫∫

(2)

where L is the cross-sectional width; and T is the time period. In
this study, T equals 211 h.
The energy sources in the ZRE are under the combined action of tides and runoff, which have significant changes in the
wet season and the dry season. Table 1 shows the energy flux of
each cross-section in the wet season and the dry season. The
model results indicate that the total amount of the tidal energy
entering the ZRE is 2.320 27 GW in the wet season. We have also
calculated the energy flux from the Xiiang River and Beijiang
River's runoffs and found it 1.736 23 GW, which has the same order as the tidal energy. Conversely, the energy flux of the runoff
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Fig.2. Comparisons of simulated results and observations for verification at Dahu and Guanchong. In wet season at Dahu (a and c)
and Guanchong (b and d), and in dry season at Dahu (e and g) and Guanchong (f and h).
is only 8.96 MW in the dry season, which is two orders of magnitude smaller than the tidal energy (1.648 63 GW). It means that
the source of the energy is different between the estuarine bays
and the river networks in the ZRE. In the estuarine bays, most of
energies are derived from tides, while the river networks are under the combined action of tides and runoff. The source of the
energy in the river networks has significant seasonal changes; it
is influenced by the runoff in the wet season and by the tides in
the dry season.
The estuarine bays and the river networks of the ZRE are
connected by eight outlets, an unusual landform which is constrained by the rock-bound gorges. The Lingding Bay and the
Huangmaohai are the two largest trumpet-shaped estuarine
bays in the ZRE, as they have picked up most of the tidal energy.
The tidal energy through the Humen outlet and the Yamen out-

let are much higher than the others, accounting for 55.4% and
14.5% in the dry season, respectively. Using the Lingding Bay
as an example, we can follow the pathways of the energy flux
(Fig. 3). A large barotropic tidal energy from the South China
Sea (SSC) is seen to enter into the bay, while most of them are
northwestward as the center axis of the Lingding Bay. The energy flux is much higher on the eastern and western channels
than on the shoal, it shows the effect of the water depth on the
energy budget. The energy fluxes of Jiaomen outlet, Hongqili
and Hengmen outlet are in opposite direction in the wet season
and the dry season. The ratio of the river flow to tidal discharge
indicates that these three outlets are river-dominated dynamic.
Therefore the primary energy source for them is the river runoff, and the energy flux is seaward in the wet season. As the runoff decreases, the direction of the energy flux is changed from
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Table 1. Energy flux of each section in wet season and dry season
Cross-section

kinetic

Western boundary
Southern boundary
Eastern boundary
Tanjiang River
Xijiang River
Beijiang River
Liuxi River
Dongjiang River
Humen outlet
Jiaomen outlet
Hongqili
Hengmen outlet
Modaomen outlet
Jitimen outlet
Yamen outlet
Hutiaomen outlet

energy
20.27
69.95
1.31
−0.02
3.09
0.02
−0.03
0.01
3.10
−5.37
−6.91
−3.31
1.75
0.23
0.44
0.08

Wet season/MW
potential
energy
1 320.18
843.31
65.25
−2.26
1 340.37
392.75
−2.71
0.15
41.85
−13.18
−30.22
−12.78
3.40
2.37
12.80
0.77

kinetic

total

energy
−5.44
19.11
0.96
−0.03
0.02
0.01
−0.01
0.01
0.33
0.21
0.62
0.17
0.31
0.01
0.02
0.03

1 340.45
913.26
66.56
−2.28
1 343.46
392.77
−2.74
0.16
44.95
−18.55
−37.13
−16.09
5.15
2.60
13.24
0.85

seaward to landward in the dry season.

1 T
[ψ (U ),ψ (V )] dLdt
T ∫0 ∫L
∂v ⎞ ⎤
1 T η
∂u ⎞ ∂ ⎛
⎪⎧ ⎡ ∂ ⎛
= ∫ ∫ ρ 0 ⎨ ⎢ ⎜ uK v
⎟ + ⎜ vK v ⎟ ⎥ −
∂z ⎠ ⎦
∂z ⎠ ∂z ⎝
T 0 − H ⎩⎪ ⎣ ∂z ⎝
⎡⎛ ∂u ⎞2 ⎛ ∂u ⎞2 ⎤ ⎪⎫
K v ⎢⎜ ⎟ + ⎜ ⎟ ⎥ ⎬ dzdt + Dh ,
⎢⎣⎝ ∂z ⎠ ⎝ ∂z ⎠ ⎥⎦ ⎪⎭

(3)

where ȡ0 is the water density; Kv is the vertical diffusion coefficient; and Dh means the dissipation due to the horizontal diffusion. The term on the left side of Eq. (3) is the energy flux, and
those on the right side are the energy dissipation.
The first term on the right side of Eq. (3) can be further simplified as
⎡∂⎛
∂v ⎞ ⎤
1 T η
∂u ⎞ ∂ ⎛
ρ0
⎜ uK v ⎟ + ⎜ vK v ⎟ ⎥ dzdt
∂z ⎠ ⎦
T ∫0 ∫− H ⎢⎣ ∂z ⎝
∂z ⎠ ∂z ⎝
1 T G G G G
= ∫ u s ⋅τ s − u b ⋅τ b dt
T 0
G 3
1
(4)
= ∫ − ρ 0Cd u b dt ,
T






where W s is the surface stress; W b is the bottom stress; ub is
the bottom speed; and Cd is the drag coefficient. In Eq. (4), zero
surface stress (no wind) and a quadratic drag coefficient on the
bottom have been applied.
The second part of the energy dissipation by the vertical diffusion in Eq. (3) can be calculated as

)

⎡⎛ ∂u ⎞2 ⎛ ∂v ⎞2 ⎤
1 T η
K
v ⎢⎜
⎟ + ⎜ ⎟ ⎥ dzdt
T ∫0 ∫− H
⎢⎣⎝ ∂z ⎠ ⎝ ∂z ⎠ ⎥⎦
⎡⎛ ∂u ⎞ ⎛ ∂v ⎞
η
1 T
ρ0
K v ⎢⎜ ⎟ + ⎜ ⎟
T ∫0 ∫− H
⎢⎣⎝ ∂z ⎠ ⎝ ∂z ⎠
2

=

energy
−915.79
2 451.98
97.81
−2.78
7.60
1.33
−1.71
1.20
80.90
10.85
5.05
8.31
12.54
4.75
21.25
1.40

Direction

total
−921.23
2 471.09
98.77
−2.81
7.62
1.34
−1.72
1.21
81.23
11.06
5.67
8.48
12.85
4.76
21.27
1.43

positive means landward
positive means landward
positive means landward
positive means seaward
positive means seaward
positive means seaward
positive means seaward
positive means seaward
positive means landward
positive means landward
positive means landward
positive means landward
positive means landward
positive means landward
positive means landward
positive means landward

horizontal diffusion can be simplified to

3.2 Energy dissipation
The energy dissipation per unit area (Gill, 1982) over several
tidal cycles is given by

(

Dry season/MW
potential

2

⎤
⎥ dzdt.
⎥⎦

(5)

The third part Dh which is related to the dissipation by the

Dh = −

⎧⎪ ⎡⎛ ∂u ⎞2 ⎛ ∂u ⎞2 ⎛ ∂v ⎞ 2 ⎛ ∂v ⎞ 2 ⎤ ⎫⎪
1 T η
ρ
K
0 h ⎨ ⎢⎜
⎟ + ⎜ ⎟ + ⎜ ⎟ + ⎜ ⎟ ⎥ ⎬ dt ,
T ∫0 ∫− H
⎪⎩ ⎢⎣⎝ ∂x ⎠ ⎝ ∂y ⎠ ⎝ ∂x ⎠ ⎝ ∂y ⎠ ⎥⎦ ⎪⎭

(6)

where Kh is the horizontal diffusion coefficient.
Applying the preceding formulae, we calculate the energy
dissipation in the ZRE. The results show that, the energy dissipation is highly non uniform in the ZRE. There are several typical hotspots where the energy dissipation is 1–2 order
higher than those in the immediate upstream and downstream
sections (Fig. 4). These hotspots are linked with the SSDS and
the morphological unit. On the basis of the characteristics of
morphology and dissipation, the hotspots can be categorized
into three types: the outlet of the ZRE, the meandering river, the
branch and junction.
Hotspot 1 is located around the outlets, where the dissipation rate per unit area (rd) is about 0.8–1.0 W/m2. The extents of
these hotspots in the Humen outlet, the Yamen outlet and the
Modaomen outlet are approximately 7.5, 3.7 and 11 km, respectively, which is about 3 to 5 times larger than the width of the
outlet. In such hotspots, 80% of barotropic tidal energy is dissipated by the bottom friction. The dissipations by the vertical
diffusion and the horizontal diffusion are about 20% and less
than 1%, respectively.
Hotspot 2 is situated near the meandering river of Tanjiang,
where the dissipation rate per unit area is about 0.5 W/m2, and
the extent is nearly 10 km. The dissipation of the energy in this
meandering river is about 0.5 W/m2, which is consistent with
another sinuous channel (Satilla River) as its estimated dissipation rate is of the order of 1 W/m2 (Seim et al., 2006). In the
meandering river, the ratio of the energy dissipation by the horizontal diffusion to the total energy dissipation rises to about
23%.
Hotspot 3 is found near the river island which is composed
of a branch, two curved anabranches and a junction in the Xijiang River mainstream. The dissipation rate of the branch and
junction is 0.1 W/m2 in the dry season and 10 W/m2 in the flood
season, which has a significant seasonal change. The space
scale of this hotspot is about 5 km, and it is relative to the river island size. The ratio of the energy dissipation by the vertical
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Fig.3. Energy flux (fe) per unit width (fe,w) vectors and isoline in the Lingding Bay.
diffusion to the total energy dissipation is up to over 30% in this
kind of hotspot.
The energy budget of the ZRE is given by the 3-D model, but
how much is the numerical error? Taking the case of Lindingyang estuarine bay in the dry season, we compare the net incoming energy flux with the total energy dissipation. The net
incoming energy flux inside the bay is 301.68 MW, while the
energy dissipations due to the bottom friction, the vertical diffusion and the horizontal diffusion are 203.91, 73.83 and 0.7
MW, respectively. Thus the total energy dissipation is 278.44
MW, which is 23.24 MW less than the incoming energy. This discrepancy is about 7% and may be due to the numerical error of
velocity derivatives in the energy dissipation terms. In general,
the error magnitudes are small compared with the large forcing terms, but still indicate that it needs caution in interpreting
these results.
4 Discussion
4.1 Momentum balance
We focus on the barotropic dynamics and assume that the
density gradients are dynamically small. Assuming no wind or
tidal potential forcing, the momentum equations used in the
model are
∂U
∂U
∂U
∂U
+V
+W
+U
∂t
∂x
∂y
∂z
ϔ
(a)ϔϔϔϔϔ
(b)ϔϔϔϔϔ
(c)
∂η ∂ ⎡
∂U ⎤ ∂ ⎡ ⎛ ∂U ∂V ⎞ ⎤ ∂ ⎛ ∂U
2 Ah
+
+ ⎢ Ah ⎜
+
⎟⎥ + ⎜ K v
∂z
∂x ⎥⎦ ∂y ⎣ ⎝ ∂x ∂x ⎠ ⎦ ∂z ⎝
∂x ∂x ⎢⎣
(d)ϔϔ(e)
(f)ϔϔϔϔϔϔϔϔϔϔϔϔϔϔϔϔϔϔϔϔϔϔ(g)

= fV − g

⎞
⎟ , (7)
⎠

∂V
∂V
∂V
∂V
+U
+V
+W
∂t
∂x
∂y
∂z
∂V ⎤ ∂ ⎡ ⎛ ∂U ∂V
∂η ∂ ⎡
= − fU − g
+ ⎢ 2 Ah
+
⎥ + ⎢ Ah ⎜
∂y ∂y ⎣
∂y ⎦ ∂x ⎣ ⎝ ∂x ∂y

⎞ ⎤ ∂ ⎛ ∂V ⎞
⎟⎥ + ⎜ K v
⎟ , (8)
∂z ⎠
⎠ ⎦ ∂z ⎝

where x, y are the horizontal coordinates, aligning along the
channel and perpendicular to the channel direction; z is the

vertical coordinates. U, V and W are the velocities in x, y and z
direction, respectively; Ș is the water elevation; g is the gravitational acceleration; f is the Coriolis parameter; Ah is the horizontal eddy viscosity coefficient; and Kv is the vertical eddy viscosity coefficient.
In Eq. (7), term a is the local acceleration, term b and c are
the horizontal convection and the vertical convection, respectively. On the right-hand side, terms d–g are the Coriolis terms,
the pressure gradient, the horizontal diffusion and the vertical
diffusion, respectively. Each term will be estimated by the numerical model, and the streamwise momentum balance will be
discussed in this paper.
The model was used to export the hourly data of various
terms in the momentum equation, and averages were taken
for eight tidal cycles. As shown in Fig. 5, the primary momentum term is the barotropic force, the horizontal convection,
the horizontal diffusion and the vertical diffusion. The local
acceleration is near 0 because the result is average for several
tidal cycles. The momentum balance is significantly different in
three main types of hotspots. (1) The main balance in outlet is
between the streamwise pressure gradient and the horizontal
convection, revealing a strong nonlinear effect in this area (Fig.
5a). (2) In the meandering river, the dynamic equilibrium terms
mainly include the barotropic force, the horizontal convection
and the horizontal diffusion (Fig. 5b). It means that the horizontal diffusion effect cannot be ignored, and it is corresponded to
the energy dissipation. The magnitude of the energy dissipation
by the horizontal diffusion in the meandering river is 2–3 orders
lager than which is in the straight river. (3) In the branch and
junction, the vertical diffusion plays an important role in the
momentum balance, and it is in equilibrium with the barotropic force and the horizontal convection (Fig. 5c). In a word, the
momentum balance is consistent with the energy dissipation
feature in different hotpots.
4.2 Hydrodynamic fields
The width of the Humen outlet is only 3 800 m; the width of
the cross-section to both the north and south of Humen outlet
is much greater. Therefore the bi-directional tidal jet system is
very strong (Wu et al., 2010). The velocity at the Humen outlet is
significantly greater than that on both sides of the gorge either
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Fig.4. Longgitudinal variation of the energy dissipation rate per unit area (rd) in the Lingding Bay, the Huangmaohai estuarine bay,
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in the ebb tides or in the flood tides (Fig. 6a). The residual tidal
current is close to 0 in the Lingding Bay, but it is significantly increased near the Humen outlet. The jet system imposed a strong
driving force on the tidal current field. On the other hand, the
longitudinal distribution of the water level also reflects the effects of topography. During the flood tide, the water level on the
seaward side is higher than that on the landward side, and it

slightly elevated near the Humen outlet. During the ebb tide,
the situation is opposite, but the water level increases as well at
the outlet. The mean water level over eight tidal cycles indicates
that it is much higher at the Humen outlet than in the upstream
and the downstream, and thus the barotropic pressure gradient over a sub-tidal scale is directed upstream and downstream
(Fig. 6b).
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The Yamen outlet is another typical bi-directional jet system
of the ZRE, so the distributions of the tidal current and the water
lever in the Yamen outlet are similar to the Humen outlet (Fig.
7). In addition, there is a section of the meandering river in the
upstream of the Tanjiang. For the special boundary condition
and geometry profile of the meandering river, its characteristic of flow is different from the flow in the regular channel. The
tidal current and the residual current fluctuate quite obviously at the meandering river, and the mean water level follows a
similar pattern (Fig. 7). As currents flow around the curve, their
interaction with the bend generates a transverse circulation and
produces strong turbulent eddies (Hooke, 2007; Stoesser et al.,
2010). Therefore the horizontal diffusion will be enhanced in
the meandering river, and the results show that the horizontal
diffusion is one of the main momentum equilibrium terms in
this area. The nonuniform distribution of the tidal current may
increase the horizontal velocity gradient, and make the ratio of
the energy dissipation by the horizontal diffusion to the total
energy dissipation larger.
Using the river island in the Xijiang River mainstream as an
example, we can describe the hydrodynamic fields. During the
flood tide, the branch is on the seaward side and the junction
is on the landward side, and they become contrary in the ebb
tide. In general, the flow velocity will decrease when the water
go through the branch. On the other hand, eddies and circulations which are resulted from the internal friction and compac-

tion will increase the flow velocity in the junction region (Fig.
8a). The residual tidal current is much higher in the branch and
junction than in the anabranch. Physical model experiments
show that a separation zone which combines with turbulence
and high velocity occurs in the branch and junction (Weber et
al., 2001; Hua and Gu, 2009). The variation of the residual tidal
current near the river island is likely associated with the similar
mechanism identified above. The variation of the mean water
level along the channel shows that it is remarkably decreased in
the branch and junction (Fig. 8b). It indicates that the water will
be banked up in this area, and it will lead to increase in barotropic pressure gradient over sub-tidal scale.
4.3 Energy budget
For estuary, the variation of the mechanical energy reflects
the dynamic response to the topography. The outlet is the typical landform unit in the ZRE, which is the pass between the
river networks and the estuarine bays. Because the width and
the sectional area decrease exponentially with the distance (Fig.
9a), the tidal channel on the upstream or downstream of the
outlet has the huge volumes of water and the tidal jet system
is very strong. Furthermore, the ratio of the kinetic energy to
the mechanical energy increases in Humen outlet (Fig. 9b). In
general, the equilibrium barotropic tides decayed within the
estuary, through both friction and nonlinear transfers of the energy. When the cross-sectional area of the channel changes, the
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energy of the form loss becomes dominant, in addition to the
frictional loss such as bottom stress. The form loss is accompanied by the turbulent mixing, the internal tide generation
and incomplete nonlinear interactions among tide and background flows (Takasugi et al., 1989; Foreman et al., 2004). Wu et
al. (2010) observed the dynamic structure of the Humen outlet,
suggesting the intensification of jet currents and pressure gradient due to the narrow constriction by the outlet. The barotropic
pressure resulting from the water surface gradient is enhanced
by the outlet, and the energy is dissipated by the inertial and
drag force.
The Huangmaohai estuary is located in the west of the ZRE,
and it is shaped like a trumpet. Similarly, the mechanical energy
decreases significantly in the Yamen outlet, which is mainly due
to the geomorphological setting (Fig. 10b). Another hotspot of
the energy dissipation in the Huangmaohai estuary is situated
near the meandering river from Shizui to Changsha, which con-

sists of two parts: an extreme curve with a great curvature and
a long straight river with a slight curve (Fig. 10a). For the meandering river, a high momentum fluid is converted towards the
outer bank where it is forced towards the channel bed creating
locally high bed shear stresses and the high energy dissipation.
The topography and dynamic features of the meandering river
change the energy distribution, increase the kinetic energy per
unit area, and decrease the proportion of the potential energy in
the mechanical energy (Fig. 10b).
In the river networks of the ZRE, there are lots of branches and junctions due to the river island and the reticular river
networks. In general, the cross-section area is much larger in
the branch and junction than that in the main stream (Fig. 11a).
This feature of the topography will decrease the flow velocity
and the kinetic energy per unit area. Besides, a lateral surface
slope and a transverse circulation may be formed by the backwater at the branch or the junction, and by the different drags
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among anabranches. As the water near the branch and junction
will be in concussion, extrusion and friction during flood and
ebb, it results in that the energy dissipation increases. Furthermore, the topographic feature has a significant influence on the
distribution of the mechanical energy. The potential energy is
the major part of the total energy, and its variation along the
channel is consistent with the sectional area (Fig. 11b).
5 Conclusions
A 3-D barotropic model, which covers the river networks
and the estuarine bays, is used to calculate the energy budget
under the influence of topography in the ZRE. The model has
been validated by the observed tidal elevation and discharge
collected in July 1999 and February 2001. It is paramount to
seeing that the model results of tide variables are in reasonable agreement with the observational data, suggesting that the
model is sufficiently robust to capture the physical dynamics
due to the barotropic tides and the river discharge in the ZRE.
The results show that the source of the energy in the ZRE is
mainly contributed by the tides and the river runoff, which has
an obvious seasonal change. The river networks energy fluxes
are mainly controlled by tides which come from the Lingding
Bay except the mainstream of the Xijiang River and the Beijiang
River in the dry season. In contrast, the river networks energy
fluxes are significantly contributed by the upstream river runoff, but the estuarine bays energy fluxes are still controlled by
the astronomical tides.
The topographic boundaries have a significant effect on the
energy flux and the energy balance in the ZRE. Because of the
contraction of the width and the cross-sectional area, the morphological boundary causes the concentration of the mechanical energy including the kinetic and potential energies, increases the energy flux per width and changes the distribution of the

most powerful marine forcing. There are some typical hotspots
which are linked with the SSDS and the morphological unit.
On the basis of the characteristics of the morphology and the
energy dissipation, the hotspots can be categorized into three
types: the outlet of the PRE, the meandering river, the branch
and junction.
It should be noted that the energy dissipation and balance
in this study are constructed on the base of the result in the
barotropic model. Although there are important baroclinic features associated with the tide such as wind-driven circulation
and thermohaline current in the ZRE, these flows have been
neglected by assuming a homogeneous density throughout
the model domain. Though we recognize the important role of
these features, this work attempts to provide a basis for heuristic studies of the ZRE in terms of the energy budget. Further
research into the energy balance in the ZRE requires a full 3-D
baroclinic simulation in the future.
References
Abdennadher J, Boukthir M. 2006. Numerical simulation of the barotropic tides in the Tunisian shelf and the Strait of Sicily. Journal
of Marine Systems, 63(3–4): 162–182
Bao Yun, Lai Zhigang, Liu Huan. 2005. Hydrodynamic connection calculation by a baroclinic model for 1-D river network and 3-D river estuary at Zhujiang River estuary. Journal of Tropical Oceanography (in Chinese), 24(4): 67–72
Barthel K, Gade H G, Sandal C K. 2004. A mechanical energy budget for
the North Sea. Continental Shelf Research, 24(2): 167–181
Chau K W, Jiang Y W. 2003. Simulation of transboundary pollutant
transport action in the Pearl River delta. Chemosphere, 52(9):
1615–1621
Chen Xiaoling, Lu Jianzhong, Cui Tingwei, et al. 2010. Coupling remote
sensing retrieval with numerical simulation for SPM study—Taking Bohai Sea in China as a case. International Journal of Applied
Earth Observation and Geoinformation, 12(S2): S203–S211

158

LIU Huan et al. Acta Oceanol. Sin., 2015, Vol. 34, No. 1, P. 148–158

Davies A M, Hall P, Howarth M J, et al. 2004. Tidal currents, energy flux
and bottom boundary layer thickness in the Clyde Sea and North
Channel of the Irish Sea. Ocean Dynamics, 54(2): 108–125
Dong Lixian, Su Jilan, Wong L A, et al. 2004. Seasonal variation and
dynamics of the Pearl River plume. Continental Shelf Research,
24(16): 1761–1777
Foreman M G G, Cummins P F, Cherniawsky J Y, et al. 2006. Tidal energy
in the Bering Sea. Journal of Marine Research, 64(6): 797–818
Foreman M G G, Sutherland G, Cummins P F. 2004. M2 tidal dissipation around Vancouver Island: an inverse approach. Continental
Shelf Research, 24(18): 2167–2185
Gill A E. 1982. Atmosphere-Ocean Dynamics. New York: Academic
Press, 76–82
Harari J, Camargo R. 2003. Numerical simulation of the tidal propagation in the coastal region of Santos (Brazil, 24°S 46°W). Continental Shelf Research, 23(16): 1597–1613
Hooke J M. 2007. Spatial variability, mechanisms and propagation of
change in an active meandering river. Geomorphology, 84(3–4):
277–296
Hu Jiatang, Li Shiyu. 2008. One-dimensional salinity and three-dimensional baroclinic coupled model for simulating the flow in
Pearl River Delta. Journal of Hydraulic Engineering (in Chinese),
39(11): 1174–1182
Hu Jiatang, Li Shiyu. 2009. Modeling the mass fluxes and transformations of nutrients in the Pearl River Delta, China. Journal of Marine Systems, 78(1): 146–167
Hua Zulin, Gu Li. 2009. Experiments of three-dimensional flow structure in braided rivers. Journal of Hydrodynamics, 21(2): 228–237
Jing Zhiyou, Qi Yiquan, Hua Zulin, et al. 2009. Numerical study on the
summer upwelling system in the northern continental shelf of
the South China Sea. Continental Shelf Research, 29(2): 467–478
Li Peiliang, Zhou Juan, Li Lei, et al. 2010. Tidal energy fluxes and bottom boundary layer energy dissipation in the Bering Sea. Journal
of Marine Science and Application, 9(3): 340–346
Liu Huan, Wu Chaoyu, Bao Yun. 2011. Energy flux and dissipation in
the Pearl River Estuary. Journal of Tropical Oceanography (in
Chinese), 30(3): 16–23
Mao Qingwen, Shi Ping, Yin Kedong, et al. 2004. Tides and tidal currents in the Pearl River Estuary. Continental Shelf Research,
24(16): 1797–1808
Mellor G L, Yamada T. 1982. Development of a turbulence closure model for geophysical fluid problems. Reviews of Geophysics and
Space Physics, 20(4): 851–875
Ning X, Chai Fei, Xue Huijie, et al. 2004. Physical-biological oceanographic coupling influencing phytoplankton and primary
production in the South China Sea. Journal of Geophysical Research, 109(C10): doi: 10.1029/2004JC002365
Scarlatos P D. 1993. Tidal energy dissipation in well-mixed estuaries.

Journal of Coastal Research, 9(4): 907–914
Seim H, Blanton J, Elston S. 2006. Tidal circulation and energy dissipation in a shallow, sinuous estuary. Ocean Dynamics, 56(3–4):
360–375
Smagorinsky J. 1963. General circulation experiments with the primitive equations: I. The base experiment. Monthly Weather Review,
91(3): 99–164
Stoesser T, Ruether N, Olsen N R B. 2010. Calculation of primary and
secondary flow and boundary shear stresses in a meandering
channel. Advances in Water Resources, 33(2): 158–170
Takasugi Y, Higo T, Fujiwara T. 1989. Energy balance of the tidal current
in the Obatake Seto Strait. Journal of the Oceanographical Society of Japan, 45: 24–33
Taylor G I. 1919. Tidal friction in the Irish Sea. Philosophical Transactions of the Royal Society of London, A220: 1–33
Wang Chonghao, Wai W H O, Li Y S, et al. 2006. Modelling of the
wave-current interaction in the Pearl River Estuary. Journal of
Hydrodynamics: Ser B, 18(3): 159–165
Weber L J, Schumate E D, Mawer N. 2001. Experiments on flow at a
90° open-channel junction. Journal of Hydraulic Engineering,
127(5): 340–350
Wong L A, Chen J C, Dong Lixian. 2004. A model of the plume front of
the Pearl River Estuary, China and adjacent coastal waters in the
winter dry season. Continental Shelf Research, 24(16): 1779–1795
Wong L A, Chen J C, Xue Huijie, et al. 2003a. A model study of the circulation in the Pearl River Estuary (PRE) and its adjacent coastal waters: 1. Simulations and comparison with observations. Journal
of Geophysical Research, 108(C5): doi: 10.1029/2002JC001451
Wong L A, Chen J C, Xue Huijie, et al. 2003b. A model study of the circulation in the Pearl River Estuary (PRE) and its adjacent coastal
waters: 2. Sensitivity experiments. Journal of Geophysical Research, 108(C5): doi: 10.1029/2002JC001452
Wu Chaoyu, Wei Xing, Ren Jie, et al. 2010. Morphodynamics of the rockbound outlets of the Pearl River estuary, South China—A preliminary study. Journal of Marine Systems, 82(S1): S17–S27
Wu Chaoyu, Wu Jiaxue. 1994. Small scale dynamic structures and their
sedimentation effects in estuarine environment. In: Arcilla A S,
Stive M J F, Kraus N C, eds. Coastal Dynamics ‘94, Proceedings of
an International Conference on the Role of the Large Scale Experiments in Coastal Research. New York: ASCE, 158–174
Wu Chaoyu, Zhou Di. 2001. Long-term morpho-dynamics in special
type of estuary. Science in China: Series B, 44(S1): 112–125
Zhang Heng, Li Shiyu. 2010. Effects of physical and biochemical processes on the dissolved oxygen budget for the Pearl River Estuary
during summer. Journal of Marine Systems, 79(1–2): 65–88
Zhong Liejun, Li Ming. 2006. Tidal energy fluxes and dissipation in the
Chesapeake Bay. Continental Shelf Research, 26(6): 752–770

Acta Oceanol. Sin., 2015, Vol. 34, No. 1, P. 159–161
DOI: 10.1007/s13131-015-0607-x
http://www.hyxb.org.cn
E-mail: hyxbe@263.net

3-D observations of a red tide event in the offshore water along
the western Guangdong coast
XIE Lingling1, CHEN Qingxiang1, HU Jianyu2*, ZHANG Shuwen1, YI Xiaofei1, CHEN Fajin1,
DENG Rui1, DENG Xiaodong1, WANG Jing3, QI Yiquan4
1

Guangdong Province Key Laboratory for Coastal Ocean Variation and Disaster Prediction Technologies,
Guangdong Ocean University, Zhanjiang 524088, China
2 State Key Laboratory of Marine Environmental Science, Xiamen University, Xiamen 361102, China
3 Guangdong Key Laboratory for Urbanization and Geo-simulation, School of Geography and Planning,
Sun Yat-sen University, Guangzhou 510275, China
4 State Key Laboratory of Tropic Oceanography, South China Sea Institute of Oceanology, Chinese Academy
of Sciences, Guangzhou 510301, China
Received 10 December 2014; accepted 19 December 2014
©The Chinese Society of Oceanography and Springer-Verlag Berlin Heidelberg 2015

Abstract
From November 24 to 26, 2014, a red tide event occurred in the offshore water off the Hailing Island located
at the western Guangdong coast. The red tide appeared as pink strips distributed within 3 km in the offshore
water and extended for about 10 km along the shoreline. During the flood tide, the pink seawater rushed to
the beach with breaking waves, forming foam strips on the beach. Guangdong Province Key Laboratory for
Coastal Ocean Variation and Disaster Prediction Technologies, Guangdong Ocean University, emergently
responded to the event and organized three-dimensional observations from the air, onboard and on beach.
The preliminary analyses of the cruise data and water samples indicate that the event was induced by nontoxic Noctiluca scintillans, of which the concentration reaches as high as 4 200 cells/L near the surface and
2 600 cells/L at the bottom.
Key words: red tide, Noctiluca scintillans, marine pollution, Hailing Island, South China Sea
Citation: Xie Lingling, Chen Qingxiang, Hu Jianyu, Zhang Shuwen, Yi Xiaofei, Chen Fajin, Deng Rui, Deng Xiaodong, Wang Jing,
Qi Yiquan. 2015. 3-D observations of a red tide event in the offshore water along the western Guangdong coast. Acta Oceanologica
Sinica, 34(1): 159–161, doi: 10.1007/s13131-015-0607-x

1 Introduction
Red tide is a kind of algal bloom in the ocean caused by
particular species of phytoplankton concentrated in seawater
(Gregg and Pamela, 2009). Toxic red tides are natural disasters
for the coastal ocean ecosystem, aquaculture and human activities (Anderson, 1997; Xu et al., 2014).
Historically, along the Guangdong coastal water of the
northern South China Sea, the red tide normally occurred in
spring from March to May (Wang and Tang, 2010). In recent
years, however, red tide events have increased, in particular in
winter (Tang et al., 2004; Wang et al., 2008; Wu and Ma, 2008).
During a field survey along the coastal line of the Silver Beach of
the Hailing Island, which is located at the western Guangdong
coast, on November 24, 2014, we found that large strips of red
tide appeared in the offshore water and rushed to the beach.
The blooded strips extended for about 10 km from the coastal
water near the Dajiao Horn to that of the Gulao Mountain, and
reddish foams piled up on the beach as shown in Fig. 1. The red
tide event lasted for three days from November 24 to 26, 2014.
In order to investigate the horizontal and vertical distributions as well as marine environmental conditions for the red
tide event, we did simultaneous three-dimensional (3-D) observations, using hand-held photography, cruise measurement
and unmanned helicopter observation. Here, we report the preliminary observation and analysis results.

2 Cruise observation
A combined physical and biochemical cruise was conducted
onboard vessel Yueyangjiang 80438 in the coastal water off the
Hailing Island on November 26, 2014 along a U-shaped section
of Seven stations as shown in Fig. 2. The measurement started
from Sta. H01 at 11:07 am (local time) and ended at Sta. H07
at 3:24 pm. The observation time was corresponding to a flood

Fig. 1. The red tide flooded on the Silver Beach of Hailing
Island, located at the western Guangdong coast, pictured
on November 24, 2014.
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characters “DJ” and “GL” indicating Dajiao Horn and Gulao Mountain. The rectangular box represents the location of cruise survey
region on right hand side.
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Fig. 3. The distributions of concentration of Noctiluca scintillans and the temperature and salinity at the surface and the bottom off
the Hailing Island located at the western Guangdong coast.
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of the weight-averaged 4-m velocity is 2.0 cm/s. The concentrations of algal species and biochemical parameters, including
chlorophyll a, pH, phosphate, silicate, nitrate and nitrite, were
measured from water samples in the laboratories of College of
Ocean and Meteorology, Guangdong Ocean University (GDOU).
The water sample analysis results indicate that nontoxic
Noctiluca scintillans is the main species inducing this red tide
event. The concentration reaches as high as 4 200 cells/L near
the surface as shown in Fig. 3. One can see that at the bottom,
the highest concentration still reaches 2 600 cells/L and appears
on the deepwater side. Meanwhile, the results show the rang-

Temperature/°C

tide period, when the red tide was moving shoreward. At each
station, water samples were taken from the surface to the bottom with a 5-m interval. Meanwhile, a conductivity-temperature (CT) sensor CT SBE37 was used to simultaneously measure
the temperature and salinity data. The accuracy and precision
of the CT sensor are 0.001 for the salinity and 0.002°C for the
temperature, respectively. An onboard 300 kHz acoustic Doppler current profiler (ADCP) manufactured by RD Instruments
Inc. was used to measure current velocity profiles as the vessel
stopped. The vertical interval of ADCP measurements was set to
1 m, and the sampling time interval was set to 30 s. The accuracy
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es of the temperature and the salinity for the observed red tide
were 23.95–24.20°C and 30.4–31.6, respectively. The high red
tide concentration strips with fine wavelike structure were generally parallel to the coastal line as shown in Fig. 4.
3 Unmanned helicopter observation
An unmanned helicopter equipped with real-time-transmitted video camera designed by engineers of GDOU was launched
to monitor the red tide event. When helicopter flying over the
red tide area, high-resolution digital images with fine structure
and positioning information of the red tide on the sea surface
were continuously transmitted to the ground data processing
equipment as shown in Fig. 5.
4 Concluding remarks
Three-dimensional observations from the air, onboard
and on beach were conducted to investigate the red tide event
during the period from November 24 to 26, 2014 in the offshore
waters of the Hailing Island at the western Guangdong coast.
Preliminary analysis results indicate that the event covering an
area of about 10 by 3 km was induced by nontoxic Noctiluca
scintillans. The concentration reaches as high as 4 200 cells/L
near the surface and 2 600 cells/L at bottom. The ecological environmental conditions for the red tide occurrence including
physical and biochemical parameters were collected.
Further analysis of the data and water samples will be done
by the continued efforts.

Fig. 4. Red tide strip photograph taken onboard as
cruise observation.

Fig. 5. Unmanned helicopter developed by GDOU flying over the offshore water near the Hailing Island for
monitoring of the red tide on November 25, 2014. Inset
shows the red tide image taken and real-time transmitted to the ground by the unmanned helicopter.
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